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Resumo

LEONARDO, Noele Franchi, D.Sc., Universidade Federal de Viçosa, junho de 2019.
Ciclo Biogeoquímico marinho no Último Máximo Glacial e no Interglacial Ma-

rine Isotope Stage 11c. Orientador: Flávio Barbosa Justino.

As flutuações atmosféricas das concentrações de CO2 têm sido fortemente correla-

cionadas com o clima em escalas de tempo de milhões de anos, ou causadas, ou

pelo menos, amplificando as mudanças climáticas. Este estudo procurou investigar

a relação entre as mudanças nas forçantes orbitais, concentração de CO2 e topogra-

fia no ciclo biogeoquímico marinho. Para isso foi utilizado o modelo UVic ESCM

versão 2.9, que é um modelo de complexidade intermediária acoplado para simu-

lar o clima médio no Último Máximo Glacial (LGM) e Interglacial Isotope Marine

Stage 11c (MIS11c). Com relação às simulações, o modelo UVic foi capaz de re-

presentar satisfatoriamente as condições climáticas atuais (PD), com boa correlação

e baixos valores de erro quadrático médio. Para paleoreconstruções, mesmo com

a baixa disponibilidade de dados, principalmente para o Interglacial MIS11c, boa

concordância com outros estudos foram encontradas. Com a adição da topografia

ICE6G, a temperatura média no LGM foi de aproximadamente 5 °C mais fria do

que encontrada nos dias atuais, houve modificação na circulação atmosférica, es-

pecialmente nas regiões do Atlântico e do Pacífico Norte. Diferenças significativas

foram encontradas na comparação entre duas topografias para o LGM; ICE6G e

ICE4G. Aquecimento de aproximadamente 3 ° C no Atlântico Norte, como resul-

tado do aumento da concentração de gelo na América do Norte para a topografia

ICE6G, provavelmente causada por subsidência ao sul e leste da anomalia topográ-

fica. Anomalias positivas e negativas variam amplamente para o padrão de fluxo

Evaporação-Precipitação (E-P), com a atmosfera mais fria e mais seca levando a

uma redução na precipitação de LGM nas regiões da Europa. Mudanças na tem-

peratura da superfície do mar e salinidade e fluxos de E - P levam a mudanças

no sistema de carbonato oceânico, resultando em um aumento geral na alcalini-

dade total e uma redução nas concentrações totais de carbono dissolvido (TCO 2)

em LGM em relação ao PD. Esta é uma consequência da baixa concentração de
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CO 2 e do aumento nas concentrações de carbonato de cálcio (CO3−
2 ) levando ao

aumento do pH oceânico. Mudanças na intensidade da Circulação de Revolvi-

mento Meridional entre os períodos glacial e interglacial levaram a mudanças nos

padrões de circulação oceânica, diminuindo sua intensidade no Último Máximo

Glacial em relação ao PD e MIS11c. A resposta do ciclo biogeoquímico ao LGM e

MIS11c simulado para o Oceano Austral mostrou um grande aumento na superfí-

cie de oxigênio a partir de 55 °S e uma diminuição na Antártica (particularmente

no Mar de Weddell). Análises de nitrato (NO−

3 ), fosfato (PO3−
4 ), TCO2 e alcalini-

dade total (TA) mostram que elas estão intimamente ligadas a variações em CO2

concentrações entre atmosfera e superfície oceânica, assim como a disponibilidade

de sedimentação do CaCO3.
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Abstract

LEONARDO, Noele Francho, D.Sc., Universidade Federal de Viçosa, June, 2019.
Marine Biogeochemical Cycle for Last Glacial Maximum and Marine Isotope
Stage 11c. Advisor: Flávio Barbosa Justino.

Atmospheric CO2 fluctuations have been highly correlated with climate on mil-

lion years time scales, or caused or at least amplified, the climatic changes. This

thesis sought to investigate the relationship between orbital forcings and different

concentrations of CO2 in the marine biogeochemical carbon cycle. For this, we

used the model UVic ESCM version 2.9, which is a coupled model to simulate the

average climate in the Last Glacial Maximum (LGM) and Interglacial Marine Iso-

tope Stage 11c (MIS11c). Regarding the simulations, the UVic model was able to

satisfactorily represent the current climate conditions (PD), with a good correla-

tion and low mean square error values. For paleoreconstructions, even with the

low availability of in-situ data to compare, especially for MIS11c, good concordan-

ces with other studies were found.Results indicate enhanced cooling in northern

North America in the ICE6G compared to the ICE4G simulation due to the lapse

rate effect. The decrease of -24°C in the surface temperature in the ICE6G relative

to the PD led to a modification of the atmospheric circulation, mainly in the Atlan-

tic and North Pacific region. Significant differences were found in the comparison

between two topographies for LGM; ICE6G and ICE4G. Warming of approxima-

tely 3 °C in the North Atlantic, as a result of the increased concentration of ice in

North America for the ICE6G topography, probably caused by air subsidence to

the south and east of the topography anomaly. Positive and negative anomalies

vary widely for the Evaporation-Precipitation flow pattern( E - P), with the cooler

and drier atmosphere leading to a reduction in LGM precipitation in the regions

of Europe. Changes in sea surface temperature and salinity and E - P fluxes lead

to changes in the ocean carbonate system, resulting in an overall increase in total

alkalinity and a reduction in total dissolved carbon concentrations (TCO2) in LGM

in relation to the PD. This is a consequence of the low concentration of CO2 and the



xiii

increase in calcium carbonate concentrations (CO3−
2 ) leading to increased oceanic

pH. Changes in the intensity of the Meridional Overturning Circulation between

the glacial and interglacial periods led to changes in oceanic circulation patterns,

decreasing their intensity in the Last Glacial Maximum relative to PD and MIS11c.

The response of the biogeochemical cycle to the simulated LGM and MIS11c for

the Southern Ocean showed a large increase in surface oxygen from 55 °S and a

decrease in western Antarctica (particularly in the Weddell Sea). Analyzes for ni-

trate (NO −

3 ), phosphate (PO3−
4 ), TCO2 and total alkalinity (TA) show that they are

closely linked to variations in CO 2 concentrations between atmosphere and ocean

surface as well as CaCO3 sedimentation availability



Capítulo 1

Introdução

Nos últimos 2.5 milhões de anos o clima se diversificou em períodos glaciais e

interglaciais. Os períodos glaciais são mais frios, substancialmente mais secos e

com o aumento dos mantos de gelo em comparação com os períodos interglaciais

(Rahmstorf, 2002; Clark et al., 2009; Sigman et al., 2010). Já os períodos interglaciais,

são consideravelmente mais quentes e em alguns casos, ocorre a diminuição dos

mantos de gelo (Melles et al., 2012; Coletti et al., 2015). As mudanças entre os pe-

ríodos frios e quentes tem como principais causas: oscilações nas forçantes orbitais

e mudanças nas concentrações de CO2 (Li et al., 1998; Weaver et al., 1998). Estima-

se que as concentrações de CO2 tem variado em cerca de 50-100 ppm durante os

períodos glaciais e interglaciais nos últimos 800.000 ky (Bereiter et al., 2015).

Os motivos que promoveram a transição de períodos glaciais para interglaci-

ais não são bem conhecidos. Nesse sentido, variações na topografia do Hemisfério

Norte(Peltier, 1994, 2004; Peltier et al., 2015; Argus et al., 2014) e oscilações orbitais

(Kutzbach and Guetter, 1986) tem sido apontados como uma das principais causas.

Uma das explicações mais aceitáveis sobre a queda abrupta das concentrações de
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CO2 nos períodos glaciais, envolve a biogeoquímica marinha e a sua interação com

a circulação oceânica (Sigman and Boyle, 2000), que induzem substanciais altera-

ções na distribuição global dos campos de vento (Toggweiler et al., 2006; Muglia

and Schmittner, 2015) e no nível médio dos mares (Kopp et al., 2009; Ren et al.,

2017; Glock et al., 2018) e modificações tanto na magnitude, como na profundi-

dade da Corrente de Revolvimento Meridional Global (MOC; (Ganachaud, 2003;

Schmittner et al., 2007).

Entre os períodos glaciais, o Último Máximo Glacial (LGM) é considerado com

a máxima cobertura de gelo (Lowell et al., 1995). O LGM ocorreu há cerca de 20.000

anos atrás e é considerado o período com menor nível do mar do quaternário, cerca

de 135 m abaixo do encontrado hoje. O clima do LGM era seco com formação

de grandes desertos, diminuição das florestas e concentrações de CO2 perto dos

185ppm (Mix et al., 2001; Clark et al., 2009).

Dentre os interglaciais que ocorreram no Pleistoceno, destacam-se os Marine

Isotope Stage (MIS) 1 (∼11 ka BP), 5e (∼127 ka BP), 11c (∼409 ka AP) e o 31 (∼1.072

ka BP), por serem considerados os mais quentes (Melles et al., 2012). O MIS11c

foi um interglacial que ocorreu aproximadamente 428-383 kyr ( 45 mil anos) onde

a forçante solar foi a mais longa registrada nos períodos interglaciais e gerou um

calor intenso na região do Ártico (Melles et al., 2012). As concentrações de CO2

eram de aproximadamente 285ppm e vem recebendo atenção por ser possivelmente

análogo ao presente e futuras mudanças naturais no clima (Tzedakis, 2010).

Durante os períodos interglaciais essa capacidade dos oceanos em absorver CO2

é diminuída em relação aos períodos glaciais, isso devido a solubilidade do CO2

em águas mais frias ser maior (Broecker, 1982). Buchanan et al. (2016) apontam que
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a resposta biogeoquímica dos oceanos no LGM, está atrelado com o aumento da

salinidade e diminuição da temperatura, levando à um aumento na concentração

de nutrientes (ie. nitrato, fosfato, sílica) e da alcalinidade total, reduzindo assim as

concentrações de CO2 atmosférico.

Já Kohfeld et al. (2005), sugere que os processos biológicos nos oceanos contri-

buem menos do que a metade nas variações das concentrações de CO2 atmosférico

entre os períodos glaciais e interglaciais, estando estes, vinculados à processos fí-

sicos de circulação oceânica e formação de massas d’água. Estudos apontam que

o aumento da ressurgência no LGM em relação aos períodos interglaciais, levou a

um excesso nas concentrações de nutrientes, elevando as condições de alto nitrato

- baixa clorofila (em inglês High-nitrate low-chlorophyll) (Farrell et al., 1995; Kohfeld

et al., 2005).

Desde que o oceano, em razão da sua inércia térmica, atua como regulador

do clima terrestre e também como causa da variabilidade natural do clima, a sua

maior capacidade de estocar CO2, promove o equilíbrio das concentrações de CO2

com a atmosfera em escalas glaciais-interglaciais. Afetando o sistema climático não

só através da troca de energia, mas também pelo seu importante papel no ciclo

biogeoquímico, mantido pelas trocas gasosas com a atmosfera (Adkins, 2013).

Em resumo, muitas mudanças tem sido observada ao longo dos milhares de

anos nas propriedades oceânicas relacionadas com o clima, incluindo mudanças

na temperatura, salinidade, nível do mar, pH, concentração de carbono e oxigênio.

Esses padrões observados são consistentes com as mudanças na órbita da Terra e

nas concentrações de CO2. Então, descobrir e entender as relações entre o clima

e as relações ecossistêmicas do passado é de fundamental importância para se en-
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tender e possivelmente prever as mudanças no clima futuro. Além disso, as atuais

preocupações com o aumento das concentrações de gases do efeito estufa, em es-

pecial o CO2 e seu efeito principalmente nos oceanos, tem alavancado um leque

de pesquisas sobre o tema. Assim, os estudos de climas extremos do passado,

tem um importante papel no entendimento da variabilidade natural do clima e a

sensibilidade dos modelos às forçantes climáticas.

Na tentativa de se entender melhor as condições climáticas do Último Máximo

Glacial e a sua relação com o ciclo biogeoquímico do carbono oceânico, utilizou-se

estudar o efeito direto da influência de diferentes topografias do LGM. Foi pro-

posto então, disponibilizar um estudo sobre o ciclo biogeoquímico marinho, prin-

cipalmente com o aprimoramento da inserção da nova topografia disponível por

Argus et al. (2014); Peltier et al. (2015) ICE6G do período do LGM em um modelo

climático do sistema terrestre. Assim como, procurou-se compreender o compor-

tamento do Oceano Austral frente à dois extremos climáticos; o Último Máximo

Glacial (com a topografia ICE6G) e o interglacial MIS11c. O MIS11c é um intergla-

cial ainda pouco estudado, principalmente em suas feições climáticas oceânicas.

1.1 Apresentação da Tese

Foi utilizado para esse estudo o modelo físico - biogeoquímico UVic ESCM (2.9

(Weaver et al., 1998; Eby et al., 2013) objetivando entender os diferentes proces-

sos que levaram à mudanças no ciclo biogeoquímico oceânico em duas diferentes

eras, o MIS11c e o LGM. Seguindo a Introdução, apresenta-se os objetivos, a fun-

damentação teórica, a descrição o modelo UVic ESCM, os artigos submetidos e as
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conclusões gerais com as limitações e as perspectivas futuras.

1.2 Objetivos

O objetivo geral desse trabalho é estudar o comportamento do ciclo biogeoquímico

dos oceanos de acordo com as mudanças orbitais, concentração do CO2 e topografia

do Último Máximo Glacial. Foco também é dado ao entendimento do clima e do

ciclo biogeoquímico marinho do carbono durante o Marine Isotope Stage 11c.

1.2.1 Objetivos Específicos

Esse trabalho teve como objetivos específicos:

1) Analisar as diferenças do impacto das diferentes topografias para o clima

do LGM; ICE4G (Peltier, 1994), ICE5G (Peltier, 2004) e ICE6G (Argus et al., 2014;

Peltier et al., 2015); e como os oceanos reagem à essas diferenças.

2) Investigar o impacto da forçante orbital e da concentração do CO2 no Inter-

glacial Marine Isotope Stage 11c no Oceano Austral.

1.3 Fundamentação Teórica

1.3.1 Forçantes Orbitais e Mudanças Climáticas

A principal evidência que relaciona o clima da Terra às alterações nas forçantes

orbitais são provenientes de registros marinhos sedimentares de foraminíferos, a

partir de isótopos de oxigênio. As flutuações nos registros são em grande parte,

devido ao crescimento/diminuição do volume de gelo e da temperatura oceânica
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(Shackleton and Pisias, 2013; Broecker, 1986). O clima da Terra é dirigido tanto por

forçantes internas como externas, como os parâmetros orbitais de Milankovitch,

que considera as mudanças orbitais da Terra.

A Teoria de Milankovitch (Berger, 1980), estabelece que as variações da órbita

e da rotação da Terra controlam a intensidade dos efeitos da insolação de acordo

com a latitude, divididos em: Excentricidade, Obliquidade e Precessão (Figura 1.1).

Figura 1.1: Ciclos de Milankovitch. Adaptada de Zachos et al. (2001).

A excentricidade da órbita da Terra ao redor do Sol oscila entre elíptica e quase

circular em um período de aproximadamente 100.000 anos (Figura 1.1). Seu valor

atual está ao redor 0.0167, no entanto, varia entre 0.0034 e 0.058. Essas oscilações,

de mais elíptica para circular, são de fundamental importância para os processos de

glaciação, alterando a distância entre o Sol e a Terra. Aumentando ou diminuindo

a distância em que a radiação de ondas curtas, proveniente do Sol, percorre para

chegar à Terra reduzindo ou aumentando a quantidade de radiação recebida na

superfície em diferentes estações do ano.

O ciclo de obliquidade está relacionado com o ângulo entre o seu eixo rotaci-

onal e o seu eixo orbital (eixo perpendicular a eclíptica) (Figura 1.1). Oscila em

aproximadamente a cada 41 mil anos, e está relacionado com a inclinação do eixo

da Terra, sendo o seu efeito maior nas regiões polares. Seu valor atual é de 23.4°,
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variando entre 22° e 24.5°. A menor inclinação do eixo resulta em uma distribuição

mais uniforme da radiação solar entre o inverno e o verão, no entanto, aumenta a

diferença entre as regiões polares e equatoriais.

Já o ciclo da precessão, cujo o período é de cerca de 22 mil anos, leva a variações

na distância entre a Terra e o Sol, sendo esta maior no Equador e menor nos polos.

A precessão é a lenta oscilação da Terra em torno do seu eixo, devido a rotação da

Terra, o eixo terrestre não se alinha à eclíptica, precessiona em torno dele, variando

a sua direção entre as entre as estrelas Polaris e Vega (Figura 1.1). O ciclo da

precessão leva à um deslocamento dos equinócios, conhecido como precessão dos

equinócios. Atualmente a Terra está mais próxima ao sol em janeiro e mais afastada

em julho e o inverso deve ocorrer em aproximadamente 11.000 anos.

1.3.2 Períodos Glaciais e Interglaciais

O principal mecanismo forçado pelos parâmetros orbitais é a quantidade de insola-

ção recebida pela Terra. Se a insolação no verão for maior (menor) o derretimento

das calotas de gelo deverá ser maior (menor). O menor grau de obliquidade resulta

em um inverno mais quente e um verão mais frio, no qual, o ar mais aquecido no

inverno, é capaz de reter mais umidade e produzir mais neve, e o verão menos frio

resulta em uma diminuição do derretimento de gelo. Essa combinação leva à uma

era glacial, devido ao feedback do albedo do gelo, levando à um maior crescimento

dos mantos de gelo. O inverso também é verdadeiro, se existe um contraste entre

as estações, inverno mais frio e verão mais quente, leva a redução do volume de

gelo, com o consequente aquecimento, encaminhando para um período interglacial

(Hartmann, 2015).
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Acredita-se que uma mudança na distribuição sazonal da radiação solar, in-

duzida por parâmetros orbitais seja responsável pelo início do Último Máximo

Glacial (Last Glacial Maximum) aqui referido como LGM. No entanto, os valores

dos parâmetros orbitais do LGM não eram tão diferentes dos valores atuais (Tabela

1.1, adaptada do Paleoclimate Modelling Intercomparison Project - PMIP). De acordo

com Broccoli and Manabe (1987), apenas as variações nos parâmetros orbitais não

podem explicar o clima do LGM e sim a junção com outros fatores físicos. A redu-

ção drástica da concentração do CO2 atmosférico de cerca de 100 ppm do que no

período pré-Industrial, aparece como sendo uma das principais forçantes respon-

sáveis pelo resfriamento do LGM (Raynaud et al. 1983).

Tabela 1.1: Parâmetros orbitais para o LGM e para a era pré-industrial (adaptada

do Paleoclimate Modelling Intercomparison Project – PMIP)

LGM Pré-Industrial

Excentricidade 0.018994 0.016724

Obliquidade 22.949° 23.446°

Precessão 114.42° 102.04°

CO2 185 ppm 280 ppm

A principal característica do LGM foi à formação de grandes mantos de gelo

sobre os continentes e os oceanos, que cobriram grande parte do Hemisfério Norte,

como a América do Norte, norte da Europa e Ásia, promovendo grandes alterações

do clima na Terra na época, como secas, desertificações e uma drástica queda no

nível médio dos mares. As maiores mudanças foram encontradas no Hemisfério

Norte, onde a cobertura de gelo proporcionou uma migração da frente oceânica po-

lar e grandes blocos de gelo para o Equador, chegando em aproximadamente 45°N,
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cobrindo praticamente todo o atlântico norte nas altas latitudes durante o inverno.

Resultou em uma vasta região da superfície terrestre coberta por gelo e tundra

(120°W a 90°E e ao norte de 45°N), alterando significativamente a temperatura em

todo o planeta.

Estudos com a utilização de modelagem numérica acoplados atmosfera-oceano,

para reconstruir as condições de contorno do LGM realizados por Yanase and Abe-

Ouchi (2007); Clark et al. (2009); Chavaillaz et al. (2013), apontam a maior forçante

para o balanço de energia no topo da atmosfera foi o decréscimo da concentração

de CO2 , de 300 ppm para 200 ppm , enquanto que a menor contribuição veio da

mudança do albedo das áreas continentais não cobertas por neve. Weaver et al.

(1998); Shin et al. (2003) mostraram que houve um resfriamento moderado de 3°C

sobre o continente e de 2°C sobre os oceanos e nos sub-trópicos, um resfriamento

de 2 a 2.5°C; em latitudes médias uma redução de 8°C. A circulação termohalina

no LGM foi mais rasa e mais fraca do que a encontrada atualmente e a circulação

de Hadley foi fortalecida em razão do maior gradiente meridional de temperatura,

assim como o transporte meridional de calor.

Dentre os interglaciais que ocorreram no Pleistoceno, destacam-se os Marine

Isotope Stage (MIS) 1 (∼11 ka AP), 5e (∼127 ka AP), 11c (∼409 ka AP) e o 31 (∼1.072

ka AP), por serem considerados os mais quentes (Melles et al., 2012). O MIS11c

foi consideravelmente o mais longo entre eles (∼ 380 e 423 ka), e é caracterizado

pela baixa excentricidade e obliquidade. Foi marcado por intensas anomalias de

insolação no verão (comparadas ao período pré-industrial) em torno de +45 55Wm2

, levando à um intenso aquecimento em todo Ártico (Melles et al., 2012; Coletti

et al., 2015). As concentrações de CO2 eram de aproximadamente 285ppm e vem
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recebendo atenção por ser possivelmente análogo ao presente e futuras mudanças

naturais no clima (Tzedakis, 2010). Evidências apontam uma redução na espessura

de gelo na Groelândia (Melles et al., 2012; Raymo and Mitrovica, 2012; Coletti et al.,

2015).

Tabela 1.2: Parâmetros orbitais para o MIS11c e para a era pré-industrial (adaptada

de Melles et al. (2012); Raymo and Mitrovica (2012)

MIS11c Pré-Industrial

Excentricidade 0.01932 0.016724

Obliquidade 23.78° 23.446°

om Precessão 277.67° 102.04°

[CO2] 285ppm 280 ppm

O MIS11c foi identificado através de registros sedimentares do Lago El’gygytgyn,

situado no extremo nordeste da Sibéria, cerca de 100km do círculo do Ártico, cri-

ado a partir da queda de um meteorito de 3.6 Ma ± 0.04 Ma atrás (Layer, 2000) e

contem os mais longos registros terrestres do clima do Ártico, devido a sua bacia

nunca ter sido coberta por calotas de gelo do Quaternário (Melles et al., 2012; Co-

letti et al., 2015). As análises das reconstruções do Lago El’gygytgyn apontam que

os valores precipitação e da temperatura eram de °5C e 300mm respectivamente

superiores aos do encontrado no Holoceno (Melles et al., 2012; Coletti et al., 2015).

Melles et al. (2012) inferiram que devido o recuo do gelo do oeste da Antártica

(West Antarctic Ice Sheet; WEIS) possibilitou pertubações na circulação termohalina

com significantiva mudança no nível médio dos mares, ampliando assim o extremo

e prolongado aquecimento no Ártico durante o MIS11c.
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1.3.3 Ciclo do Carbono nos Oceanos

A assimilação de como o carbono se comporta quando é absorvido ou liberado

dos oceanos, é a base fundamental para o entendimento das variações do sistema

carbonático oceânico em diferentes escalas de tempo. Ele é caracterizado por uma

série de equilíbrios, descritos abaixo.

Assim que o CO2 é absorvido na água do mar ele forma o composto H2CO3

que por sua vez depende da constante de dissociação (K1), liberando íons de H+ e

de bicarbonato (HCO−

3 ), se dissociando novamente de acordo com a constante K2

em íons de 2H+ e carbonato (CO2−
3 ) (eq. 3.1.) As constantes de dissociação K1 e K2

são dependentes na temperatura e salinidade (Millero, 1979).

CO2 + H2O→H2CO3
K1
↔ H+ + HCO−

3
K2
↔ 2H+ + CO2−

3 (1.1)

Variações nas pCO2 na superfície dos oceanos são determinadas pela tempera-

tura da superfície do mar (SST), salinidade (SSS), carbono inorgânico dissolvido

(TCO2, soma dos compostos inorgânicos como: H2CO3, HCO− e CO2−
3 ) e alcalini-

dade (TA) e estão descritos na equação 1.2.

pCO2 ∼
K2

K0K1

(2TCO2 − TA)2

TA − TCO2
(1.2)

Onde K0 é a constante de solubilidade do CO2. As concentrações de TA são

dependentes apenas da bomba biológica, enquanto que o TCO2 depende também

da bomba de solubilidade.

Variações nessas propriedades, e portanto na pCO2, são derivadas da interação
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de processos físicos, químicos e biológicos. Esses mecanismos são conhecidos como

bombas de carbono ("Carbon Pumps"), que desempenham um papel fundamental

na redistribuição do carbono entre a superfície e o fundo marinho. As bombas

de carbono são divididas em 2; Bomba Biológica e a Bomba de Solubilidade. A

Bomba Biológica, engloba as bombas do carbonato e a microbiológica e são influ-

enciadas pela disponibilidade de luz, nutrientes e produção primária. A bomba

de solubilidade envolve diferenças de temperatura, salinidade e cobertura de gelo

(Toggweiler et al., 2003).

A troca de CO2 depende da diferença de pCO2 entre a atmosfera e os oceanos.

A pCO2 oceânica por sua vez, depende do TCO2 e da TA (Eq. 1.2). As bombas de

carbono então, tem a função transportar o carbono orgânico (Corg) e o carbonato

de cálcio (CaCO3), do momento da produção na superfície para as camadas mais

profundas dos oceanos, onde eles irão remineralizar lentamente e se dissolver. Am-

bas as bombas alteram as concentrações de TCO2 e de TA na superfície oceânica,

afetando assim a pCO2 (Jansen, 2017).

Os efeitos das bombas de carbono sobre o sistema carbonato dos oceanos, po-

dem ser descritos em termos das variações de TA e TCO2 (Figura 3.12). O (Corg)

que é produzido na superfície pela fotossíntese, é exportado para o fundo oceânico,

assim como o CaCO3, produzido por organismos calcários. O Corg e CaCO3 pos-

suem efeitos opostos; enquanto que o Corg remove o TCO2, o pH e as concentrações

de CO2−
3 aumentam, ao mesmo tempo que a pCO2 diminui nas águas superficiais.

O CaCO3 por outro lado, remove a TA, diminui o pH e as concentrações de CO2−
3 ,

elevando assim a pCO2 da superfície oceânica. A maior dissolução do CaCO3 do

que a sua formação, provoca o aumento do pH, a diminuição da pCO2 em super-
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fície, aumentando assim a capacidade dos oceanos em absorver CO2 atmosférico

(Zeebe and Wolf-Gladrow, 2001).

Figura 1.2: Efeito da formação e dissolução do CaCO3 na alcalinidade total, TCO2
e na pCO2 oceânica. Adaptada de (Zeebe and Wolf-Gladrow, 2001; Sigman and
Boyle, 2000).

As concentrações de TCO2 e TA no oceano profundo, também são afetadas pela

precipitação do CaCO3, resultando na diminuição das concentrações de CO2−
3 . Esse

processo, está relacionado com a produção de carbono orgânico na superfície que

libera TCO2 através da atividade microbiológica nos processos de oxidação (Volk

and Hoffert, 1985). Todos esses processos então, afetam as taxas de deposição do

CaCO3 no sedimento oceânico, que por sua vez, altera a capacidade dos oceanos

de absorver ou liberar CO2 da/para atmosfera (seta horizontal).

Todas as bombas de carbono são sensíveis as mudanças climáticas em diferentes

graus e aspectos, sendo um dos mecanismos mais importantes para se explicar as

oscilações de pCO2 durante as eras glaciais/interglaciais (Reid et al., 2009; Sigman

and Boyle, 2000; Sigman et al., 2010).
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1.4 Descrição do Modelo

1.4.1 UVic ESCM

A maioria dos modelos climáticos do sistema terrestre (ESCM), possuem uma ar-

quitetura única para todas as suas componentes, em diferentes processos de aco-

plamento, no entanto, torna os modelos menos independentes. Algumas interfaces

novas dos modelos do sistema climático terrestre faz uso de acopladores, podendo

assim ser utilizado em vários processos de modelagem e em vários grupos, como

é o caso do Uvic ESCM (Fig. 1.3).

O UVic ESCM (University of Victoria – Earth System Climate Model; (Weaver

et al., 1998), é um modelo de complexidade intermediária do sistema climático ter-

restre. Inclui em suas componentes (Fig. 1.3) um modelo de circulação geral oceâ-

nica 3D baseado na versão 2 do “Modular Ocean Model” (Griffies et al., 2004) com 19

níveis verticais de profundidade, onde a difusidade vertical do oceano é parame-

trizada globalmente em um perfil uniforme seguindo (Bryan and Lewis, 1979). Os

vórtices, difusividade, linhas isopícnas e espessura oceânica, são parametrizações

Gent-McWillians (Gent et al., 1995).Este é acoplado ao modelo de superfície terres-

tre, modelo de gelo marinho dinâmico e termodinâmico e um modelo simplificado

de balanço energético atmosférico de uma camada (Eby et al., 2013).

O modelo atmosférico incorpora as equações do balanço de energia e umidade,

permitindo calcular os efeitos do transporte de calor latente e sensível (Fanning

and Weaver, 1996). A componente de gelo marinho é a representação padrão da

termodinâmica do gelo marinho com crescimento lateral e parametrização de der-
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retimento de (Hibler, 1979). A componente assume que o gelo não capacidade

para armazenar calor e a temperatura de superfície é balanceada diretamente com

a forçante externa, incluindo também o modelo de dinâmica de gelo continental

(Continental Ice Dynamics Model; CIDM (Marshall and Clarke, 1997a,b))

O UVic ESCM contem a completa representação dos ciclos do carbono tanto

oceânico como terrestre. O ciclo do carbono terrestre é simulado usando o mo-

delo de vegetação Top-down Representation of Interactive Foliage and Flora Including

Dynamics (TRIFFID; (Meissner et al., 2003)). O modelo inclui o prognóstico ge-

ral do carbono armazenado no permafrost em que o carbono do solo é difundido

lentamente dentro das camadas de solo congeladas durante o ano (MacDougall,

2017).

O ciclo do carbono inorgânico do oceano é simulado seguindo os protocolos

do Ocean Carbon Cycle Model Intercomparison Project (OCMIP; (Orr and Epita-

lon, 2015)). O modelo do ecossistema oceânico é um aprimoramento do modelo

de nutriente-fitoplâncton-zooplancton-detritos (NPZD; (Schmittner and Galbraith,

2008a), parametrizações de rápida reciclagem dos nutrientes através de atividade

microbiológica (Schartau and Oschlies, 2004). Inclui também duas classes de fito-

plâncton, os fixadores de nitrogênio e outros, ciclo do Nitrato, Fosfato, Oxigênio,

Carbono Inorgânico Dissolvido, alcalinidade e também de outros traçadores, além

de modular e calcular a contribuição da bomba biológica na biogeoquímica oceâ-

nica (Schartau and Oschlies, 2004; Schmittner and Galbraith, 2008b).

Os processos que ocorrem nos sedimentos são representados usando apenas o

modelo óxico de respiração nos sedimentos (Archer et al., 2000). A versão 2.9 do

UVic ESCM (Eby et al., 2013) inclui também a representação do reservatório de

Capítulo 1 15



carbono permafrost, englobando uma coluna de solo profundo de até 250 m de pro-

fundidade e também com a física completa do processo gelo - degelo (MacDougall

et al., 2017).

O UVic ESCM incorpora o carbono oceânico e o terrestre em um modelo de

circulação geral atmosférico e oceânico (Fig. 1.3) , a fim de representar as inte-

rações físicas, químicas e biológicas no feedback do ciclo do carbono no sistema

físico climático. Os principais aspectos à serem analisados da saída do UVic que

foram considerados nesse trabalho estão relacionados com os processos oceânicos,

principalmente os processos de captura do CO2 que interferem na distribuição ver-

tical desse carbono dissolvido nos oceanos, associados as diferentes circulações do

vento, correspondente aos períodos do MIS11c e do LGM, a fim de se estudar as

componentes das bombas do carbono.

Muitos pesquisadores e centros de pesquisa, tem usado atualmente o modelo

Uvic ESCM a fim de identificar padrões do ciclo do carbono (Montenegro et al.,

2007; Matthews et al., 2009), efeitos do aumento das concentrações de CO2 (Wea-

ver et al., 2007; Zickfeld et al., 2011; Eby et al., 2013), reconstrução de períodos do

passado (Ewen et al., 2004; Meissner et al., 2003, 2012; Montenegro et al., 2007; Mu-

glia and Schmittner, 2015; Muglia et al., 2018; Schmitt, 2011), acidificação oceânica

(Matthews et al., 2009; Meissner et al., 2012), bombas de carbono (Matthews, 2006;

Brovkin et al., 2007; Keller et al., 2012; Thibodeau et al., 2018).

Sabe-se ainda também que as incertezas nos dados observados de nutrientes

dos oceanos são relativamente grandes, principalmente porque existe uma quan-

tidade limitada de dados dos fluxos biogeoquímicos oceânicos, gerando possíveis

vieses devido a incerteza das extrapolações dos dados de sedimento profundo dos
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oceanos. Os valores dos fluxos globais de nutrientes simulados pelo UVic ESCM

estão bem próximos das estimativas observacionais, sugerindo que o modelo re-

produz satisfatoriamente os processos das bombas de carbono global, associados

aos modelos de nutrientes (Keller et al., 2012).

Figura 1.3: Fluxograma do UVic ESCM, com cada componente climático associado
ao acoplador; oceano, sedimento, terrestre, atmosfera e gelo marinho. Os fluxos são
representados pelas setas e as cores apontam de onde são originados. O tamanho
dos círculos representam o tamanho relativo do código base. Adaptado de (Wania
et al., 2012)

Afim de analisar o clima e o ciclo biogeoquímico no LGM e no MIS11c, 5 expe-

rimentos (Tab. 1.3) foram conduzidos. No total, foram modelados 53.000 anos com

duração de aproximadamente 2 anos de dedicação. A simulação do dias atuais,

com concentração de CO2 da ordem de 380 ppm é uma simulação secundária a

partir da simulação controle.
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Tabela 1.3: Sumário das simulações.

Simulações

Condições Iniciais Anos do Modelo

Controle Pré-Industriais 10.000

Dias Atuais CO2 (380ppm) 3.000

MIS11c CO2 (285ppm) 10.000

LGM4G ICE4G topografia 10.000

LGM5G ICE5G topografia 10.000

LGM6G ICE6G topografia 10.000
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Abstract

During the Last Glacial Maximum (20ka BP) the presence of large ice sheets

over the Northern Hemisphere caused significant changes in ocean-atmosphere in-

teraction. Changes were seen in both topography and atmospheric CO2 levels. This

paper investigates the impact of the most recent paleotopography (ICE6G) in the

Earth’s climate and the oceanic carbonate system, based on a series of experiments

conducted with the oceanic-atmosphere-vegetation-ice-carbon model, namely UVic

ESCM. Results indicate enhanced cooling in northern North America in the ICE6G

compared to the ICE4G simulation due to the lapse rate effect. The decrease of

-24°C in the surface temperature in the ICE6G relative to the PD led to a modi-

fication of the atmospheric circulation, mainly in the Atlantic and North Pacific

region. Positive and negative anomalies vary widely for the E-P flux pattern, but

colder and drier atmosphere leads to a reduction in precipitation in the ICE6G ex-

periment. Changes in wind stress between ICE6G and PD induce low temperatures

in the Northern Hemisphere. These features are related changes of Ekman’s trans-

port and evaporation cooling resulting in positive anomalies of SST. Thus, changes

in sea surface temperature and salinity (SST, SSS) and E-P flux lead to modifications

in the oceanic carbonate system, resulting in an overall increase of total alkalinity

and a reduction in the concentrations of TCO2 in the ICE6G in relation to the PD.

This is a consequence of the low concentration of glacial CO2 and increment in

CO2−
3 concentrations. The TA and TCO2 do not show a similar response to the SST

and SSS, in the sense that larger departures from the PD are found in the Pacific

equatorial region, which are affected by changes in water dilution as a result of

precipitation and evaporation processes.
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2.1 Introduction

During the last two millions years the Earth’s climate has fluctuated between glacial

(cold) and interglacial (warm) periods in consonance with variations in the orbital

configuration and atmospheric CO2 concentration (Justino et al., 2018; Petit et al.,

1999; Scheffer et al., 2009). Despite substantial effort to understand in detail the

oceanic carbon cycle, questions remain unanswered. In particular, how the lower

troposphere may influence changes in the oceanic biogeochemistry (Rojas, 2013).

Modeling experiments mimicking the LGM climatic characteristics are very use-

ful, because substantial changes in the oceanic and atmospheric features occurred

as compared to current conditions (Rind, 1987; Justino et al., 2006; Justino and Pel-

tier, 2008). The climate system varies in response to external and internal processes

in which most fluctuations are related to the main modes of climate variability. In

the Polar Regions, the annular modes play the dominant role, whereas in the tro-

pics, the air-sea interaction dictates the climate variability (e.g. (Deser et al., 2012)).

The LGM modes of climate variability were drastically modified from present con-

ditions in the sense that the North Atlantic Oscillation (NAO) displays four distinct

centers of action and an atmospheric circulation and internal variability completely

different from modern conditions (Justino et al., 2005). As well, Pacific Decadal Os-

cillation (PDO) (Justino and Peltier, 2008) shows a strong anti-correlated pattern

between oceans and the atmosphere, with an intensified glacial flow that generates

air-sea flux exchange and shift Ekman dynamics.

The oceans are one of the largest reservoirs of CO2 and are essentially the de-

terminant of atmospheric CO2 concentrations. On the other hand, carbon requires
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centuries to be deposited into the deep ocean thousand-year timescale of glacial

to interglacial changes in the pCO2atm concentrations. As we know the CO2 taken

up of atmosphere is reserved as total dissolved inorganic carbon (TCO2), organic

carbon (Corg) and calcium carbonate (CaCO3). Since the CO2 has the ability to

dissolve in seawater and this capacity is directly related to its concentration in the

atmosphere and the temperature of the water. Oceanic CO2 time series show that

the surface ocean concentrations of CO2 following the atmospheric CO2 increase

(Bates et al., 2014).

Paleoreconstructions and modeling studies demonstrated that the ocean glacial

surface was about 2.5° - 4°C cooler (Annan and Hargreaves, 2013) and the sea-

levels 130 m lower (Yokoyama et al., 2000; Peltier and Fairbanks, 2006) than today.

In consonance with lower atmospheric CO2 concentrations and SST, but higher SSS

during glacial times(Broecker, 1986; Sigman and Boyle, 2000). The enhancement

of biological production in the Southern Hemisphere (Oka et al., 2011) due to an

increase of total alkalinity in the oceans may be related to the abrupt decrease

of CO2 in the LGM epoch due to an increase efficiency of the carbonate pump

(Rickaby et al., 2010). Some chemical changes in deep water from glacial times

promote release of particulate inorganic and organic phosphorus, and this might

increase PO3−
4 and the biological pump efficiency of glacial oceans concentrations

(Tamburini and Föllmi, 2009).Assumption is also raised associated to the iron dust

supplies being mainly responsible for the decrease in atmospheric CO2 levels.

The salinity increased of oceans in the ice ages is one of the opposite effects of

the temperature changes in CO2 concentrations. The largest accumulation of fresh

water, a decrease in mean sea level, it is possible evaluate that the global ocean
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in the Last Glacial Maximum (LGM) was about 3% saltier than today (Fairbanks,

1989). The spatial distribution of dissolved inorganic carbon (TCO2) and the total

alkalinity (TA) is reliant on temperature and salinity, which maintains the solubi-

lity in seawater by CO2. Reconstructions of deep water carbonate (CO2−
3 ) suggest

that the global TA was increased in the glacial ocean and changed by additional

TCO2 sequestration (Rickaby et al., 2010; Yu et al., 2013). Previous studies have

pointed out that increased upwelling during the LGM period led to an excess of

nutrients, especially nitrate (NO−

3 ) which increased high-nitrate low-chlorophyll

(HNLC) conditions (Farrell et al., 1995; Kohfeld et al., 2005). Nitrate is a nutrient

highly dependent on marine productivity and carbon sequestration via the biologi-

cal pump. It has suggested that the increase in the use of both NO−

3 and phosphate

(PO3−
4 ) during the LGM may have been due to the higher biological demand of

these nutrients with respect to today (Martin, 1990). Despite these findings, the in-

vestigation of the LGM carbonate system is still needed because chemical changes

impact on both the marine biological processes and the sequestration and dissolu-

tion of CO2.

The primary goal of this paper is to evaluate the UVic ESCM ability to simulate

the LGM climate by comparing the response of different Paleotopography ICE6G

(Peltier et al., 2015; Argus et al., 2014) and ICE4G (Peltier, 1994). Moreover, the

impact of anomalous atmospheric and oceanic feature on total alkalinity (TA), total

carbon dioxide (TCO2) and nutrients (NO−

3 and PO3−
4 ) are investigated. The analy-

ses are based on sensitive experiments mimicking the current climate (1940-2015)

and LGM conditions using those different paleotopographies and CO2 concentra-

tions.
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The paper is organized as follows: Section 2 describes the coupled model, the

design of the four experiments and the statistical approach. In section 3, the main

results are presented from regression analyses as well the influence of Pacific De-

cadal Oscillation (PDO) on the oceanic biogeochemistry. Section 4 compiles the

results and provides a discussion on the implications of the different topographies

on the global oceanic carbonate system.

2.2 Data and Model Setup

2.2.1 Model Description

We investigate the oceanic carbon system and nutrients, including total alkalinity

(TA), total dissolved inorganic carbon TCO2, NO−

3 , PO−3
4 and how these quantities

vary with respect to temperature, salinity and winds for present day (PD) and LGM

conditions.

Use the global ocean circulation model UVic ESCM (Earth System Climate Mo-

del) version 2.9 from University of Victoria . The UVic ESCM is a coupled model of

intermediate complexity that includes a general three-dimensional oceanic circula-

tion model (Modular Ocean Model, Version 2, (Pacanowski, 1995)) with 19 vertical

levels and a resolution 1.8° for latitude and 3.6° for longitude. Coupled to a ver-

tically integraded two-dimensional atmospheric model based on energy-moisture

balance, a thermodynamic-dynamic sea ice model (Weaver et al., 1998).

Land surface scheme with a global dynamical vegetation (Meissner et al., 2003)

and a sediment model (Archer, 1996). The biogeochemical module of the UVic

ESCM also includes a fully coupled carbon cycle with terrestrial carbon fluxes and
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reservoirs ((Meissner et al., 2003; Matthews, 2006) , organic (Schmittner and Gal-

braith, 2008) and inorganic (Ewen et al., 2004) carbon cycle in the ocean. This

follows the Ocean Carbon Cycle Model Intercomparison Project (OCMIP) protocol

(Orr, 1999) and the scheme also includes the interaction between nutrients, two

types of phytoplankton and zooplankton (Wania et al., 2012).

The ecosystem-biogeochemical scheme is a nutrient-phytoplankton-zooplankton-

detritus (NPDZ) model (Schmittner et al., 2005) with parametrization based on

(Schartau and Oschlies, 2004) with microbial induced the nutrient recycling. The

marine sediment component has 13 layers and the amplitude covers a few milli-

meters near of sediment surface to a few centimeters at the bottom domain at a

depth of 10 cm. The dissolution of CaCO3 to sediment assumes an instantaneous

sinking of vertically integrated production (Schmittner and Galbraith, 2008) and

the balance between respiration rate and sediment-mixing rate is induced by pe-

netration depth of particulate organic carbon (POC) into sediment surface mixed

layer in contact with pore layer. Concentrations and burial rates of sedimentary

CaCO3 are presumed using the particulate inorganic carbon (PIC) and POC rain

ratio, dilutant burial rates and the reaction rate laws for both CaCO3 and organic

carbon (Archer, 1996). Only dissolution of oxic metabolic sedimentary CaCO3 is

simulated by the sediment scheme and the processes are represented using only

oxic model of sediment respiration (Eby et al., 2009).

The PD, ICE6G, ICE5G and ICE4G simulations were integrated for 10.000 years

starting from the same initial conditions and our analysis focus on the last 100

years of the simulation after the model reached the equilibrium, characterized by

stabilization of marine nutrients.
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2.2.2 Paleotopography Experiments

Comparing the ICE4G LGM reconstruction (Peltier, 1994) with present day to-

pography, large continental ice sheets appear over North America, Scandinavia

and east Siberia. The successor of ICE4G, ICE5G (Peltier, 2004), differs dramati-

cally from the former dataset at all North American locations, Northwestern Eura-

sia/Europe (Peltier, 2004, 2002) and Greenland (Tarasov and Richard Peltier, 2002).

Differences between ICE5G (Peltier, 2004) and ICE6G (Argus et al., 2014; Peltier

et al., 2015) are primarily found in the western flank of the Laurentide Ice Sheet,

and in the Canadian archipelago where ICE6G is higher. However, in central Ca-

nada ICE6G is lower than the ICE5G by about 1500 meters. No large topographic

changes are noted in the west coast of North America.

Paleotopography differences between ICE6G and present day conditions, and

between ICE6G and ICE4G, are shown in Figure 2.1. The ICE6G topography is

higher by about 3000 meters when compared to current conditions in North Ame-

rica, Scandinavia and Eastern Siberia (Fig. 2.1a). Also, ICE6G differs significantly

from ICE4G throughout the North American region, being approximately 1500

meters higher, and 500 meters lower in Greenland. In the Antarctic region the ice

sheets are predominantly lower in ICE6G than in ICE4G by an average 1000 meters

(Fig. 2.1b).
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Figura 2.1: (a) Paleotopography anomalies between ICE6G and PD reconstructions
[Km]. (b) as (a) but for ICE6G and ICE4G reconstructions (c) surface temperature
differences between ICE6G and PD simulations (°C).(d) As (c) but for ICE6G and
ICE4G differences. Hachured areas are statisticaly significant at the 95% level.

2.2.3 Experimental Design

Three experiments were conducted in order to investigate the atmospheric and

oceanic response to the LGM topography. The first experiment (PD climate) is

initialized from pre-industrial conditions applying an atmospheric CO2 concentra-

tion of 380ppmOur PD climate is the averaged climate between the years 1940-2015.

Current orbital forcing and boundary conditions are used. Marine biogeochemistry

follows the protocol proposed by the Ocean Carbon-Cycle Model Intercomparison

Project (OCMIP) (Orr, 1999; Orr and Epitalon, 2015). Three LGM experiments were
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conducted with the ICE4G (Peltier, 1994), ICE5G(Peltier, 2004) and ICE6G (Argus

et al., 2014; Peltier et al., 2015) paleotopographies, atmospheric CO2 concentration

of 185 ppm, and the appropriate orbital forcing for the LGM period (Berger and

Loutre, 1991). All paleotopographies are included in UVIC as anomalies with res-

pect to the PD topography (Figure 2.1). Since the model includes a parameteriza-

tion of water vapor/planetary longwave feedbacks, we include the radiactive effect

of N2O and CH4 for LGM for LGM as a modification of the planetary longwave

radiative flux (Eby et al., 2009; Schmittner et al., 2011). It has to be mentioned that

due to the large similarity between the simulations conducted with the ICE5G and

ICE6G ice sheets, we only present results for the ICE4G and ICE6G reconstructions.

2.2.4 Wind Stress

The surface wind stress is the most important force for the oceanic circulation at the

base of atmospheric boundary layer and their pattern can reflect the overall struc-

ture of the atmospheric and ocean circulation on a global scale. The LGM simu-

lation includes glacial topography, orbital forcing and CO2, however, as discussed

(Fanning and Weaver, 1997; Handiani et al., 2013),the UVic has a parameteriza-

tion for anomalous surface winds and wind stress taking into account any climate

perturbation, delivered by near surface temperature and density anomalies, repro-

ducing mainly the buoyancy force. The UVic LGM wind stress is compared with

the Paleoclimate Model Intercomparision Project Phase 3 (PMIP3) models ensem-

ble. These wind stress fields include a multi-model mean of LGM anomaly from

PMIP3 nnd uses the initial condition wind stress from NCEP reanalysis plus PMIP3

multi-model mean for LGM minus pre-industrial wind stress anomaly, more de-
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tails by (Muglia and Schmittner, 2015). For the LGM continental ice sheets, we use

the reconstruc- tion from the PMIP3 set up (?).Figure 2.2 shows the standard de-

viation (STD) and the zonal mean for the zonal and meridional wind components

from the PMIP3, ICE6G and ICE4G simulations. The STD for both wind stress

vectors (x, y) demonstrated reasonable agreement in the spatial pattern. This fin-

ding useful series to highlight that despite the intermediate complexity of UVic it

confialy reproduce the time variability.

The zonal pattern is in accordance with the PMIP3 data well. Disagreements

between the datasets are found in the Northern Hemisphere (NH) for the two

components between the latitudes of 40 °N - 60 °N. It can be argued that these

differences in NH may be related to differences between the ice sheets topographies

used in the PMIP3. It has to be mentioned that (Muglia and Schmittner, 2015)

attributes the strengthening of the Meridional Overturning Circulation (MOC) to

the use of wind pattern from the PMIP3 datasets.

2.2.5 Evaluation of the present day simulation

The performance of the UVic ESCM model to simulate the PD simulation is tested

by comparing its output to the Global Ocean Data Analysis Project vol.2 (GLO-

DAP_v2;(Key et al., 2015; Olsen et al., 2016)).

The GLODAP is a project cooperation of the National Oceanic and Atmosphe-

ric Administration (NOAA), the US Department of Energy (DOE) and the National

Science Fundation (NSE) as part of the Joint Global Ocean Flux Study Group -

Synthesis and Modeling Project ”(JGOFS -SMP). GLODAP v2 is a combination of

products from Carbon dioxide in the Atlantic Ocean (CARINA; (?)) and Pacific
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Figura 2.2: Standard deviation for simulated zonal and meridional surface wind
stress for (a;b) PMIP3, (c;d) ICE6G and (e;f) ICE4G. Simulated annual mean zonal
(g) and meridional (h) surface wind stress over the ocean for PMIP3 (black), ICE6G
(blue), ICE5G (red) and ICE4G (green). PMIP3 data from (Muglia and Schmittner,
2015)

Ocean Inland Carbon (PACIFICA; (?)), plus 168 new cruises covering the Mediter-

ranean Sea and the Nordic Sea (> 65 °N). GLODAPv2 data is available in three

ways: (1) original without calibration; (2) as a merged data product where adjust-

ments have been applied to minimize measurement bias and (3) weather maps. It is

a set of data from marine cruising research centers comprised of 9618 hydrographic

stations collected between 1985 and 2017 across the globe to create a quality and
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quantity oceanographic database (??). Data are calibrated with quality-control for

final mapping and interpolation and are available online in both raw and interpo-

lated form.

Although the model has a simplified atmospheric component,sea surface tem-

perature (SST) and sea surface salinity (SSS) exhibit a spatial averaged with good

agreement between the PD climatology and GLODAP_v2 (not shown). The surface

global differences with observations are shown in Figure 2.1.

The simulated SST shows an average of 17.55 °C about 0.26 °C colder than

the GLODAP_v2 (17.82 °C). However, larger differences are found as in the Gulf

of Alaska, Greenland, Iceland and Norway (GIN), and the North Atlantic region,

where the model is cooler than GLODAP_v2 . The simulated surface salinity differs

by about 0.18 from GLODAP_v2 with most differences found in the subtropical

gyres. Turning NO−

3 and PO3−
4 , both datasets show the major features in agreement

with observations. The overall mean of NO−

3 is 7.21 µmol/kg for GLODAP_v2

which is 0.83 µmol/kg higher as compared to simulated (6.38 µmol/kg) values.

The simulated PO3−
4 differs by about 0.16 µmol/kg from GLODAP_v2.
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Tabela 2.1: Global surfaces averages, differences, correlation coefficient and stan-
dard deviation-normalized root mean square error (RMSE) between UVic ESCM
simulation control versus GLODAP_v2 (Olsen et al., 2016) observations. For Glo-
bal, NH and SH subtropics and Tropical region averages.

Glodap

v2

UVic

ESCM
Diff Cor RMSE

SST

(°C)

Global 17.82 17.55 0.27 0.989 1.060

30 °N - 60 °N 14.33 15.061 0.73 0.950 0.884

30°N - 30 °S 25.15 25.96 0.81 0.910 1.032

30°S - 60°S 11.61 10.72 0.89 0.981 0.976

SSS

Global 34.78 34.60 0.18 0.871 0.860

30 °N - 60 °N 34.42 34.49 0.02 0.944 0.944

30°N - 30 °S 34.92 35.21 0.29 0.822 0.773

30°S - 60°S 34.54 34.53 0.01 0.832 1.041

TA

(µmol/kg)

Global 2304.38 2337.66 32.76 0.810 0.965

30 °N - 60 °N 2336.55 228.97 47.58 0.572 1.010

30°N - 30 °S 2341.84 2323.41 18.43 0.359 2.190

30°S - 60°S 2343.23 2299.86 43.38 0.954 1.157

TCO2

(µmol/kg)

Global 2039.9 2028.16 11.74 0.933 0.799

30 °N - 60 °N 2045.15 2042.77 2.38 0.510 1.189

30 °S - 30 °N 1967.23 1997.01 29.78 0.514 0.222

30 °S - 60 °S 2076.89 2091.55 14.72 0.937 0.775

PO3−
4

(µmol/kg)

Global 0.555 0.715 0.16 0.773 0.903

30 °N - 60°N 0.43 0.50 0.07 0.927 0.915

30 °S - 30°N 0.567 0.253 0.314 0.798 1.022

30 °S - 60°S 0.875 0.995 0.120 0.559 0.863

NO−

3

(µmol/kg)

Global 7.21 6.38 0.83 0.950 0.968

30 °N - 60 °N 3.98 4.97 0.99 0.857 0.687

30 °S - 30 °N 1.14 1.53 0.39 0.830 0.818

30 °S - 60 °S 8.67 11.21 2.54 0.930 0.957
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Values of TCO2 vary between 2230 µmol/kg in the polar regions and 1800

µmol/kg in the subtropical regions for both simulated and GLODAP_v2 (see Tab.

2.1). The simulated TA shows global mean values up to 2337.66 µmol/kg, differing

from the GLODAP_v2 by about 32.76 µmol/kg. The simulated global surface dis-

tribution (not shown) accurately reproduces the main features of surface TA found

in the observations.

Similarly values of nutrients by the UVic ESCM are also reasonable with respect

to the observational estimates, as can be seen from the high correlation and low

root mean square errors (Figure 3.1) when comparing our PD simulation with the

GLODAP_v2 reconstruction.

2.3 Results and Discussion

2.3.1 ICE6G Climate

Changes in topography lead to near surface air temperature anomalies over North

America by about -24°C in the ICE6G simulation as compared to present day con-

ditions, and differences over the Fennoscandian ice sheet by about -18°C (Fig. 2.1).

When compared to the ICE4G simulation, the ICE6G simulation experiment a de-

crease in the near surface temperature over the North American region. However,

an increase in temperatures of up to 6 °C occurs over Greenland, Scandinavia, Eu-

rasia, and in the Antarctic continent in the ICE6G simulation, with respect to the

ICE4G simulation. Since changes in albedo between the two runs are negligible,

differences in the ICE6G and ICE4G a temperatures arise as a result of the lapse

rate effect.
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Figura 2.3: Taylor diagram comparing statistic pattern of annual mean fields
between UVic ESCM simulation control and corresponding GLODAP_v2 obser-
vations, including surface temperature, salinity, nitrate, phosphate, total alkalinity
and TCO2. All fields are normalized by the standard deviation of corresponding
observations. Indeed, observation fields have a standard deviation of one, which
is represented by REF (x label). The distance between the model points and the re-
ference point indicate the quadratic -root-mean-square (QRMS) difference between
model simulation and observations.

Figure 2.4 presents differences between ICE6G and PD and ICE6G and ICE4G

simulations for surface winds, sea surface temperatures and fresh water flux (E-

P). Surface wind speed (Fig. 2.4a) is intensified in the ICE6G run as compared to

both PD and ICE4G, particularly over the North Atlantic and Pacific (Fig. 2.4b).

However, winds are weakened in the Southern Hemisphere tropical region, and

over the northern portion of the Indian Ocean. Throughout the manuscript some

comments may appear in respect to changes in the Southern Hemisphere, however,

in most cases such figures are not shown. We confined most of the figures to the

Northern Hemisphere where changes are much more accentuated as compared
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to the Southern Hemisphere. Differences between ICE6G and ICE4G simulations

(Fig. 2.4b) indicate that wind stress in the former experiment are linked to the

mid-latitudes meridional thermal gradient (Justino et al., 2006).

Figura 2.4: (a) Annual mean wind speed anomalies between ICE6G and PD (m/s).
(b) sea surface temperature (°C) and (c) E-P flux (mm/day); (b), (d) and (f) are
the same as (a), (c) and (d) but for differences between ICE6G and ICE4G runs.
Hachured areas are statisticaly significant at the 95% level.

As expected, the climate with ICE6G topography leads to lower SST (Fig. 2.4)

with respect to the PD associated with a decrease of CO2 concentrations. Changes

are larger in the Nordic Sea region and western north Pacific in consonance with

the wind intensification. However, the SST anomalies between the ICE6G and

ICE4G simulations (Fig. 2.4d)show a warmer North Atlantic region in the ICE6G
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case. A similar pattern was found by (Justino et al., 2006) in analyzing differences

between climate simulations conducted with the ICE5G and ICE4G topographies

on a simpler model. They attributed this warming to the air subsidence to the

south and east of the topographic anomaly. In the Southern Hemisphere, SSTs

in the vicinity of the Antarctic continent are about -2.5 °C cooler in the ICE6G

experiment with respect to ICE4G.

Important for the hydrological cycle and the oceanic carbonate system, the fresh

water flux is also affected by changes in topography (Fig. 2.4e,f). As shown in the

Figure 2.4 the dominant patterns of the E-P flux anomalies vary globally with scat-

tered positive and negative anomalies. Indeed, in a large part of the tropical regions

reduced fresh water in the ICE6G simulation with respect to PD is observed. Chan-

ges in E-P, between the two runs are induced by a reduction in precipitation related

to a drier atmosphere in the ICE6G experiment. Positive anomalies are noted in the

North Atlantic region and the Labrador Sea related to the cold and dry eastward

flow from the Laurentide ice sheet reducing precipitation. Turning to anomalies

between ICE6G and ICE4G (Fig. 2.4f), positive values in the North Atlantic region

indicate that the ICE6G evaporation is higher than that ICE4G. These modificati-

ons result in increased surface salinity throughout the North Atlantic in the ICE6G

experiment with respect to the ICE4G run (not shown). These changes in the ther-

mal and haline oceanic characteristics induce changes in the rate of water mass

formation.

Under PD conditions (Fig. 2.5a) the upper cell of the Atlantic Meridional Over-

turning (AMOC) extends between 800 and 2000 meters deep with a maximum

transport of 20Sv, occurring at 1700m (Fig 2.5a). For glacial conditions the trans-
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port is between 15-10Sv for the LGM ICE6G simulation but a shutdown of the

AMOC occurs in the ICE4G simulation (Fig. 2.5). Higher transport is also found in

the abyssal overturning cell of MOC in the two LGM runs compared with PD coun-

terpart. The MOC is weaker in the LGM, for both the ICE6G and in ICE4G runs

suggesting a more stratified ocean contrast with models from the Paleo Climate

Model Intercomparison Project 3, as shown in (Muglia and Schmittner, 2015).Our

results are consistent with other studies based on atmosphere-ocean coupled mo-

dels, which show a weaker MOC as a response to ice sheet topography and a

northward drift of the abyssal overturning cell of MOC. (Ferrari et al., 2014; Negre

et al., 2010). It has to be mentioned that modeling results present distinct results

insofar as the magnitude of the glacial AMOC is concerned (Weber et al., 2007).

Figura 2.5: Global meridional overturning circulation based on (a) PD conditions,
(b) ICE6G (c) ICE4G and (d) differences between ICE-6G and PD and (e) anomalies
between ICE6G and ICE4G.

Figure 2.6 shows the globally ocean temperature for the three simulations in

each ocean basin. All the three basins (Atlantic, Pacific and Indian) in the LGM’s

simulations are cooler than those in the PD run. For the Atlantic basin (2.8) the
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ICE6G and ICE4G delivered very close results. Unlike the Pacific and Indian Ba-

sins, where ICE4G is slightly warmer than the ICE6G. At 1000 m depth, the LGM

temperature range from approximately 0.5 °C to -2 °C where in the PD it is from 5

°C (7 °C for Indian Basin) to 0.5 °C. It is interesting to notice that the Pacific Ocean

is colder and saltier than the Atlantic.

Figura 2.6: Global ocean basin average vertical profile of temperature (°C) and
salinity, from simulations of PD, ICE6G and ICE4G.

In general the Indian Basin is warmer than the others for all simulations. The

thermocline base is slightly shallower in the Pacific and Indian than in the Atlan-

tic. As expected the salinity increases over ocean basins in the LGM simulations,

partly related to reduced fresh water with respect to the PD simulation. Paleo-

reconstructions show that the bottom water of the LGM was more saline and

more stratified than today (Watson and Naveira Garabato, 2006; Buchanan et al.,

2016).The LGM’s salinity increases all over basin, but not equally distributed. The
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sea ice cover growth and melting results in a vertically asymetric distribution of

salt, which consistent with our results.

2.3.2 The Glacial Marine Carbon System

The marine carbon system is evaluated from calculation of TCO2 TA, NO−

3 and

PO3−
4 . These quantities are impacted by changes in wind stress, fresh water fluxes,

temperature and salinity (Fig. 2.7). Analyzing differences between the LGM and

PD simulations, changes in surface winds, temperature and in E-P rates (Fig. 2.4)

promote changes in the oceanic biogeochemical cycle (Fig. 2.9). Since the UVic

has the coupled sediment scheme on, it can be inferred that the variability of TA

as well as on the removal is directly related through CaCO3 burial. Mean surface

TA increases in the ICE6G ( 2367.65 µmol/kg) with respect to the PD simulation

( 2337.73 µmol/kg).

Elevated oceanic alkalinity in glacial times leads to a decrease of burial CaCO3.

In the North Atlantic (GIN seas), a decrease in surface TA may be related to incre-

ased glacial pH and carbonate ions CO2−
3 due to the carbonate compensation. The

burial mass anomalies of CaCO3 (not shown) between ICE6G and PD conditions

were by about ≈ 150 g C m3 higher in PD than in the LGM. However, for the GIN

Sea alkalinity negative anomalies are found (≈ 10 g C m3)which have been asso-

ciated with the burial CaCO3 mass. Differences between the ( 2367.65 µmol/kg

and ICE4G ( 2397.84 µmol/kg show lower TA values in the ICE6G with respect to

ICE4G run. However, in the North Atlantic and GIN seas the TA is higher in the

ICE6G related to positive SST and E-P flux anomalies. Turning to the TCO2, Figure

4c shows lower surface averages in the ICE6G experiment compared to PD, with
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the exception of the Weddell Sea and the eastern portion of Antarctica.

Large fluctuations of the TCO2 are due to the solubility pump and are high-

lighted in downwelling regions and subtropical gyres. The lower atmospheric CO2

prescribed for the LGM experiment, equilibrates the ocean TCO2 at lower values,

thus producing lower surface concentration in the ICE6G experiment (1988µmol/kg)

compared with the PD (2027µmol/kg). This reduction of the concentrations of

TCO2 acts to capture the atmospheric CO2. Although the solubility pump has the

major role, the biological pump also has the ability to reduce surface TCO2 as orga-

nic C through decomposition and sinking of the water column into the deep ocean.

In the deep ocean the regeneration of the TCO2 is helped by the decrease of the

carbonate concentrations, changing the state of saturation of the calcium carbonate

CaCO3.

In general both LGM’s and PD ocean basins are enriched in TCO2 compared

with the surface. Glacial TCO2 concentrations (fig. 2.8d,e,f) are approximately

85µmol/kg than PD. This carbon loss may be related to the physical changes, like

the increase in sea ice areas, solubility due to cooling, and changes in the MOC.

In the surface is because of lower pCO2 concentration at the LGM than PD. The

maximum concentration for TCO2 in Pacific (Indian) is found in intermediate wa-

ters between 1500 - 2500 m (1000 - 1500 m). Both deep TA and TCO2 are higher in

the Pacific and Indian than in the Atlantic, for LGM’s and PD simulations, because

older waters are enriched over time with the conveyor belt circulation. Besides that,

circulation plays an important role in the TCO2 aand TA distribution through ocean

basins. These variations in surface ocean carbonate concentrations are correlated

with salinity (fig. 2.6). While mainly the physical dynamics and export production
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determine the surface concentration of nutrients, vertical distribution is controlled

by remineralization (Archer, 1996). The colder surface waters filled the LGM’s si-

mulation with more oxygen concentrations than PD ( (fig. 2.8g,h,i) for all ocean

basins. For Pacific and Indian, the difference was more than 120 µmol/kg greater

than PD. An increase in oxygen concentrations in the deep ocean for all ocean ba-

sins and the anoxic water was less than PD simulations, with the exception of the

Atlantic basin, were the concentrations were similar.

Global averages of nitrate (phosphate) are 4.41 µmol/kg (0.68 µmol/kg) and

5.29 µmol/kg (0.71 µmol/kg ) for the ICE6G and ICE4G simulations. These va-

lues are similar those found in PD run, 5.38 µmol/kg (0.74 µmol/kg), respectively.

The surface mean reveal negative anomalies in the Equatorial Pacific, Pacific sector

of the Southern Ocean and Sub-Arctic North Pacific and Atlantic, when compa-

red to the other two simulations (Fig. 2.9e-h). The natural pattern of both PO3−
4

and NO−

3 is represented by a pronounced latitudinal gradient but few differences

between the ocean basins. High concentrations are found in high latitudes and

Pacific - Atlantic Equatorial regions, due to strong upwelling. Positive anomalies

were found primarily in the Atlantic sector of the Southern Ocean. The low nutri-

ent variations between LGM and PD are related to the non-inclusion of dissolved

iron (DFe) mainly of nitrate concentrations; however, the shallower and weaker

MOC in the LGM simulation may act to suppress the nutrient transfer from the

deep ocean to the surface. The increase in stratification and northward transport of

MOC deep cell may be one of the main factors for this suppression.

Usually nitrogen and phosphorus cycles are treated similarly in the biogeoche-

mical models, connected by the Redfield ratio (106C:16N:1P). Bacterial processes
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Figura 2.7: Anomalies between the ICE6G and PD (a, TA), (c, TCO2), (e, NO−

3 ) and
(g, PO3−

4 ). Anomalies between ICE6G and ICE4G simulations (b, Ta), (d, TCO2), (f,
NO−

3 ) and (h, PO3
4−).Hachured areas are statisticaly significant at the 95% level.

like nitrogen fixation and denitrification change the distribution of PO3−
4 and NO−

3 .

One of the explanations for to lowering the atmospheric concentration of CO2 on
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the glacial times is the nutrient hypothesis (McElroy, 1983). It is proposed that

surface water carbon fixation and removal may increase the nutrient concentration

on the global oceans leading to increases in the (C/N/P) ratio. This hypothesis is

most important in the Southern Ocean because of a great amount of unused inven-

tory of surface nutrients and the connection between the surface and deep water

rich in CO2 (Sigman and Boyle, 2000). The Atlantic, Pacific and Indian vertical

average for marine carbon system are shown in Figure 2.8. For the Atlantic basin,

both LGM’s and present day simulations show qualitatively similar distribution of

TA (fig. 2.8a,b,c), the higher alkalinity for LGM‘s in the deep ocean than PD and

between ICE6G and ICE4G. The lower TA between 500 - 600 m may be associated

with biological production of CaCO3and for that the higher TA in the deep ocean

results from the dissolution of CaCO3. This is more pronounced in the Pacific and

Indian Basins. One observation, the LGM simulations result in more alkaline and

saline waters than the present.

The increase in Atlantic basin was relative to formation of intermediate and

deep water. The increase of PO3−
4 in LGM simulations is relative to the high

subduction of AABW (phosphate-rich water mass) reducing the concentrations of

PO3−
4 to the upper layers of the ocean. For Atlantic Basin, NO−

3 and PO3−
4 both

LGM’s and PD simulations increase in the abyssal with elevation of TA, TCO2 and

O2 concentrations bellow 2500 m. The intense oxygen minimum and high nutrients

concentrations. So the nutrients are not consumed by biologic activity, they were

dragged to the deep ocean as high-preformed nutrients concentrations at water

masses formation (deep and intermediate).The formation of water masses such as

NADW and AABW controlled the preformed nutrient concentration in the ocean
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Figura 2.8: Global ocean basin average vertical profile of TA µmol/kg, TCO2
µmol/kg, O2 µmol/kg, NO3 µmol/kg and PO3−

4 µmol/kg from simulations of
PD, ICE6G and ICE4G.
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interior, which is partially controlled by atmospheric pCO2 (Sigman et al., 2010).

The oceanic nutrients and export production increases at the level of atmospheric

pCO2 decrease, despite the export production being also limited by light, Fe/Si

and restricting the impact of changes in nutrients on atmospheric pCO2 (Rosell-

Melé et al., 2007).

2.4 Climate Variability

2.4.1 Global Wind Stress Variability and the Oceanic Biogeoche-

mistry

In order to investigate the spatial variability associated with the leading pattern of

the zonal wind stress, empirical orthogonal functions (EOF) have been applied glo-

bally and regression analysis was applied upon atmospheric and oceanic variables

for the LGM and PD simulations. Differences in the regressed pattern of the wind

stress show a very well-marked dipole pattern in the North Pacific with positive

anomalies between 40 °N and 60 °N, and a negative signal 20 °N and 30 °N (Figure

2.9), A tripole-like pattern is seen in the Indian Ocean with positive anomalies in

the southern region over the 30 °S latitudinal belt. It is also clear that the introduc-

tion of the ICE-6G topography induces a strengthening of the wind stress in the

north Atlantic and over the subtropical Pacific Ocean (Figure 2.9a,b).

The regression between the first principal component (PC) of the zonal wind

stress and ocean components are shown in Figure 2.9 and for the carbonate system

in Figure 2.10. Changes of SST induced by the main wind pattern show that the
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Figura 2.9: Global response associated with the 1st EOF related to zonal wind
stress. The pattern are displayed by amplitudes by regressing; (a)wind stress (Pa),
(b) SST (°C), (c) SSS and (g) E-P flux anomalies upon the standardized first principal
component time series.

presence of the ICE6G with respect to the PD topography induces lower tempe-

rature in the Northern Hemisphere (Fig. 2.9c). Whereas higher temperatures are

delivered in parts of Southern Hemisphere, positive anomalies between the LGM
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and PD climate have proposed by the GLAMAP reconstructions (Sarnthein et al.,

2003) and (Justino et al., 2005). It may be argued that the ICE6G buoyancy forcing

induces intensified westerly flow, leading to enhanced upwelling and evaporating

cooling which result in lower SST. However, the SH warming resembles a response

to the seesaw effect characteristic of the LGM epoch under weaker thermohaline

flow(Stocker, 1998). We argue that in case of strong winds in the NH a slowdown

of the westerly flow occurs in the SH, reducing the Ekman circulation and the

evaporative cooling leading to positive SST anomalies. Similarly, by comparing

the ICE6G and ICE4G simulations (Fig. 2.9d)the magnitude anomalies in the SH

are smaller than those between ICE6G and PD. This should be expected because

changes in the glacial topographies, though important, are smooth with respect to

ICE5G and ICE4G. Salinity anomalies induced by the dominant wind pattern de-

monstrated that changes are larger in the Nordic Seas and northern Pacific for both

anomalous conditions, the ICE6G minus PD, and ICE6G minus ICE4G experiments

(Fig 2.9e,f).

The regression of the wind stress 1st PC on the E-P flux differs between PD and

ICE4G, in respect to the ICE6G run (Fig. 2.9g,h). In fact, larger changes are found in

the equatorial region of the Pacific and Indian Ocean. Over the subtropical western

Pacific and Atlantic, precipitation in the ICE6G run is higher than that delivered by

the PD and the ICE4G simulations. This is related to stronger meridional thermal

gradients. The opposite is true in the equatorial Pacific and Indian oceans where

the ICE6G is drier than PD and the ICE4G (Fig. 2.9g,h).

Figure 2.10 shows the variations of total alkalinity (TA) and dissolved inorganic

carbon (TCO2) in response to the 1st PC of the global wind stress. It is demonstra-
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ted that the TA and TCO2 do not follow the SST, SSS or E-P flux regression patterns

(Fig. 2.9). In fact local features are dominant in which larger variations of both TA

and TCO2 are found in the equatorial region. Those regions in the equatorial Pa-

cific (warming pool and the cold tongue) deliver the largest positive anomalies of

the E-P flux between the ICE6G and PD simulations (Fig. 2.4e). It has to be men-

tioned, moreover, that changes in the equatorial air-sea interaction (Bjerknes feed-

back) modify the photosynthesis, respiration and phytoplankton concentration as

demonstrated by (Marzeion et al., 2005).

Turning to the NO−

3 differences between the ICE6G and PD runs, remarka-

ble changes occur in the vicinity of the Antarctic continent (Fig 2.10e) and in the

Northern Hemisphere extratropical oceans. In the northern Pacific the NO−

3 and

wind stress are in phase in the sense that positive wind anomalies are accompa-

nied by increased NO−

3 (Fig 2.10a). However, in the North Atlantic changes in

NO−

3 match negative SST and E-P flux anomalies (Fig. 2.10e and Fig. 2.9c,g) but is

negatively correlated to the wind stress dominant pattern (Figs. 2.9a, 2.10e).

Strictly speaking, the regression anomalies between ICE6G and ICE4G show

a strong pattern in the Indian Ocean region, particularly in the region of Bengal

Bay, which is dominated by high salinity during the LGM (Prell et al., 1980), and

the Arabian Sea region for TA, TCO2 and both nutrients (Fig.2.10 a-e). Distinct

processes affect the TA and TCO2 however, for the LGM interval, changes in water

dilution caused by evaporation and precipitation (Millero et al., 2006) are candidate

to play the major role. This is also clear in the North Pacific and Atlantic.
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Figura 2.10: Same as in Fig. 6 but for surface (a)TA (µmol/kg), (b)TCO2
(µmol/kg),(c) NO−

3 (µmol/kg) and (d) PO3−
4 (µmol/kg).

2.4.2 The Pacific Decadal Oscillation and the Oceanic Biogeoche-

mistry

The Pacific Decadal Oscillation (PDO) is calculated based on EOF applied to SST

in the North Pacific (20 °N - 60 °N, 110 °E - 260 °E, (Mantua and Hare, 2002)) for
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the LGM and PD experiments. The PDO is the dominant mode of multidecadal

variability in the NH (Fig. 2.11). During the warm phase of the PDO, positive SST

anomalies are seen in the central Pacific accompanied by cold conditions in the

northwestern Pacific. Figure 2.12shows that the inclusion of the LGM Paleotopo-

graphy does not induce substantantial changes to the PDO, as reproduced by the

PD, ICE6G and ICE4G simulations. However, SST anomalies (Fig.2.11d,e) depicted

by the ICE6G run are enhanced with respect to both PD and ICE4G conditions.

Figura 2.11: First component of the PDO (a) PD, (b) ICE6G and (c) ICE4G simulati-
ons. Regression anomalies between ICE6G and PD (d) simulations and ICE6G and
ICE4G simulations (e). The top-right percentage values represent the respective
explained variance of the first EOF.

Differences in the regression pattern between the ICE6G and PD induced by

changes in the PDO are discussed in Figures 2.11 and 2.12. By observing the SST

pattern (Fig. 2.12a), it is notable that during the warm phase of the PDO for the

LGM interval, higher SST appears in the eastern subtropical and north Pacific,

and in the vicinity of the European and African coast.It is very interesting that

differences in the regression pattern of SSS (Fig. 2.12b) are very similar those found

for the SST. But there is no clear relationship with the EP flux (Fig. 2.12c).

Figure 2.12d shows the wind differences. It is demonstrated that the ICE6G

PDO speeds up the wind flow in the extratropics but slows down the circulation in

the subtropics. The intensive westerlies are associated with warm water transport

from the subtropical gyre to the northeastern Pacific, which reduces the influence
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Figura 2.12: Regression anomalies between for ICE6G and PD simulations (a) SST,
(b) SSS, (c) E-P flux and (d) wind speed. These pattern are shown by regressing the
1st PC of the PDO onto the SST, SSS, E-P flux and wind speed.

of upwelled much cooler waters. The influence of the PDO to the carbonate sys-

tem is shown in Figure 2.13. For TA a good match is found with SST and SSS in

the Atlantic (Fig.2.12a,b) and the subtropical Pacific. The match between the TCO2

and SST/SSS is not as clear because the pattern exhibits more dominant mesoscale

features (Fig.2.13b). However, in the extratropics, the patterns of TA and TCO2 and

also for nutrients are significantly higher in ICE6G as compared to PD (Fig. 2.13).

It is important to mention that the deepening of the mixed layer associated with
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increased westerlies over the western Pacific increases the nutrient concentrations,

through the upwelling of subsurface rich nutrients water (Yasunaka et al., 2016).In

the Arctic region, the low salinity leads to a strong vertical stratification that de-

creases TA values. The largest variations between ICE6G and PD were found in

the Pacific and North Atlantic, Indian Ocean and this is also reflected for nutrients

(Fig.2.13c, d).

Figura 2.13: Same as figure 8 but for surface (a) TA, (b) TCO2, (c) NO−

3 and (d)
PO3−

4

Turning to analyses of the nutrients (Fig. 2.13c, d) it is observed that remarkable
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changes between the ICE6G and PD runs occur in the Pacific Ocean. It shows

higher values for the Northern Pacific region and negative anomalies in the Arabian

Sea and Equatorial Pacific as response of the PDO 1st PC.
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2.5 Summary and concluding remarks

This study is focused on understanding the effects of a new topography (ICE6G

(Argus et al., 2014; Peltier et al., 2015)) on the Last Glacial Maximum, and how it

influences the oceanic carbonate system. Three simulations were performed with

the UVic ESCM 2.9 (Weaver et al., 1998; Eby et al., 2013); the first simulation applies

the concentration of CO2 of 380ppm and the current orbital configurations; the

second simulation includes the ice sheet topography ICE4G (Peltier, 1994) and the

orbit configurations of the LGM (Berger and Loutre, 1991), and the third simulation

was carried out with the ICE6G ice sheet topography (Argus et al., 2014; Peltier

et al., 2015) and the orbital configurations of the LGM (Berger and Loutre, 1991).

The comparison between the two ice sheet topographies delivered significant

differences due to increased topography height in the North America region and

decrease in the region of Greenland in the ICE6G, resulting in a cooling in North

America and warming over Greenland. This increased topography height and

cooling in the ICE6G simulation leads to a strengthening of the wind stress, which

impacts the rate of water mass formation. Even with the simplified atmosphere

model, the UVic ESCM was able to simulate increased temperature in the North

Atlantic in the ICE6G with respect the other topographies simulations (ICE5G and

ICE4G), as found by (Justino et al., 2006; Vettoretti and Peltier, 2013).

A weakening and shift of the MOC is observed accompanied by a major intru-

sion of deep MOC cell northward to the North Atlantic being coherent with data

that suggests a decrease in AMOC ventilation and circulation during the LGM

(McManus et al., 2004). This feature seems to be one of the main mechanisms res-
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ponsible for the small variation of nutrients in the glacial periods. The differences

can also be seen in the vertical profile in the different ocean basins, the LGM simu-

lations throughout the water column are compatible with the results found in the

literature, such as lower temperature, higher salinity resulting in higher concen-

trations of TA and less than TCO2. However, large differences are found between

ICE6G and ICE4G simulations for salinity in the Pacific and Indian Ocean basins

which were larger by about 0.9 psu in ICE4G than in ICE6G. In agreement with the

highest ice concentration in the Eastern Antarctica in ICE4G than ICE6G run.

In glacial periods, the increase of the surface alkalinity and the decrease of

the surface TCO2, are caused by the decrease in pCO2 concentrations. As the

UVIc has the sediment scheme coupled with the oceanic model, it is argue that

the decrease of burial CaCO3 is related to the changes in the sediments . Higher

alkalinity anomalies were found in the deep ocean between ICE6G and ICE4G

simulations and can be linked with higher salinity in Pacific and Indian Basins. On

the other hand, the Atlantic Basin shows slighly higher concentration in the deep

ocean nutrients for ICE6G simulation than ICE4G.

The nutrient anomaly fields obtained by regressing the dominant PDO mode

onto TCO2, NO−

3 and PO3−
4 show similar spatial distribution, with negative ano-

malies in the Alaska gyre but positive anomalies in the western subarctic region. In

the North Atlantic great variability is found in the GIN seas, with negative anoma-

lies for both nutrients and TCO2, however, TA presented positive values, following

induced salinity pattern. The subtropical region experiences large anomalies for

both TA and TCO2„ but little changes for NO−

3 is related to the PDO positive

phase, which is related to induced changes in salinity and E-P flux.
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Abstract

The Southern Ocean are particularly vulnerable to climate changes. Atmospheric

CO2 fluctuations have been highly correlated with climate on million years time

scales, or caused or at least amplified, the climatic changes. Thus, two simulations

were done with the UVic ESCM 2.9 model for the LGM and MIS11c climate using

orbital forcing and CO2 prescribed for the ages. We have clearly identified the dif-

ferences between the decrease and increase of CO2 concentration in the Southern

Ocean. The LGM simulation, produces a colder, saltier and more alkaline Southern

Ocean than MIS11c. The MIS11c simulations, shows a reduced in O2 content with

respect to LGM may relative with less primary productivity and more CaCO3 dis-

solution.According MIS11c simulation, surface ocean carbonate factory is expected

to be more sensitive to a carbon oscillations due to increasing in the CO2 dissolved

in sea water. As expected, It will decrease the pH due to decreased alkalinity and

ion carbonate concentrations. In this scenario, the aragonite concentration in the

deep sediments would be more vulnerable to dissolution as a response of shoa-

ling of depth of aragonite saturation . The increase of CO2 dissolved in sea water

in MIS11c, decrease the pH and saturation depth of CaCO3 becomes more than

1000 meters shallower than found in the LGM simulation. This implies in a nega-

tive feedback of CO2 absorption with saturation horizon becoming shallower, less

Souther Ocean capacity has to uptake atmospheric CO2. Since the CaCO3 forma-

tion in the surface ocean and the dissolution in the deeper both affect TCO2 and

TA as also the pCO2. Our results indicated that, under high CO2 conditions the

surface of Southern Ocean appears to be more sensitive to a carbon perturbation,

generally due to decrease of ion carbonate concentration that leads a changes in

the carbonate buffer system that will results in a deepening more than 1000 m the

aragonite depth saturation in relation to MIS11c results..
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3.1 Introduction

The Pleistocene occurs between 2.6 ma and 10 ka ago and is distinguished by

oscillations between cold glacial and the warmer interglacial periods (Shackleton

and Pisias, 2013). Changes in the orbital forcing and CO2 concentrations are the

main drivers of these cycles. Ice core records have shown that atmospheric CO2

concentration has diversified between 50 - 100 ppm during the climate cycles of the

last 800 ka (Bereiter et al., 2015).

The most recent changes in CO2 concentrations ocurred in the last 12 ky BP,

between the end of the Last Glacial Maximum (LGM) and before the pre-industrial

era, suggesting that the atmosphere and oceans were in a state of quasi - equili-

brium in the concentrations of CO2 pressure. The interglaciais before 430 ka such

as Marine Isotope Stage (MIS) 13, 15, 17 and 19 are described by relatively lower

atmospheric CO2 ( 240 ppm), the most recent interglaciais, MIS1, 5, 9 e 11 with

slightly higher CO2 level ( 280ppm) (Lüthi et al., 2008).

The LGM is particularly important because of its maximum ice cover (Lowell

et al., 1995), with the lower quaternary sea level, about 135 m below that with

respect to today (Mix et al., 2001) and CO2 concentrations by about 185ppm (Clark

et al., 2009). Between the interglacials that occurred in the Pleistocene, special

attention is given to the MIS11c. It was the longest interglacial (409 and 423 ka),

characterized by low eccentricity and obliquity (Melles et al., 2012; Coletti et al.,

2015a). The CO2 concentrations were approximately 285ppm. The MIS11c has

been receiving attention because it may represent the future changes in the human

induced climate (Tzedakis, 2010; Coletti et al., 2015a).
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Since the future climate changes are expected to be more pronounced in the

polar regions (IPCC, 2014), the investigation of past environmental changes is

a key issue to elucidate future climate changes, especially in a warming world.

The relationship of atmospheric CO2 with balance between biological productivity

and ventilation of the deep Southern Ocean pointing to the leading role of the

high-latitude oceans as controller of natural CO2 concentrations (Sarmiento and

Toggweiler, 1984).

The oceans are the largest reservoirs of CO2 which essentially determine the

atmospheric CO2 concentrations. In addition, the exchange between biologic pro-

cesses and oceanic circulation determine the vertical and horizontal gradients of

nutrient and carbon concentrations.

The CO2 absorbed from the atmosphere is reserved as total dissolved inorganic

carbon (TCO2), organic carbon (Corg) and calcium carbonate (CaCO3). It has been

mentioned that the CO2 its ability to dissolve in seawater is directly related to its

pressure in the atmosphere and the density of the surface water, determined by

temperature and salinity. Oceanic CO2 time series show that the surface ocean

concentrations of CO2 following the atmospheric CO2 increase (Bates et al., 2014).

As more carbon dioxide is in the atmosphere, the greater the amount of this gas

dissolved in the surface of the oceans.

During interglacial periods the ability of oceans to uptake CO2 is decreased

in relation to the glacial periods because the solubility of CO2 in warmer waters

are lower (Broecker, 1982). Buchanan et al. (2016) point out that the biogeoche-

mical response of the oceans to LGM conditions is linked to increased salinity

and decreased temperature, leading to an increase in nutrient concentration (ie
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nitrate, phosphate, silica) and total alkalinity, reducing thus the concentrations of

atmospheric CO2. Cold water has low total alkalinity (TA) to TCO2 ratio that de-

creases with the degree of carbonate mineral saturation and modifies the carbonate

buffer system for further CO2 uptake or release (Takahashi et al., 2014; Shadwick

et al., 2013) . Additionally, the solubility of calcium carbonate minerals increases at

lower temperatures (Zeebe and Wolf-Gladrow, 2001).

Reconstructions of ion carbonate (CO2−
3 ) in the deep Southern Ocean are con-

sistent with exchanges by biological activity at the surface in a stratified ocean (Yu

et al., 2014). Its associated with the inventory of oceanic alkalinity, acts as key to

the atmospheric CO2 modulations in glacial and interglacial timescales. The late

Holocene interglacial reconstructions point the decrease of oceanic alkalinity with

declined oceanic CO2−
3 inventory, so the carbonate compensation contributes to

releasing the deep ocean CO2 during deglaciations (Yu et al., 2016).

The salinity increased of oceans in the ice ages due to sea ice formation and

is one of the opposite effects of the temperature changes in CO2 concentrations.

The largest accumulation of fresh water, a decrease in mean sea level, it is possible

evaluate that the global ocean in the Last Glacial Maximum (LGM) was about 3%

saltier than today (Fairbanks, 1989). Unlike glacial ages, the atmospheric CO2 is one

of the first parameters to be changed, into an interglacial period, almost coinciding

with the warming of the Southern high latitudes, which supports the origin of the

Southern Hemisphere for the glacial / interglacial CO2 shift (Sigman and Boyle,

2000).

This study, describes the impact of changes in the CO2 concentration and orbital

changes on the marine biogeochemical cycle in the Last Glacial Maximum and the
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interglacial Marine Isotope Stage 11c. The comparisons are based on two sensitivity

experiments with orbital forcing, CO2, the topography characteristic of the LGM

namely ICE6G (Argus et al., 2014; Peltier et al., 2015). These simulations provide

an additional perspective on the distribution of marine biogeochemical tracers, on

the Southern Ocean.

3.2 Climate model and simulations

The simulations have been conducted with the UVic ESCM version 2.9 (University

of Victoria - Earth System Climate Model). The UVic ESCM is a coupled model

of intermediate complexity that includes a general 3D oceanic circulation model

with 19 levels, coupled to a terrestrial model, a dynamic and thermodynamic sea

ice model and a simplified atmospheric model based on energy balance with one

level (Weaver et al., 1998). It has 1.8° of latitude and 3.6° of longitude. The bio-

geochemical module of the UVic ESCM uses predicted TCO2, Alkalinity, oxygen

and phosphate values following the Ocean Carbon Cycle Model Intercomparison

Project (OCMIP) protocol (Orr and Epitalon, 2015). The biogeochemical scheme is

a nutrient-phytoplankton-zooplankton-detritus (NPDZ) model (Schmittner et al.,

2005; Schartau and Oschlies, 2004).

The marine sediment component has 13 layers where the dissolution of CaCO3

to sediment assumes an instantaneous sinking of vertically integrated production

(Schmittner and Galbraith, 2008). Concentrations and burial rates of sedimentary

CaCO3 are presumed using the particulate inorganic carbon and particulate organic

carbon rain ratio (Archer, 1996). Only dissolution of oxic metabolic sedimentary
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CaCO3 is simulated by the sediment scheme and the processes are represented

using only oxic model of sediment respiration (Eby et al., 2009).

In order to investigate the marine biogeochemistry of carbon cycle, three sensi-

tives simulations were done. The present-day simulation (PD) was initialized from

the pre-industrial background applying the atmospheric CO2 concentration of the

380ppm and current orbital forcing.

The MIS11c (428-383 ky BP) climate used an atmospheric CO2 value of 285

ppm and orbital forcing as described in Table 3.1. The LGM (20 ky BP) climate

was obtained by setting the orbital parameters for 21 ka BP conditions (Tab. 3.1),

atmospheric CO2 value of 180ppm and the ICE6G ice sheet topography (Argus

et al., 2014; Peltier et al., 2015) as anomalies in respect to the PD topography.

The coupled model was integrated for 10.000 years to reached the quasi - equi-

librium state and the analysis focus on the last 100 years of the simulation after

the model has reached the equilibrium, characterized by stabilization of marine

nutrients.

Tabela 3.1: Orbital parameters for LGM, MIS11c and for the control (adapted from

(Berger and Loutre, 1991; Loulergue et al., 2008; Coletti et al., 2015a; NOAA, 2018)).

eccentricity obliquity precession CO2

LGM 0.018994 22.949° 114.42° 180ppm

MIS11c 0.01932 23.781° 277.67° 285ppm

PD 0.016724 23.446° 102.94° 380 ppm
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3.2.1 Carbonate System

The UVic ESCM marine biogeochemical cycle includes the inorganic carbon model

following the protocols of the Ocean Carbon-Cycle Model Intercomparison (OC-

MIP; (Orr, 1999). The output of simulation are concentrations of Phosphate (PO−3
4 ),

Nitrate (NO−

3 ), Dissolved Oxygen (O2), Total Alkalinity (TA), Dissolved Inorganic

Carbon (TCO2), temperature and salinity. Were used to calculate the fugacity con-

centrations of CO2 ( f CO2), pH, ion carbonate (CO2
3−) and bicarbonate (HCO−

3 )

and solubility of calcite (Ω) (Lewis and Wallace, 1998).

The CO2SYS is the first publicly and widely accepted available software package

for calculation parameters of the marine carbonate system. Currently other similar

software package for carbonate system calculation are available and the comparison

of these another packages has essentially the same results (Orr and Epitalon, 2015).

The chemical equilibrium of CO2SYS for the carbonate system can be described by

the following equation:

CO2 + H2O→H2CO3 (3.1)

H2CO3
K1
↔ H+ + HCO−

3 (3.2)

H+ + HCO−

3
K2
↔ 2H+ + CO2−

3 (3.3)

K1 and K2 are the first and second equilibrium constant of the carbonate system

respectively and are given as empirical functions of temperature and salinity taken
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from (Dickson, A.G., Sabine, C.L. and Christian, 2007):

K1 =
[HCO3] + [H+]

[CO2]
(3.4)

K2 =
[CO2−

3 ] + [H+]

[HCO3]
(3.5)

The carbonate ion concentration as a function of TCO2 is shown in equation 3.6:

[CO2−
3 ] =

[TCO2] + [K1K2]

[H+]2[H+]K2 + K1K2
(3.6)

In CO2SYS, f CO2 is calculated from the input of TCO2-pH according to the fol-

lowing equation:

f CO2 = TCO2x
[H+]2

[H+]2 + K1x[H+]K1K2/K0
(3.7)

Ideally, after air and water equilibrium, the CO2 in gas phase will go up and

down due to any changes in the concentration of dissolved CO2 (H2CO−

3 ) knowing

as Henry’s Law, described bellow;

Kh =
pCO2

CO2
(3.8)

where Kh is the equilibrium constant that depends on temperature and salinity.

The solubility product of calcite needs to be calculated. The solubility product

Ks p defines the concentration of [CO2−
3 and [Ca2+] in thermodynamic equilibrium

with solid calcite and can be outlined by the following equation
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Ksp = [Ca2+] + [CO2
3−] (3.9)

where K0 is the solubility coefficient of CO2 in seawater.

Oceanic [Ca2+] variations are quite small and closely proportional variations

in salinity. The relation between salinity and [Ca2+] has been taken from (Mucci,

1983). The calculate the saturation state of calcium carbonate (Ω), that is the func-

tion of carbonate ion concentration. The CaCO3 saturation state of seawater Ω can

be expressed as:

Ω =
[Ca2+] + [CO2

3−]

Ksp
(3.10)

Where Ksp is the solubility product constant for the specific CaCO3 mineral and

depends on salinity, temperature, and pressure. When Ω < 1 represents undersa-

turation where dissolution is more favorable and Ω > 1 are supersaturation and

benefit the precipitation.

3.2.2 Model, LGM and MIS11c Climate Validation

A spatial pattern of UVic ESCM control simulation with corresponding observati-

ons of GLODAP_v2, using Taylor diagrams (Taylor, 2001). As shown in Fig 3.1, the

data were analyzed separately between the global, SH, NH and the tropics. For the

global and SH mean, the correlation coefficients range between 0.78 (PO3−
4 ) and

0.99 (SST) with normalized standardized deviation close to 1. However, simulated

spatial pattern for the NH and the Tropical regions slightly deviations from ob-

servation and lower correlation for NO−

3 (r<0.4) and PO3−
4 (r<0.5). In short, UVic
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ESCM reproduces reasonably well the large-scale features of physical and marine

biogeochemical fields.

Figura 3.1: Taylor diagram comparing statistic pattern of annual mean fields
between UVic ESCM simulation control and corresponding GLODAP_v2 obser-
vations, including surface temperature, salinity, nitrate, phosphate, total alkalinity
and TCO2. All fields are normalized by the standard deviation of corresponding
observations. Indeed, observation fields have a standard deviation of one, which
is represented by REF (x label). The distance between the model points and the re-
ference point indicate the quadratic -root-mean-square (QRMS) difference between
model simulation and observations.

The LGM ice sheets based on ICE6G topography (Argus et al., 2014; Peltier et al.,

2015) is approximately higher by about 3000 meters than today in North America,

Scandinavia and Eastern Siberia (Figure 3.2a). Leading to a surface temperature

anomalies like -24◦C over North America compared to present day conditions (3.2

b). In Antarctica the changes are concentrated in the Weddell sea, Antarctica Pe-

ninsula and West Antarctic ice sheets that is approximately 1000 m higher than

today. Those changes in southern ice sheets are generally controlled by variations
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of global sea level and endorse the assumption that the ice sheets of Antarctic con-

tinent follow oceanic teleconnections due to variations in the Northern Hemisphere

(Huybrechts, 2002).

Changes in topography lead to sea level air temperature anomalies over North

America by about -24°C, in the LGM simulation as compared to present day con-

ditions and differences over the Fennoscandian ice sheet by about -18°C (Fig. 3.2b)

. Lower SSTs as compared to the PD are evident in the Nordic Sea region and

western north Pacific (Fig. 3.2 b) in consonance with the wind intensification.

In comparison with reconstructions of Southern Ocean sea surface temperature,

our LGM climate is 0.34 warmer that than deliverd by the Multiproxy Approach for

the Reconstruction of the Glacial Ocean Surface (MARGO, (Annan and Hargreaves,

2013)). By comparing to the CMPI3 ensemble (Schmitt, 2011), the differences show

that our LGM simulation is 1.1 °C colder than the CMIP3. Discrepancies between

the simulated LGM and paleo-reconstructions may reflect the high variability of

SST and the limited available number of samples.

In order to validate the results of MIS11c simulation, our results are compared

with the outcomes of Melles et al. (2012) and Coletti et al. (2015a). They calculated

the insolation at the top of the atmosphere (TOA) for the hottest month of sum-

mer(July) and the temperature at the location of Lake El’gygytgyn (172 °E and 67.3

°N).

The table (3.3) a good agreement is observed in the values presented by the UVic

simulation of MIS11c and those values proposed by Melles et al. (2012) and Coletti

et al. (2015a). The orbital configuration of MIS11c is characterized by the minima

eccentricity (Table. 3.3) producing a high-intensity summer insolation, with more

Capítulo 3 88



Figura 3.2: (a) Topography differences between LGM and PD simulations (km),
Sea level temperature anomalies (°C) between (b) LGM and PD, (d) MIS11c and
PD. (c) Monthly insolation anomalies simulation at the top of the atmosphere for
interglacial MIS11c (Wm−2) with respect to the current orbit.

than 50 Wm2 with respect to today (Melles et al., 2012; Coletti et al., 2015b). The

model experiments show that the insolation anomalies, differing in the Northern

and Southern Hemisphere compared to PD (3.2c). In the NH summer from + 35 to

50 Wm2 and 20 to + 40 Wm2 in the SH summer.

Tabela 3.2: Anomalies sea surface temperature from LGM-PD from the reconstruc-
tions for the Southern Ocean comparative.

Dataset SST Anomalies (°C)

UVic -2.23

MARGO (Annan and Hargreaves, 2013) -2.57

CMPI 3 (Schmittner et al., 2011) -3.42

The MIS11c warm climate possible lead to a reduction in the West Antarctic ice
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sheet and Greeland and may potentially contributed to increase sea levels up to 11

meters with respect to today (Raymo and Mitrovica, 2012). The Arctic also decrease

the sea ice amount and increase heat flux, allowing the intrusion of warmer water

into the Arctic basin from the North Pacific. (Cronin et al., 2013).

Tabela 3.3: Comparative for PD and MIS11c insolation at the top of atmosphere
between UVic simulation and Coletti et al. (2015a). The analyzes were done for
the point referring to the Lake El’gygytgyn for the month of greatest insolation
especially July, for surface temperature and TOA.

PD MIS11c - PD

TOA Wm2 SAT (°C) TOA Wm2 SAT (°C)

UVic 439 10.05 +40 - 55 +0.45

Coletti et al. (2015a) 445 10.3 +45 - 55 +0.5

3.3 LGM and MIS11c climate state

In presenting our results, we focus on the difference between the LGM and MIS11c.

So, first we show the simulated physical changes in the ocean and sea ice and then

present how the ocean biogeochemical fields differ between those climates changes.

Afterwards, we present some differences between LGM and MIS11c climate on the

Weddell Sea.

The UVic ESCM uses prescribed present day winds, it includes wind feedback

that has an empirical relationship, between the temperature and density of the

atmospheric surface. Any perturbation in the present climate, leads the model

calculate the affected air temperature and consequently anomalies in the surface

pressure. From those calculations anomalies of wind stress are added in the specific

mean fields of each coupling scheme of the model (Weaver et al., 1998). Indeed,

Capítulo 3 90



anomalies between the LGM and MIS11c wind speeds, show positive anomalies of

0.2 m/s in the Southern Ocean and 1 m/s in the Antarctic continent (not shown).

The wind increase in the LGM with respect to the MIS11c can be attribute to the

larger sea ice thickness, as well to increase ice sea cover in Antarctic (Fig. 3.2 d), as

suggested by Banderas et al. (2012) and Chavaillaz et al. (2013).

The mean sea ice thickness simulated for both LGM and MIS11c are present

in the figure 3.3. Associated with the lower sea surface temperatures (Fig. 3.4)

the coverage is larger in the LGM compared to the MIS11c as expected. However,

over the Antarctic coast around the West Antarctic ice sheet, the ice thickness is

higher in the MIS11c. The seasonal sea ice cycle for LGM (not shown) presented

the largest sea-ice thicknesses between September and October, and for MIS11c

between August and September. The maximum sea ice extent for the LGM reaches

42 °S in the Atlantic and Indian basin, and 50 °S in the Pacific basin. For MIS11c, it

goes to 55 °S in the Atlantic basin and 60 °S in the Pacific basin. Similar results are

found by Buchanan et al. (2016).

The anomalies in the Weddell Sea (Fig. 3.3c) shown values about 1.5 m higher

for LGM simulations. The Figure 3.3 shown a large amount of sea ice production

in the LGM on the East Antarctic coastal compared with MIS11c simulation being

in agreement with Kusahara et al. (2015); Kobayashi et al. (2015), they simulations

showed that the role of deep water formation during the LGM was in the East

Antarctica bordering maximum ice extent.

The MIS11c climate in our simulation is characterized by mean surface tempe-

rature of the Southern Ocean (bellow 40 °S) by about 5.7 °C and the LGM 3.6 °C

(table 3.4).
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Figura 3.3: Ice thickness for (a) LGM,(b) MIS11c, (c) anomalies. Note the nonlinear
bar label axes.

As expected, a latitudinal thermal gradient toward to the lower latitudes. Thus,

extremely intensified in the LGM. Based on the thermal wind assumption a strengthe-

ning of wind stress might be expected by modifying the heat flux exchange between

the amosphere and ocean.The meridional mean temperature (Fig. 3.4d,e,f) shows

that most of the Southern Ocean is colder in the LGM than MIS11c. It can be de-

monstrated that most of the Southern Ocean below 2000m is dominated by Antartic

Bottom Water (AABW) as part of the overturning lower cell. In the deep ocean, the

temperature in the LGM is between 0 °C to -4 °C, whereas in the MIS11c tempera-

tures range from 5 °C to -2 °C. The anomalies show its lowest value in the region
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Tabela 3.4: Surface mean values for Southern Ocean of physical and biogeochemical
parameters calculated with UVic ESCM and CO2SYS for control, MIS11c and LGM.

Variable PD MIS11c LGM

SST (°C) 5.8 5.7 3.6

SSS 34.6 34.52 35.01

TA (µmol/kg) 2223.4 2236 2367.65

TCO/2 (µmol/kg) 2123.2 2120 2091

PO3−
4 (µmol/kg) 1.23 1.26 1.32

NO−

3 (µmol/kg) 16.36 16.78 15.58

O2 (µmol/kg) 309.9 305.4 314.7

f CO2 (uatm) 345 290.8 188.81

HCO2−
3 (µmol/kg) 1788.39 1848.2 1772.21

CO−

3 (µmol/kg) 223.61 197.65 239.85

pH 8.16 8.14 8.45

Ω calcite 7.21 4.73 5.73

Ω aragonite 7.21 3.02 3.68

55 ° C which extends to approximately 800m (-3 °C).

The salinity in the Southern Ocean has an average of 34.5 for the MIS11c and 35

for the LGM (table 3.4). The East Antarctic region presents the largest anomalies,

that are higher than 0.3 (Fig. 3.5 c). This high salinity in the LGM is related to

the increase of brine rejection associated with more prone conditions for the sea ice

formation. The large amount of sea ice is formed in the vicinity of East Antarctica

(Fig. 3.3) and Kusahara and Hasumi (2013) suggests that deep water formation

may be occurred there in the LGM, as found in our study.

The comparison between the LGM and MIS11c simulations, show positive ano-

malies along the vertical ocean column (Fig. 3.5f), implying that the salinity stratifi-

cation was weakened in the deep Southern Ocean in the LGM, because larger ano-
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Figura 3.4: Temperature in °C for the surface (a) LGM,(b) MIS11c, (c) anomalies
and averaged meridional crosscut for (d) LGM, (e) MIS11c and (f) anomalies. Note
the nonlinear vertical axes, used to zoom in on the upper ocean layers. Hachured
areas are statisticaly significant at the 95% level.

malies are evident in the upper levels. This enhanced convection in the Southern

Ocean is claimed to be one cause for more oceanic carbon during the LGM with res-

pect to the interglacial ages (Toggweiler, 1999). Less saline region between 1500m

and 2000m may indicate the presence of Antarctic intermediate water (AAIW).

Changes in surface ocean features during the MIS11c and LGM affected the

meridional overturning circulation. Reconstructions of the past climate have shown

that both climates and the AMOC have changed in the past.

The AMOC pattern (Fig. 3.6) shows a weakening of AMOC in the LGM (Fig.

3.6a) the upper cell well remains as North Atlantic Deep Water (NADW) is shal-

lower as compared to its counterpart in the MIS11c. The maximum NADW is also

weaker in the LGM than in MIS11c by almost 10 Sv (Fig. 3.6b). We can observe

a considerable subduction and northward flow of the LGM intermediate water
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Figura 3.5: Same as Fig. 3.4 for Salinity . Note the nonlinear vertical axes, used to
zoom in on the upper ocean layers.Hachured areas are statisticaly significant at the
95% level.

between 2000 and 3000 meters. Our results are consistent with proxy data from

LGM, that suggested a shallower NADW and an AABW reaching farther in the

NH (Duplessy et al., 1988; Lippold et al., 2012; Ferrari et al., 2014; Lippold et al.,

2016).

The LGM temperatures are lower up to approximately 50 °S between two scena-

rios in the (Fig. 3.4 c). Temperature anomalies (close to 0 °C) bordering Antarctica

are related to the ice cover that in both runs (MIS11c and LGM) hamper the drop

in SSTs (Fig.3.3). However,the lowest temperature anomalies are found in the area

corresponding to the Antarctic Polar Front (APF) (Orsi et al., 1995) with Values by

about -4 °C.
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Figura 3.6: Atlantic Meridional Overturning in Sv for: a) LGM, b) MIS11c and c)
LGM - MIS11c.

3.3.1 f CO2 exchange processes

It may be argued that those climate changes discussed above might have an impor-

tant impact on the oceanic biogeochemistry in the Southern Ocean in the LGM and

in the interglacial periods, the MIS11c. The global mean values of the ocean sur-

face CO2 fugacity ( f CO2) for the LGM simulation is 188.1 ppm and for the MIS11c

simulation 290.2 ppm (table. 3.4). The areas of highest concentration of f CO2 are

associated with the release of CO2 to the atmosphere while oceanic CO2 uptake are

associated with the low concentration regions of f CO2 (if f CO2ocean < f CO2atm).

The values were calculated according to the equation 3.7. As expected, maxima

values for both LGM and MIS11c simulation of the f CO2 found in the Equator and
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Figura 3.7: Annual mean surface ocean pCO2 (ppm) calculated by CO2SYS for
(a)MIS11c and b) LGM.

in the eastern boundary currents along the Pacific cold tongue, the guinea Gulf

in Africa and in the nothern Indian Ocean (Fig. 3.7) similar findings have been

reported by Kubota et al. (2014). In addition to SST and SSS, changes of TCO2 can

also contributed to the decrease of glacial f CO2, so the efficiency of ocean solubility

pump would act to increase the ocean’s uptake of atmospheric CO2 during the

LGM. In the MIS11c simulation the increase of f CO2 is driven by higher SST and

low SSS, however in the equatorial and coastal regions the upwelled nutrient-rich
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waters plays a significant role.

The low concentrations found in the Southern Ocean (with the exception of

Weddell Sea), especially near the Drake Passage, which corresponds to low salinity

(Fig. 3.5) and low alkalinity (Fig. 3.11) for the MIS11c simulation. Despite of, the

Southern Ocean is characterized by values of f CO2 bellow or equal to the mean

concentrations for both LGM and MIS11c simulations, consistent with deep water

formation. In the NH another low-concentration zone of f CO2 is located above 50

°N in Atlantic and the Pacific basin for both simulations, since the Arctic Ocean

acts as CO2 sink.

3.3.2 Biological production

The decrease of SST in the LGM relative to MIS11c simulation results in reduced

O2 concentration in the Austral polar waters (Fig. 3.8). The average of O2 in the

LGM simulation is 261.25 µmol/kg and 253.52 µmol/kg in the MIS11c run. The

lower ventilation and the increase of primary productivity (Lu et al., 2016) over

interglacial enhances the water column stratification in glacial periods. Differences

between LGM and MIS11c shows of O2 negative anomalies on the surface (between

75 °S and 60 °S), with an increase in 1000 m - 2000 m possibly related to the

increase subduction of AABW. Increased respiratory CO2 in the glacial deep sea is

consistent with reduced dissolved O2 concentrations in the glacial deep Southern

Ocean(Fig. 3.8f). It also agrees with inferences of increased biological efficiency

and enhanced efficiency stratication in the glacial ocean (Yu et al., 2014).

Concentrations of NO−

3 and PO3−
4 on the surface of the Southern Ocean (Fig.

3.10, 3.9) are similar for both simulations. The Southern Ocean surface mean (Ta-
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Figura 3.8: O2 in µmol/kg for the surface (a) LGM,(b) MIS11c, (c) anomalies and
averaged meridional crosscut for (d) LGM, (e) MIS11c and (f) anomalies. Note the
nonlinear vertical axes, used to zoom in on the upper ocean layers.

ble 3.4) for nitrate are 4.41 (5.22) for LGM (MIS11c) and for phosphate 0.68 (0.65)

µmol/kg for LGM (MIS11c). Interestingly, concentrations are higher for LGM than

for MIS11c in the Weddell Sea. High latitudes, especially in the Southern Ocean,

have a maximum of nutrients. In intermediate deep ocean, noted that negative

anomalies are found for NO3.

Vertically analyzed, the PO3−
4 is well marked (Fig. 3.10). In the first 1000 meters

the concentrations are lower, but below 1000m there is an increase of concentrations

in the LGM (Fig. 3.10f). The anomalies pattern shows a dipole characterist, in

which the LGM shows lower (high) PO3−
4 concentration in the western (eastern)

hemisphere with respect to the MIS11c. It has to be mentioned that the PO3−
4

anomalies match nicely with SSS patern (Fig. 3.5).

The increase in PO3−
4 concentrations in the LGM simulations of Southern Ocean,
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fits with the increase of the subduction PO3−
4 rich AABW water transfering the

phosphate to the abyssal zones and consequently reducing the concentrations in

upper ocean. Analyzes of δ13C of Southern Ocean indicate a high concentration

of nutrients (ie. NO−

3 , PO3−
4 and Si) above 1500 - 2000 m depth during the LGM

(Marchitto and Broecker, 2006; Tagliabue et al., 2009). These results are consistent

with our simulations (Fig. 3.9f and 3.10f).
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Figura 3.9: NO−

3 in µmol/kg for the surface (a) LGM,(b) MIS11c, (c) anomalies and
averaged meridional crosscut for (d) LGM, (e) MIS11c and (f) anomalies. Note the
nonlinear vertical axes, used to zoom in on the upper ocean layers.

Figura 3.10: PO3−
4 inµmol/kg for the surface (a) LGM,(b) MIS11c, (c) anomalies

and averaged meridional crosscut for (d) LGM, (e) MIS11c and (f) anomalies. Note
the nonlinear vertical axes, used to zoom in on the upper ocean layers.
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3.3.3 Carbonate Chemistry

The distribution of TA concentrations in the Southern Ocean for LGM and MIS11c

are shown in figure 3.11 and 3.12. The spatial pattern of surface ocean TA and

TCO2 are similar in the two simulations, the differences are in their concentrations.

While TA in the LGM (Fig. 3.11c) are much higher than MIS11c, TCO2 concentra-

tions are slightly lower than MIS11c throughout the region, with the exception of

Weddell Sea, where positive anomalies up to 40 µmol/kg are found. Differently,

concentrations of TCO2 in the LGM (Fig. 3.12c) are lower in the Southern Ocean

compared to MIS11c, in exception of the Weddell Sea. The surface average (table.

3.4) of Southern Ocean for TA (TCO2) is 2367.65 (1988.03) µmol/kg and 2345.04

(2018.68) µmol/kg for LGM and MIS11c, respectively.

Figura 3.11: TA in µmol/kg for the surface (a) LGM,(b) MIS11c, (c) anomalies and
averaged meridional crosscut for (d) LGM, (e) MIS11c and (f) anomalies. Note the
nonlinear vertical axes, used to zoom in on the upper ocean layers.

The surface concentrations of TCO2 are driven mainly by temperature (Fig. 3.4),
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whereas TA concentrations are primarily a reflection of salinity (Fig. 3.5, as can be

seen for both simulations. The low salinity in the ≈ 55 °S latitudinal belt, induced

by sea ice melting formation leads to a decrease of TA concentrations in the MIS11c

in respect to the the LGM simulation. It should be enphatized that the MIS11c

values is smaller than those delivered by the LGM simulation in the whole water

column.

Turning to TCO2 evaluation, high temperatures, low TA and low CO2 uptake

in the MIS11c, generally results in high concentrations of TCO2 for the entire basin

as compared to the LGM (Fig. 3.19). The opposite occurs in the LGM simulations

(Fig. 3.12f), where the low temperatures raise the TA concentrations, however, the

TCO2 decrease in the entire water column in the Southern Ocean. This decoupling

may be due to decreased biological productivity with less transport of organic

carbon from the surface down into the ocean, or perhaps by the decrease of CO2

concentration of the surface in general. The reduced CO2 concentrations between

interglacial (285 ppm) to glacial (185 ppm) implies in a forced balance of the oceans

surface, which consequently reduces the TCO2 concentrations (Matear et al., 2015).

The differences between TA and TCO2 concentrations especially in intermediate

waters of the Southern Ocean are related to remineralization of organic matter.

The maximum concentration of TA occurs deeper than that for TCO2 due to the

higher influence of the biological pump on the remineralization of organic carbon,

because TA is more influenced by the dissolution of the CaCO3 particles in the

water column (Chung et al., 2003).

Since the concentrations of Ca2+ in the oceans are nearly uniform, the solubility

of CaCO3 is often described in terms of CO2−
3 concentrations. The calcium car-
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Figura 3.12: TCO2 in µmol/kg for the surface (a) LGM,(b) MIS11c, (c) anomalies
and averaged meridional crosscut for (d) LGM, (e) MIS11c and (f) anomalies. Note
the nonlinear vertical axes, used to zoom in on the upper ocean layers.

bonate (CaCO3) in the oceans is mostly formed on the surface through limestone

microorganisms (ie, foraminifera and cocolitoforid). During the calcification pro-

cess, these organisms reduce TA and the dissolved organic carbon of the surface,

after death these microorganisms, shells precipitate along the water column and

also transporting organic matter into the deep ocean. At the time of this precipita-

tion, the shells can be dissolve driven the increase of TA and TCO2 into the deep

ocean that had been incorporated into the surface.

The ocean pH is controlled by the chemistry of CaCO3 and play an important

role to regulating the CO2 concentrations. When CO2 dissolves in seawater (eq.3.1)

forms carbonic acid (H2CO3) its reacts with the pH in order to stabilize the con-

centrations. As we see in the figure 3.13 the pH was higher in the LGM than in the

MIS11c. The average surface pH (table. 3.4) in the Southern Ocean of the LGM was

Capítulo 3 104



8.45 while for the MIS11c was 8.14, a decrease of 0.31. This results are in agreement

with Ridgwell (2011); Heinze and Ilyina (2015), that found in late Paleocene climate

that was warmer than today, a lower pH (0.45) where the waters were more acidic,

consistent with an increase of CO2 concentrations.

Figura 3.13: pH for the surface (a) LGM,(b) MIS11c, (c) anomalies and averaged
meridional crosscut for (d) LGM, (e) MIS11c and (f) anomalies. Note the nonlinear
vertical axes, used to zoom in on the upper ocean layers.

Equations 3.4 and 3.5 describe the chemical ocean buffer system which is basi-

cally a combination of dissociation reactions in order to eliminate H2+ sources for

seawater, however, according to Henry’s Law (eq. 3.8) the removal of CO2 as in the

glacial ages, tends to change the reaction (eq. 3.2) to the left decreasing production

of H2CO3 and the oceans have 10% more CO2−
3 than H2CO3 and about 90% reacts

with CO2−
3 is to form HCO3. It is expected a decreases the concentrations of HCO3

and an increasing of CO2−
3 concentrations in glacial times, as we can see in figure

3.14.
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The decrease of pCO2 in LGM simulations and well documented in ice core data

demands a glacial increase of CO2−
3 essentially in ocean surface (Fig. 3.14). As we

see above, lower CO2 atmospheric in LGM causes a shift from HCO−

3 to CO2−
3 , and

unlike higher CO2 in MIS11c simulation change backwards (Fig. 3.14 and 3.15).

The increase (decrease) of CO2−
3 : TCO2 ratio in LGM (MIS11c) simulation, can

increase (reduced) the oceanic buffer capacity for CO2 pertubations. So, we can

clearly see what happens in interglacial periods like MIS11c, the increase of pCO2

with the consequent increase of consumption of CO2, increases the production of

HCO3 (Fig. 3.15) and consumption of CO2−
3 (Fig. 3.14) to compose the carbonate

carcass of the marine plankton. This increase in pCO2 also promotes the decrease

of pH (Fig.3.13) with the highest increase of available H+ ions.

Figura 3.14: CO2−
3 in µmol/kg for the surface (a) LGM,(b) MIS11c, (c) anomalies

and averaged meridional crosscut for (d) LGM, (e) MIS11c and (f) anomalies. Note
the nonlinear vertical axes, used to zoom in on the upper ocean layers.

The dissolution of CaCO3 is dependent on the saturation state of seawater Ω
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with respect to aragonite or calcite (Sarmiento and Gruber, 2007), the seawater

saturation Ω can be defined by the product of CO2−
3 and Ca2+ ion concentrations

as a product at the in situ temperature, pressure and salinity (Chung et al., 2003).

Figura 3.15: HCO3 in µmol/kg for the surface (a) LGM,(b) MIS11c, (c) anomalies
and averaged meridional crosscut for (d) LGM, (e) MIS11c and (f) anomalies. Note
the nonlinear vertical axes, used to zoom in on the upper ocean layers.

The representation of calcium carbonate (CaCO3) chemistry on the ocean sur-

face in this study will be through the saturation state of aragonite (Ω), which is a

widely used indicator rates of calcification (Langdon et al., 2000). Surface Ω was

always supersaturated (Ω >1), ranging between 1.34 to 3.6 for MIS11c and 1.4 to 4.8

for LGM. The average over Southern ocean (table. 3.4) was 3.02 (3.68) for MIS11c

(LGM) . Surface Ω aragonite showed similar spatial distribution to sea surface tem-

perature (Fig. 3.4) with Ω being highest where the surface ocean was warmest.

The highest values in the region between 40 °S and 55 °S for LGM and between

40 °S and 45 °S for MIS11c. The surface Ω behaviour is higher in the subtropical
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regions and lower in the high latitudes. Changes between the LGM and the MIS11c

(Fig. 3.16c) shows higher values at the surface than deep ocean (Fig. 3.16f). The

high surface Ω in the LGM simulations can be explained by the low concentrations

of f CO2, reduction of the TCO2 concentration in the surface and also increase of

the pH (Fig. 3.13) which leads to an increase of Ω an inverse process of ocean

acidification.

Figura 3.16: Ω CaCO3 for the surface (a) LGM,(b) MIS11c, (c) anomalies and ave-
raged meridional crosscut for (d) LGM, (e) MIS11c and (f) anomalies. Note the
nonlinear vertical axes, used to zoom in on the upper ocean layers.

The Southern Ocean calcite saturation depth for LGM and MIS11c are shown

in the figure 3.17. We can observe that for the interglacial period of the MIS11c the

depth of saturation is of 1674 m, whereas for the LGM depth was of 2600 m.

The shoaling of aragonite horizontal saturation (AHS) in MIS11c is associated

with oceanic equilibrium due to increased atmospheric CO2 and decreased TA.

Unlike, the simulations of LGM, the great decrease of CO2 acting with the increase
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of alkalinity and further deepening the ASH. The depth of the LGM simulation was

about 1000 meters deeper than found in the MIS11c. The elevated temperatures

of the MIS11c relative to the LGM (Fig. 3.4) leads a decrease in the saturation

concentrations of CO2−
3 and this would lead to increased of Ω .

Figura 3.17: Depth profile of Ω aragonite on Southern Ocean. Black line for LGM
simulations and red for MIS11c. Gray line for Ω = 1 are the Aragonite Saturation
Horizon (ASH), dashed lines show the depth of ASH for each simulation.
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3.3.4 Characteristics in the Weddell Sea

The Southern Ocean variability discussed above demonstrates that the Weddell Sea

experience largest differences between the LGM and MIS11c simulations. In order

to investigate this in more details, this section presents the vertical distribution

of components of the biogeochemical cycle for the Weddell Sea in the LGM and

MIS11c periods.

The Weddell Sea (60 °W to 20 °E and 55 °S to 75 °S) plays a key role in the global

thermohaline circulation through the abyssal ventilation of the oceans (Rahmstorf,

2002). The Weddell Sea is one of the most important source for AABW formation

(Orsi et al., 1993; Williams et al., 2019). In this region, water masses are formed

derived from the AABW, such as Warmer, Deep Water (WDW), Weddell Sea Deep

Water (WSDW) and Weddell Sea Bottom Water (WSBW). The WDW is relatively

warmer and saltier than WSDW and WSBW, range between 200 to 1500 meters, the

WSDW is found bellow of WDW and WSBW occupies the bottom layer of deep

Weddell Sea (Fahrbach et al., 2011).

Figure 3.18 shows the vertical profile of temperature (a), salinity, O2, PO3−
4 and

NO−

3 . The temperature maximum within the Weddell Basin range between -0.75

°C to +1 °C for MIS11c and -2 °C to -1 °C for LGM. For the salinity the range

diversify between 34 to 34.6 and 34.4 to 34.8 for MIS11c and LGM respectively. The

temperature and salinity profile in the water column (Fig. 3.18a and b) shows for

MIS11c that the mixed layer is separated by a intense pycnocline from 100 - 200

m which can corresponded to the to WDW (Fahrbach et al., 2011). Considering

that the WDW formation was reduced in the glacial times (Grobe and Mackensen,
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1992; Pudsey, 1992) due to greater sea-ice cover, it is not possible to identify this

profile in our LGM simulation. The dominated by the WDW is poorly oxigenated

(Fig. 3.18 c) but nutrient rich water mass (Fig. 3.18d and e). The slowly decrease

of temperature and salinity for both simulations may represent a branch of the

AABW, correspondent to the WSDW. Since, the AABW is a rich oxigen water mass

(Broecker et al., 1998), note the Figure 3.18 c an increment in oxigen concentrations

for both simulations, between 3000 - 5000 m may corresponde to the WSDW.

Figura 3.18: Globally averaged of Weddell Sea vertical profiles of temperature (°C),
salinity, oxigen, phosphate and nitrate (all in µmol/kg ).Black lines show LGM
distributions; red lines show MIS11c concentrations calculated within UVic expe-
riments. Note the nonlinear vertical axes, used to zoom in on the upper ocean
layers

The concentrations of PO3−
4 and NO−

3 , are shown in figure 3.18 d and e. PO3−
4

shows higher concentrations in the first 100 meters in LGM simulation than in the

MIS11c. Concentrations at surface levels range from 2µmol/kg and 2.2 µmol/kg,

to 2.4 µmol/kg e 2.45 µmol/kg in the deep ocean for MIS11c and LGM, respec-
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tively. The region of the WDW shows concentrations of PO3−
4 very simular for

both simulations, with an increase of 0.15 µmol/kg for LGM and 0.30 µmol/kg for

MIS11c simulation, remaining almost constant up to 3000 m, where they increased

again. Turning to the NO−

3 , the concentrations range between 26 µmol/kg to 28

µmol/kg at surface to 32 µmol/kg and 33.5 µmol/kg in the deep ocean for MIS11c

and LGM, respectively. The NO−

3 has higher surface concentrations for the LGM

simulation, in contrast, below 200 meters,there is an increase for MIS11c simula-

tion, can be explained by the nitrate uptake by phytoplankton, where the supply to

the surface layer was inhibited by a rise of the pycnocline for the LGM than MIS11c

simulation.

The 3.19 show de carbonate chemistry in the Weddell Sea. For the upper le-

vels the LGM simulation shows high TA (Fig. 3.18a) range from 2400µmol/kg to

2425µmol/kg in the deep ocean. The MIS11c simulation shows for TA values that

ranges from 2345 µmol/kg to 2410 µmol/kg in the deep layer. Decrease of TCO2

in the surface (almost 50 meters) (Fig. 3.18a) and a increment in the water column

from 2200 µmol/kg to 2300 µmol/kg for LGM simulation, can be attributed to

increase of salinity and the precipitation of CO2 in deeper layers. Since, CO2 at-

mospheric concentrations is out-of-phase with alkalinity and correlated with TCO2,

high (lower) CO2 concentrations leads to a decrease (increase) the TA and decrease

(increase) TCO2 (Fig. 3.19 b), however, MIS11c has lower concentrations than found

in the LGM simulation.

The CO2−
3 and HCO−

3 (Fig. 3.19 c and d) have the expected pattern as higher

concentrations throughout the water column of the CO2−
3 compared to HCO−

3 for

the LGM in relation to the MIS11c simulation. This is mainly due to the concentra-
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tion of CO2 on the surface and its absorption via carbon pump. The absorption of

CO2 in the interglacial periods by the oceans alters the chemistry of seawater and

rise the TCO2 and HCO−

3 , with an reduced of CO2−
3 and calcium saturation degree

(Ω) and pH (Zeebe and Wolf-Gladrow, 2001; Caldeira and Wickett, 2003).
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Figura 3.19: Same as Fig. 3.18 but for TA, TCO2, carbonate, bicarbonate (all in µmol/kg ), pH and Ω CaCO3. Black lines show
LGM distributions; red lines show MIS11c concentrations calculated within UVic experiments and CO2SYS. Gray line for Ω = 1
are the Aragonite Saturation Horizon (ASH), dashed lines show the depth of ASH for each simulation. Note the nonlinear vertical
axes, used to zoom in on the upper ocean layers.
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Many models demonstrate elevated deep ocean CO2−
3 concentration for part of

the glacial CO2 decrease (Toggweiler, 1999; Sigman et al., 2010) conducted by high

surface alkalinity. High surface alkalinity leads to an increment of pH concentrati-

ons, as we see in Figure 3.19 e. The pH in surface of LGM simulation for Weddell

Sea are 8.2 and reaches 7.9 in the deep ocean. The MIS11c simulation, the surface

pH are 8.1 and 7.75 in the deep ocean. Note the pH vertical distribution for both

simulations, generally show a pronounced minimum with a maximum of tempe-

rature (Fig. 3.18a) and salinity (Fig. 3.18 b). The similar vertical pattern of CO2−
3

between both simulations suggests that increasing the gradient between surface

and deep ocean requires a large amount of CO2 stored in the deep sea, probably

due to remineralization of matter organic (Yu et al., 2014).

The ocean surface of Ω was always supersaturated (Ω >1). In the LGM Ω was 2

and in the MIS11c simulation was 1.6. The saturation depth of aragonite (Fig. 2) for

MIS11c was 1288 m and 2542 m for the LGM, being 1254 m deeper, corresponding

to the difference between the concentrations of CO2−
3 of 40 µmol/kg between both

simulations. In fact, the saturation horizon of calcium carbonate is related to the

depth of abrupt pH decrease (Fig. 3.19 e). That is, the decrease of the pH makes

the waters more acidic, thus favoring the dissolution of CaCO3.

Our results is in agreement with Rickaby et al. (2010); Sigman and Boyle (2000),

where the increase of alkalinity in the glacial periods than interglacial changes the

carbonate accumulation. The deeper the ASH in LGM than MIS11c, increase the

carbonate accumulation in the deep ocean confine more CO2. Indeed, when the

transition of glacial to interglacial peridos occurs, degassing of CO2 from the ocean

provide a trigger to rise pCO2 in warmer climates. Areas where they are found
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elevated surface pH and Aragonite Ω values, correspond to lower NO−

3 in the

surface suggesting high biological activity with high CO2 uptake.
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3.4 Summary and Conclusions

Modeling the Earth’s climate is a challenge due to the complex climate system

features. This study investigates the interglacial period of MIS11c (428-383 kyr BP)

and the LGM, where CO2 concentrations differ to those found in the pre-industrial

period.

Since the Southern Ocean is particularly susceptible to climate changes, com-

paring the two simulations, the LGM due to lower temperatures on surface to the

ocean floor as well as higher salinity and lower stratification. Thus, the LGM is do-

minated by AABW and larger storage of CO2 in SO during LGM than interglacials.

The response of biogeochemical cycle to the simulated LGM and MIS11c on SO

has shown a large increase of surface oxygen southeward 55 °S and a decrease in

west Antarctic region (in particular in the Weddell Sea). Analyses for the NO3,

PO3−
5 , TCO2 and TA demonstrates that they are closely linked as response of a de-

crease or increase CO2 concentrations, between atmosphere and ocean surface. The

SO deep ocean show a large increase in the vertical gradient of these species due

to increase of AABW. The deep ocean CO2−
3 and HCO3 is linked to processes that

affect carbon reorganization in the surface ocean and it is in response to changes in

carbonate buffer system causing changes in pH and mainly in the saturation depth

of CaCO3.

The uptake of CO2 into the oceans is controlled primarily by the concentration

of CO2−
3 into the water column. This feedback with an increase of CO2 concentra-

tions in the sea water is what we call ocean acidification. The opposite is expected

in the glacial periods, as the low concentrations of CO2 are related to the increase
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in pH, CO2−
3 e da TA. Because increasing deep water CO2−

3 concentrations would

promote a deep-sea CaCO3 preservation with increase of depth of in aragonite sa-

turation (Fig. 3.16) between LGM and MIS11c, thus deplete oceanic TA inventory

with CO2−
3 rise likely reflects of decrease TCO2 (Yu et al., 2013, 2014).
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Capítulo 4

Perspectivas Futuras

• Melhorar as simulações do MIS11c e de outros interglaciais, com inserção de

topografias e batimetrias.

• Analisar comparativamente os efeitos das forçantes orbitais e de concentração

do CO2 entre outros interglaciais, com cenários do presente e do futuro

• Quantificar a importância do Oceano Austral na absorção e liberação de CO2

nos períodos interglaciais e qual a reação da biogeoquímica oceânica nesses

cenários, principalmente devido ao processo de acidificação oceânica. Ten-

tando entender qual a resposta dos oceanos para se restaurar equilíbrio.

• Setorizar o Oceano Austral e analisar individualmente a importância e as

contribuições dos Mares Antárticos.

• Analisar comparativamente outros modelos biogeoquímicos acoplados.
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