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RESUMO 

SOUZA, Ivan Francisco de, D.Sc., Universidade Federal de Viçosa, abril  
de 2016. Assessing the role of texture and mineralogy on organic 
matter protection and cycling in Oxisols. Orientador: Ivo Ribeiro da 
Silva. Coorientadores: Emanuel le M. B. Soares, Raphael B. A. Fernandes 
e Leonardus Vergütz. 

Em escala global, os estoques de carbono orgânico do solo (COS) 

preservados na forma de matéria orgânica (MOS), representam valores 

superiores à soma de todo o C presente na forma de CO2 na atmosfera e 

na vegetação. Portanto, em um cenário de aumentos dos níveis de CO2 

atmosférico e seus possíveis efeitos na temperatura m édia global, o 

entendimento dos fatores que regulam os estoques de COS se faz 

essencial.  Apesar do grande número de fatores que regulam os estoques 

da MOS no solo, promover o sequestro de C tem sido considerado fator 

chave para a mitigação dos níveis de CO2 atmosférico. Por outro lado, os 

solos também podem contribuir para elevar ainda mais os níveis de CO2 

atmosférico, caso ocorra aumento significat ivo nas taxas de 

decomposição da MOS em resposta ao aumento da temperatura m édia 

global (feedback positivo). Até então, a comunidade cient ífica não tem 

respostas completas para estas questões fundamentais. Apesar disso, 

importantes avanços conceituais e tecnológicos nos últ imos 20 anos, 

contribuíram de modo significat ivo para o entendimento da dinâmica da 

MOS. Consequentemente, ao invés de assumir que a MOS pode resist ir a 

decomposição apenas por sua composição química, existem indícios 

significat ivos que mecanismos físicos e químicos que operam na 

interface mineral -orgânica, exerce papel fundamental na persistência de 

compostos orgânicos em solos. Além disso, estes mecanismos podem ser 

considerados solo-específicos e por isso, nosso estudo foi baseado na 

investigação destes processos em Latossolos. Estes solos predominam em 

ecossistemas tropicais e sua mineralogia é dominada por argilas de baixa 

atividade. Os objetivos específicos deste trabalho foram (i) inferir a 

capacidade para o acumulo de COS em função da textura e satur ação por 

C (i.e. redução da eficiência de conversão de l i tter -C em MOS associada 

aos minerais da fração <53 µ m, com o aumento das doses de C 

aplicadas); (i i ) inferir a influência dos minerais na fração <53 µ m na 
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formação e persistência da MOS associada aos  minerais em Latossolos.  

Neste estudo, avaliou-se a incorporação de C e N fração <53 µ m em 

adicionados via l i tter de plantas de eucalipto duplamente marcadas com 

os isótopos estáveis 13C e 15N, em experimento de incubação conduzidos 

por 12 meses. No capitu lo 1, avaliou-se a incorporação do 13C na fração 

<53 µ m em função da textura e saturação por C. Nesta etapa do trabalho, 

ficou demonstrado o efeito da textura na capacidade de acúmulo de C e a 

saturação por C da fração <53 µ m. Além disso, a textura do solo afeta os 

mecanismos de proteção da MOS, com possível aumento da proteção 

física de compostos em função da agregação de partículas com o aumento 

do teor da fração <53 µm. No segundo capitulo, avaliou-se a 

incorporação dos isótopos (13C e 15N) em função da mineralogia da 

fração <53 µ m. Nesta etapa, demonstrou-se que os óxi -hidróxidos de Al 

e Fe de baixa cristalinidade são os principais componentes da matriz 

mineral envolvidos na formação de associações organo -mineral em 

Latossolos. Devido à baixa concentração dos óxi -hidróxidos de Al e Fe 

de baixa cristalinidade na fração <53 µ m e sua importância para proteção 

da MOS, sugere que os estoques de C nestas regiões podem ser muito 

sensíveis a alterações ambientais. Portanto, pesquisas adicionais são 

necessárias para avaliar  a ocorrência destas associações organo-mineral 

em solos tropicais, bem como sua sensibil idade frente a mudanças 

climáticas e possíveis impactos na taxa de ciclagem da MOS em 

Latossolos. No terceiro capítulo, uti l izou-se scanning transmission 

eléctron microscopy (STEM) para a aval iar a composição elementar das 

associações organo-mineral em um Latossolo húmico. Neste estudo, 

demonstrou-se boa correlação espacial entre a MOS e os óxi -hidróxidos 

de Al e Fe. Além disso, ao se submeter amostras da fração <53 µ m ao 

tratamento térmico, observou-se que as reações de desidroxilação dos 

óxi -hidróxidos de Al e Fe foi acompanhada de reações de oxidação da 

MOS. Estes dados corroboram os dados da distribuição espacial da MOS 

e confirma existência de associações entre os óxi -hidróxidos de Al e Fe e 

compostos orgânicos em Latossolos. Portanto, estes trabalhos contribuem 

para melhorar o atual entendimento acerca dos fatores que controlam a 

formação e persistência de associações organo-mineral em Latossolos. 
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ABSTRACT 

SOUZA, Ivan Francisco de, D.Sc., Universidade Federal de Viçosa, 
April, 2016. Assessing the role of texture and mineralogy on organic 
matter protection and cycl ing in Oxisols. Adviser: Ivo Ribeiro da 
Silva. Co-advisers: Emanuel le M. B. Soares, Raphael B. A. Fernandes 
and Leonardus Vergütz. 

Worldwide, the soi l organic carbon (SOC) stock accounts for more C in 

the form of organic matter (SOM) than the total C in the atmosphere and 

in the biomass combined. Therefore, in a context of increasing levels of 

atmospheric CO2 and its possible impacts on the average global 

temperature, understanding the factors controll ing SOC stocks is key. 

Despite the large number of factors regulating SOM stocks, managing 

soil C sequestration is thought to be crit ical for offsetting the excess of 

atmospheric CO2. Otherwise, soils also could further contribute to 

increase the concentration of CO2 in the atmosphere if faster 

decomposit ion rates of SOM is to become an important climate feedback. 

Up to now, the scientific community has not complete answers for these 

questions. However, important conceptual and technological 

developments over the last 20 years have boosted our understanding on 

SOM dynamics. As a result, rather than relying on intrinsic resistance of  

SOM against decomposers, it seems that physical occlusion and chemical 

reactions within the mineral matrix  play a much more significant role on 

the persistence of reduced C in soils.  In addition, these mechanisms can 

be soi l-specific and as such, we addressed the occurrence of these 

processes in Oxisols. These are the predominant soils in tropical 

ecosystems and are dominated by low-activity clays. The specif ic 

objectives of this research were to infer ( i) the capacity for SOC storage 

as a function of soil  texture and C-saturation (i.e. lower conversion 

efficiency of plant l i tter -C into mineral -organic associations with 

increasing C additions; (i i ) infer the influence of reactive minerals 

within the clay+silt fraction of Oxisols on the formation and persist ence 

of mineral -organic associations in these soils.  We assessed the 

incorporation of a labeled plant l i t ter (containing 13C and 15N) into 

mineral-organic associations in Oxisols by performing incubation 

experiments conducted throughout 12 months. In the first chapter, we 
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address the incorporation of the 13C label into mineral -organic 

associations as related to soi l texture and C-saturation. In this chapter, 

we deomontrate that soil  texture has a strong influence on the capacity 

for SOC storage and the C-saturation of the fract ion <53 m. 

Addit ionally, we observed evidence of higher the contribution of 

physical protect ion of SOM within  microaggregates pore-space area, 

with increasing content of the f ine fract ion . In the second chapter, we 

address the incorporation of the labeled plant l i t ter (13C and 15N) into 

mineral-organic associations as affected by the mineralogy of the 

mineral matrix. In this chapter, we demonstrate that amorphous Al -/Fe-

(hydr)oxides are the main components within the fine fraction of Oxisols 

involved in the formation and the persistence of SOM. Given the 

relatively low concentration of amorphous Al -/Fe-(hydr)oxides within 

the fine fraction and their contribution for the protection of SOM, 

suggests that SOC stocks in the tropics could be very sensitive to 

environmental changes.  Therefore, further research on this subject would 

evaluate the composition of mineral -organic associat ions in tropical 

soils. This would help to predict the possible impacts of cl imate change 

on SOM cycling in tropical ecosystems.  In the third chapter, we used 

scanning transmission electron microscopy (STEM) and thermal analysis 

to probe the chemical composit ion of mineral -organic associations in a 

C-rich Oxisol (not included in the incubation experiment). In this 

chapter, we used elemental mapping to demonstrate that SOM is closely 

associated to Al-/Fe-(hydr)oxides. Furthermore, we submitted the sample 

to thermal analysis to relate mineral dehydroxylation to the oxidation of 

SOM. Indeed, we observed strong oxidation reactions to overlap with 

dehydroxylation of gibbsite, short -range order Al species and goethite.  

Our results contribute to improve the current understanding on the 

minerals and the mechanisms by which these components interact and 

ult imately protect SOM against decomposition in Oxisols.  
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INTRODUCTION 

Over the last 15 years, several conceptual and technological 

advances have contributed significantly to improve the characterization 

of soil organic matter (SOM) and the implications for C storage and 

cycling in terrestrial  ecosystems (Lehmann and Kleber, 2015). Since the 

soil C pool surpasses the total amount of C in the atmosphere and in the 

vegetation combined (Ciais et al., 2013) , SOM dynamics may affect the 

size of the other compartments, either by sequestering  C or by increasing 

the release of CO2 to the atmosphere. The prospect of faster 

decomposit ion rates of SOM is crit ical because this C pool is thought to 

be sensitive to higher temperatures (Heimann and Reichstein, 2008) . As 

a result, faster decomposition rates of SOM could contribute to increase 

the emissions of CO2 from soils, that is, a positive cl imate feedback 

(Heimann and Reichstein, 2008; Schmidt et al.,  2011). For this reason, 

there is ongoing debate on the mechanisms controll ing the potential and 

l imitat ions for SOM storage and C dynamics in soils (Schmidt et al. ,  

2011). 

Managing soil C sequestration is intrinsically complex because i t  

involves many environmental factors including physical processes, 

chemical reactions, and necessarily biological activi ty both autotrophs 

and heterotrophs. Invariably, the C content stored as SOM in a given 

ecosystem would include interactions among all of these factors 

(Schmidt et al., 2011). Generally, the C cycle can be affected by nutrient 

cycling (e.g., P and N) and it is also intimately related to the 

hydrological cycle and temperature (Feng et al., 2015b; Wieder et al.,  

2015), which add substantial challenges for understanding the dynamics 

of the soil C pool. Consequently,  the research on C cycling and storage 

in terrestrial  ecosystems has been directed particularly to (i) quanti fying 

the potential and l imitations for soil organic carbon (SOC) sequestration; 

(i i ) l inking plant l i tter decomposition to the formation of mineral -

organic associations; (i i i ) connecting the formation of protective 

associations between the mineral matrix and SOM and therefore, its 

impact on soil  C sequestration in the long-term. 
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Limitations and potential for promoting SOC sequestration has been 

associated to the amount of the clay and silt -sized part icles in soils  

(Hassink, 1996; Six et al., 2002a) . Addit ionally, these authors proposed 

that the degree of “C -saturation” of the clay+silt fraction has important 

implicat ions for promoting soil C sequestration. These propositions are 

based on the premise that protective mechanisms operate mostly within 

the clay+silt fraction (Six et al., 2002a). Once the reactive sites within 

the mineral matrix reach their C-saturation level, further addition of 

organic matter would not cause a proportional increment within the SOC 

content associated to the clay+silt  fract ion (Castellano et al. , 2015). In 

this context, the parameterization of the potential for SOM protection 

and i ts degree of C-saturation should be among the main factors to 

determine the extent by the strategies aiming at promoting SOC 

sequestration wil l  succeed. 

Another important aspect concerning SOC sequestration is the 

relative complexity to l ink plant l i t ter decomposition to the formation of 

mineral-organic associations. It has been increasingly recognized that 

soil microbial biomass acts as a bottleneck in the conversion of plant 

l i tter into these mineral-organic associations (Miltner et al. , 2012; 

Hatton et al., 2012; Bradford et al. , 2013; Cotrufo et al., 2015) . The 

main implication of such reasoning is that biotic conversion of the plant 

material into mineral-organic associations should be much more relevant 

than abiotic processes in terrestrial ecosystems (Cotrufo et al., 2015). 

Therefore, the type of association (physical and/or chemical 

interact ions) developed between the microbial -processed residues and 

the mineral matrix would have a huge impact on the persistence of SOM 

in the ecosystem (Dungait et al. , 2012). This is mainly because the 

microbial residues would include relatively labile organic compounds, 

rather than intr insically recalcitrant organic material (Kleber et al.,  

2011). 

The preservation of labile organic compounds as the main 

constituents of SOC however, would depend mainly on the reactivi ty of 

the components within the mineral matrix (Baldock and Skjemstad, 

2000). For this reason, restrict ing the decomposition and consequently 
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allowing the accumulation of labile organic compounds  as SOC, would 

depend upon the mineral matrix acting as a barrier separating the 

potential substrate from the decomposers (Dungait et al. , 2012). Because 

of the inherent complex nature of soils, physical and chemical 

mechanisms often overlap, which l imits quanti tat ive inference on the 

contribution of each of these interactions for SOC storage. Despite some 

limitat ion for inferring on these mechanisms separately, identifying the 

structures responsible for SOC preservation is critical  for two main 

reasons: First, quantitative assessment on these factors is essential for 

modeling SOM storage and cycling in terrestrial ecosystems. Second, 

identifying the drivers of SOM persistence is also important because 

these components also may be sensit ive to environmental changes 

(Doetterl et al .,  2015). Such considerat ions indicate that the development 

of mineral -organic associations should be soil -specific, and could be 

affected by local conditions (e.g., land-use change) and/or by long-term 

environmental changes (e.g., positive feedbacks to global warming).  

In this research, we address the potential and l imitations for SOC 

storage and l ink plant l i tter decomposition to the development of 

mineral-organic associations in Oxisols. The main reasons stressing the 

needs for such research in these soils are (i) In tropical regions, 

approximately 25-30% of the land surface is dominated by Oxisols, 

which can occur as clayey, medium and even coarse-textured soils . This 

would l imit the size of the clay+silt fract ion in coarse-textured soils and 

could probably affect their capacity for SOC storage ; (i i ) these soils are 

highly weathered, implying the existence of low-activity clays such as 

kaolinite, gibbsite (the most common crystall ine Al -(hydr)oxide in 

Oxisols), Fe-(hydr)oxides, mainly in the form of goethite and hematite, 

and also amorphous Al-/Fe-(hydr)oxides; (i i i ) most of the reactive 

surfaces that could interact with SOM in these soils would be provided 

by amorphous Al -/Fe-(hydr)oxides, a small fraction of the whole 

clay+silt fraction; (iv) despite the predominance of low-activity clays in 

tropical regions, soi ls in these areas account for more than 25% of the 

global SOC stock, and (v) given the general low ferti l i ty of Oxisols, 

SOM plays a central role on nutrient cycling in tropical ecosystems.  
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We assessed the incorporation of a labeled plant l itter (containing 
13C and 15N) into mineral-organic associations in Oxisols by performing 

incubation experiments conducted throughout 12 months. In the first 

chapter, we address the incorporation of the 13C label into mineral-

organic associations as related to soi l texture and C-saturation (i.e.,  

reduced conversion eff iciency of plant l i tter into mineral -organic 

associations with with increasing C inputs). We tested the hypotheses 

that the capacity of soils to promote C sequestration is l imited by the 

amount of the fraction <53 µ m, while the overal l increment within the 

protected C pool depends on the degree of C-saturation of clay+si lt  

fraction. The specif ic objectives were to assess the extent by which 

mineral protection to SOC and C-saturation are affected by texture.  

In the second chapter, we address the incorporation of the labeled 

plant l i tter (13C and 15N) into mineral-organic associations as affected by 

the mineralogy of the mineral matrix. We tested the hypothesis that 

l i tter-derived C forms preferential associations with Al - and Fe-

(hydr)oxides, particularly with the amorphous types. The objectives were 

to compare the transference of both C and N into the fraction <53 µ m, 

infer the influence of microbial act ivity on the process and identify the 

components within the mineral matrix involved in the formation of 

mineral-organic associations throughout the incubation experiment.  

In the third chapter, we used scanning transmission electron 

microscopy (STEM) and thermal analysis to probe the chemical 

composition of mineral -organic associations in a C-rich Oxisol (not 

included in the incubation experiment) . We expected SOM spatial  

distr ibut ion to be better correlated with Al- and Fe-(hydr)oxides than 

with kaolinite, the predominant phyllosil icate in Oxisols. We also tested 

the hypothesis that SOM oxidation would overlap with dehydroxylation 

reactions of Al - and Fe-(hydr)oxides under thermal treatment.  The 

specific objective of this research was to infer the mechanisms by which 

SOM interacts with the mineral matrix in Oxisols.  
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Organic matter storage and Carbon-saturation as related to texture 

in Oxisols – evidence from long-term incubation experiments  

(chapter one) 

1. Abstract  

Rationale : Soil organic carbon (SOC) storage and C -saturation are 

presumably restrained by texture, although the mechanisms underlying 

such patterns are unknown. Objectives : The objectives of this research 

were to assess SOC storage and the mechanisms underlying C-saturation 

in Oxisols. Methods : We performed a long-term incubation experiment, 

including C inputs at 0, 4.5, 9.0 and 18.0 mg g-1 soil to samples of six  

Brazil ian Oxisols, collected at 0 -10, 10-20, 20-40 and 60-100 cm in 

areas under native vegetation. The difference between their original SOC 

content and that estimated as a function of their clay+sil t content, was 

set as the C-saturation deficits. We assessed the effect of texture on C -

saturation by diluting the mass of clay+silt at 0, 20, 40 and 80% by 

adding fine sand to the fine earth fraction. Results : After the incubation, 

the l it ter-C within the fraction <53 µ m increased exponentially with C-

saturation deficits, with low increments in the mineral-associated SOC 

content in fine-textured soils. Otherwise, the conversion of l i tter-C into 

the clay+silt fraction, increased asymptotically with C additions, 

irrespective of texture. Conclusions :  In fine-textured Oxisols, C-

saturation of microaggregates-associated pore space network seems 

predominant. Otherwise,  in coarse-textured Oxisols, C-saturation of 

isolated or less aggregated silt - and clay-sized particles seems the 

prevalent mechanism.  
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2. Introduction 

Carbon sequestration in soils has been regarded as a key strategy to 

help counteract the rising atmospheric CO2 by increasing SOC stocks 

(Paustian et al. , 2000; Lal, 2004). However, increasing the C content in 

soil is rather difficult to accomplish because the SOC pool is determined 

by interactions among many environmental factors and physical, 

chemical and biological processes (Schmidt et al. , 2011). Consequently,  

management practices that are supposed to promote soil C sequestration 

(e.g., no-ti l lage) do not always increase the SOC stock (Luo et al. , 

2010). Contemporari ly, there is growing awareness of a l imited capacity 

of soils to protect organic matter against decomposition (Six et al.,  

2002a; Stewart et al. , 2007; Powlson et al., 2011) . Such protected C pool  

is typically parameterized as the SOC associated to minerals exhibit ing 

particle-size <53 µ m (Castellano et al., 2015), further referred to in this 

text as the “fine fraction”. Presumably, the potential for increasing the 

SOC within the protected pool is mainly affected by how far a given soil  

is from reaching its C-saturation level (CSL) (Hassink, 1996). Therefore, 

the CSL is defined as the point where an increase in C inputs does no 

longer lead to a proportional increment in the mineral -associated SOC at 

steady-state, i.e. the system has reached equil ibrium with respect to C 

input and output from the soil (Castellano et al.,  2015).  

In terrestrial ecosystems, C enters in the soil as plant l i tter, both 

above or belowground (Cotrufo et al., 2013). As as the decomposition 

progresses, the plant l i t ter is fragmented and incorporated into the 

particle-size fraction smaller than 2 mm, which is referred to as 

particulate organic matter (POM) (Castellano et al., 2015). Furthermore, 

as the microbial biomass assimilates the decomposing plant material,  

part of the microbial-resynthesized compounds can form associations 

with reactive components within the mineral matrix (Cotrufo et al. ,  

2013). It  is widely accepted that the fine fraction includes the soil  

components most important for the protection of SOC ag ainst microbial 

decomposit ion (Kögel-Knabner et al., 2008; Mikutta and Kaiser, 2011; 

Cotrufo et al., 2013). This is because relative to larger particle -size 

fractions, the fine particles exhibit comparatively larger specific surface 
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area and greater surface charge density, bo th of which promote the 

formation of protective mineral -organic associations (Kleber et al. , 

2015). Therefore, since mineral -organic associations would ult imately 

depend upon interact ions among organic compounds with si lt - and clay-

sized minerals, the total amount of these particles has been used to 

estimate the CSL (Hassink, 1997; Six et al., 2002a). Consequently,  

estimating the CSL would allow the calculation of the C -saturation 

deficit (CSD), which has been suggested as a quantitati ve assessment of 

the potential  for further increasing SOC stocks (Hassink, 1996). 

CSL estimates based to the content of fine part icles are bui ld on 

the premise that the amount of si lt - and clay-sized fractions would 

account for both chemical and physical mechanisms that al low mineral -

associated organic matter to persist in soils (Baldock and Skjemstad, 

2000). According to Stewart et al. (2007)  the magnitude of the increment 

on the protected SOC content in response to C inputs is directly 

proportional to the CSD. Hence, in soils with high CSD, its protected 

SOC content should increase steeply with respect to C additions.  

Presumably, after the fine fraction and the aggregates pore-space 

network reaching their specif ic CSL, further additions of organic matter 

would cause a large amount of C to accumulate within unprotected pool s 

(Castellano et al., 2015). Therefore, in soils where SOC protection can 

be assumed to be dominated by interactions with the mineral matrix (i .e. 

adsorption and aggregation), the protected C pool can be mathematically 

expressed as an asymptote that rises towards a maximum of SOC content 

in response to C inputs (Six et al. , 2002a; Stewart et al. , 2007; 

Castellano et al., 2015). Despite the mechanisms leading to the 

formation of protective mineral -organic associations being reasonably 

well-understood, there remains considerable uncertainty with respect to 

soil carbon-saturation and its occurrence in different ecosystems 

worldwide (West and Six, 2007) . 

Carbon-saturation seems to be soil -specific and should vary with 

physical and chemical properties of the mineral matrix (Stewart et al. , 

2007; Castellano et al. , 2015) . However, the majority of the research on 

C-saturation has been conducted in temperate zones (Kong et al., 2005; 
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West and Six, 2007; Chung et al., 2008; Stewart et al., 2008, 2009) . This 

is relevant because in the tropics, the soils present some specific 

features remarkably different from those occurring in temperate regions.  

For instance, the predominant soils in tropical regions are Oxisols (Lal, 

2004), in which the minerals within the fine fraction are strongly 

aggregated, giving rise to a specific microstrucure (Beinroth, 1982; 

Schaefer, 2001; Schaefer et al. , 2004; Buol, 2009) . In addition, the 

mineralogy of Oxisols is mainly composed by kaolinite, a non-expansive 

phyllosil icate (Schaefer et al., 2008). The fine fraction in these soils 

also have variable amounts of gibbsite, which is the most stable Al -

(hydr)oxide), and also Fe-(hydr)oxides, mainly in the form o f goethite 

and hematite (Schaefer et al., 2008). Moreover, Oxisols can occur in a 

range of textures and as such, the amount of the fine fraction varies 

substantial ly (Schaefer et al., 2004). However, it is not yet known to 

what extent the strong microaggregation of the f ine fract ion and the 

variable texture can exert on SOC storage and C-saturation in Oxisols.  

We tested the hypothesis that the mechanisms underlying C-

saturation in Oxisols vary as a function of their texture. Thus, C-

saturation would be caused by the clogging of microaggregates pore -

space area by SOC as the clay+sil t content increases . Otherwise, in 

coarse-textured soils, C-saturation would be a function of l imited 

availabil i ty of mineral surfaces to interact with SOC. To test our 

hypothesis, sampled six representative Oxisols with contrasting natural 

textures, which were further modified by diluting the mass of their  fine 

fraction through the addition fine sand to the samples to the fine earth 

fraction. Because we collected samples at different depths, this would 

provide an increasing CSD from the topsoil towards de bottom layers.  

Accordingly, we used a 13C-labeled plant l i tter to track down its 

incorporation into the fine fraction by performing a relat ively long -term 

incubation experiment (12 months). The objectives of this research were 

to assess SOC storage capacity and the mechanisms underlying C-

saturation by measuring the increment on the C content within the fine 

fraction as a function of texture, and infer the conversion of plant l i tter 

into mineral -organic associations in Oxisols.   
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3. Material and methods 

3.1. Soils collection 

Briefly, the soils  were collected in a transect ranging from 40 to 

51° W and 18 to 20° S, but despite being relatively close to each other, 

these are very representative Oxisols, part icularly in terms of texture. 

The selected Oxisols were either under native vegetation on f orests 

remnants of the Mata Atlântica (Atlantic Rainforest) or in the Cerrado 

(savanna-like) biomes. The Typic Hapludox (THD), the Humic Hapludox 

(HHD) and Xanthic Hapludox (XHD) were collected within the Atlantic 

Rainforest biome, while the Xanthic Haplus tox (XHT), the Rhodic 

Haplustox (RHT) and the Typic Haplustox (THT) were collected within 

the Cerrado. Further details on the vegetation traits and overall  

distr ibut ion of both biomes on the Brazil ian territory can be found 

elsewhere (Ratter et al.  1997; Morellato et al. 2000). According to the 

Koppen classificat ion, the climate within the Atlantic Rainforest is 

predominantly Aw, tropical with dry winter and within the Cerrado is 

predominantly Cwa, temperate moist with dry winter and warm summer 

(Alvares et al. 2013). The annual precipitation is pract ically the same for 

both climate types, ranging from 1300 to 1600 mm per year (Alvares et  

al. , 2013), although the rain season for the area under the Cwa climate 

type is mostly concentrated in the period from Oc tober to March. The 

sampling consisted on collecting the soil  material at different depths (0 -

10, 10-20, 20-40, and 60-100 cm) and after collection, the samples were 

kept on plast ic bags and transported to the laboratory.  

3.2. Physical analyses 

The samples were air-dried and sieved to pass a 2-mm screen to 

yield the fine earth fraction. The water holding capacity (WHC) of the 

soils was estimated by  saturating 20 g of the fine earth fraction with 

deionized water into a 25.4 mm diameter steel ring and submit ted to a 

tension equivalent to -30 kPa. After reaching equilibrium, the samples 

were weighted before and after being dried at 105 °C for 48 hours.  

The texture analysis was preceded by chemical dispersion 5 g of 

the fine earth fraction using 5 mL of sodium hydroxide (NaOH) 0.1 mol 
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L -1 and 25 mL of deionized water into a 50 mL centrifuge tube under 

continuous st irring for 16 hours at 120 rpm. After dispersion, the 

samples were wet-sieved through a 53-µ m mesh screen in to separate de 

sand- from the si lt - and clay-sized fract ions. The fraction <53 µ m was 

used for quantifying clay and silt content by using the pipette method 

and by applying the Stoke’s Law. The mass of the fractions obtained 

were dried at 105 °C during 48 hours and weighted.  

3.3. 13C isotope labeling 

Briefly, the plant material used as the source of C for our 

incubation experiment was produced by growing eucalypt hybrid 

seedlings (Eucalyptus urophylla x Eucalyptus grandis) under controlled 

conditions. As such, three seedlings (120-days old) were grown into a 10 

L vase on a nutrient solution (pH 5.5) for 18 weeks with continuous 

oxygen supply. For the isotope label ing, the seedlings were kept into a 

448 dm3 chamber in which the 13C added by acidifying Na2
13CO3 (13C at 

99 atom%, Isotec Inc. Miamisburg, Ohio) with H2SO4. The 13CO2 was 

added into the chamber by preparing a Na2
13CO3 solution at 0.18 mol L-1 

that was mixed with 50 mL of H2SO4 3.8 mol L-1. The CO2 concentration 

within the chamber was kept at 500 mg dm-3 throughout the labeling 

experiment, which was repeated 3 three t imes a week. At the end of the 

isotope labeling, the seedlings were collected and separated into leaves, 

twigs, stem and roots (predominantly fine roots, diameter <2 mm), and 

dried under forced air circulation at 45 °C unti l constant weight. After 

drying, the plant material was milled on a Wiley mil l in order to achieve 

a particle-size <500 µ m. For further homogenization (prior to the 

chemical analysis), the mil led plant material was finely gr ound using a 

ball -mil l  after which the final particle -size achieved was <149 µ m. The 

samples were analyzed using an Isotopic Ratio Mass Spectrometer 

(IRMS) with continuous flux (20-20, ANCA-GLS, Sercon, Crewe, UK). 

The C and N content, and their respective  stable isotope abundance 

(δ13C) for each of the components (leaves, twigs, stem and roots) are 

shown in Table 1. 
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Table 1. Components of the plant l i tter, their C and N content, and 
their respective stable isotopes concentrat ion  

Component  Mass, g†  C, g kg- 1 δ1 3C, ‰  

Bark 21.9 425.0 318.6 
Leaves 135.9 455.0 508.5 
Twiggs 40.5 427.0 423.1 
Stem 52.3 452.0 210.4 
Roots  58.5 457.0 358.4 

Corrected mean‡  -  449.0 405.5 
†Dry matter of each component produced in grams per plant. The plant litter was added 
to the soils as a mixture, for which the amount of each component was proportional to 
their content on the plant grown for the 13C labeling. 

3.4. Incubation experiment 

The incubation was carried out during 12 months under controlled 

conditions with temperature kept fixed at 25 ± 1 °C. The experimental 

units consisted on air t ight vials (150 mL) containing 20 grams of the 

fine earth fract ion (<2mm). The moisture content of the samples was 

kept at approximately 60-70% of the WHC of each soil.  The plant l i t ter 

addit ions rates were 0, 10, 20, and 40 mg g-1 soil, which were equivalent  

to C additions at 0, 4.5, 9, and 18 mg g-1 soi l, respectively. For each 

treatment, we had 3 replicates. The characterization of each component 

of plant l i tter is shown in Table 1. However , for the incubation 

experiment, the l itter -C was added to the soils in a mixture that 

contained each component in the exact proportion they occurred on the 
13C-labeled plants, from which they derived.  

During the first 4 weeks the vials were opened 3 times  a week 

during 1 hour to avoid O2 l imitation for the decomposers. After the first 

month, the vials were opened only once a week and the weight of the 

experimental units were monitored to avoid water l imitation. The 

moisture content was controlled by weight ing each experimental unit  

after every 2 weeks and compared to the total weight measured at the 

first day of the incubation. When necessary, deionized water was added 

using a pipette in to assure the moisture content was kept between 60 

and 70% of the WHC.  

We modified the natural texture of the soils by adding fine sand 

(150 to 250 µ m-size) to dilute the clay- and silt -sized fractions by 0, 20, 



 
 

14 

40 and 80%, thus yielding 4 textures for each Oxisol (Table 2). For 

example, to dilute the clay- and silt -sized fractions by 20%, we used 

16.0 g of soil (fine earth fraction) mixed to 4.0 g of fine sand  and so 

forth. This procedure was repeated systematically for all Oxisols,  

irrespective of their original texture, given that the object ive of the 

experiment was not to produce soils presenting the same amount of 

clay+silt after their  dilution. Given that we added fine sand to the fine 

earth to dilute the mass of the clay+silt  fract ion, we based our 

results/discussion on the variat ion of the SOC associated to this fract ion 

after the incubation. Accordingly, when the C associated to the clay+silt  

fraction was expressed relative to fine earth fraction mass (whole soil),  

we proceeded as follows:  

SOC, g kg-1 soil = C(C+S)*M (C+S) ÷ MFEF  

where C(C+S) is the C content within the fine fraction, g C kg-1 

clay+silt; M(C+S) is the mass of the clay+silt fract ion, g; and MFEF is the 

mass of the fine earth fract ion, which was set at 20 grams. Irrespective 

of the dilution, the f inal mass of the samples incubat ed was 20 grams.  

We justify the dilution because had we collected soils with 

different natural textures, we would no longer keep the mineralogy or 

the C content within the fraction <53 µ m, as i ts mass varied. Thus, by 

diluting the silt - and clay-sized fractions we would avoid potential  

confounding effects due to either direct or indirect effects of texture on 

SOC (Parton et al., 1987; Oades, 1988; Baldock and Skjemstad, 2000).  

The dataset describing the dilution of the fine fraction is presented in 

Table 2). 
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Table 2. Oxisols texture (sand, si lt and clay content), extractable Al and Fe by ammonium oxalate (AO) and 
dithionite-citrate-bicarbonate (DC) and kaolinite and gibbsite content within the clay fraction 

Oxisol  
 

Depth 
 

Sand Si l t  Clay Al A O
†  FeA O

†  Al D C
†  FeD C

†  Kaol ini te‡  Gibbsi te‡  Texture Class  
cm 

 
g kg- 1 soi l  

 

Typic Hapludox-THD 

0-10 
 

363.8 33.1 603.2 0.8 0.7 12.2 49.1 439.5 32.1 Clay 
10-20 

 
289.8 33.7 676.7 0.9 0.9 15.1 54.3 493.1 36.1 Clay 

20-40 
 

249.3 31.6 719.2 1.0 0.8 13.2 54.8 524.1 38.3 Clay 
60-100 

 
234.4 31.1 734.6 1.1 0.5 14.0 56.9 535.2 39.1 Clay 

Humic Hapludox-HHD 

0-10 
 

324.9 78.4 596.8 4.1 2.2 14.5 36.2 354.4 136.3 Clay 
10-20 

 
355.3 55.4 589.4 3.9 2.2 13.6 37.9 350.0 134.6 Clay 

20-40 
 

316.0 51.4 632.7 4.4 2.5 15.2 40.2 375.8 144.5 Clay 
60-100 

 
307.9 34.7 657.5 3.3 1.7 15.2 47.7 390.5 150.2 Clay 

Xanthic Hapludox-XHD 

0-10 
 

752.8 24.2 223.1 0.4 0.2 1.6 4.9 200.9 1.2 Sand clay loam 
10-20 

 
629.0 38.2 332.9 0.6 0.3 2.7 7.6 299.8 1.8 Sandy clay  

20-40 
 

622.8 38.0 339.3 0.5 0.3 2.5 7.9 305.5 1.8 Sandy clay  
60-100 

 
606.8 35.7 357.6 0.7 0.2 2.8 9.2 322.0 1.9 Sandy clay  

Xanthic Haplustox-XHT  

0-10 
 

395.9 86.6 517.6 2.5 0.6 4.2 11.7 176.3 303.8 Clay 
10-20 

 
388.6 80.0 531.5 1.8 0.5 3.6 10.7 181.3 311.9 Clay 

20-40 
 

378.6 59.4 562.1 2.4 0.7 3.9 11.8 191.5 329.9 Clay 
60-100 

 
393.0 44.4 562.6 2.3 0.6 3.6 11.3 191.7 330.2 Clay 

Rhodic Haplustox-RHT 

0-10 
 

195.5 205.1 599.4 3.9 3.7 12.2 103.6 224.5 122.8 Clay 
10-20 

 
154.9 236.6 608.6 3.6 3.8 12.8 103.6 227.9 124.7 Clay 

20-40 
 

169.2 223.5 607.4 3.2 3.7 13.0 105.2 227.5 124.5 Clay 
60-100 

 
212.1 202.2 585.8 2.8 3.4 12.8 106.8 219.4 120.1 Clay 

Typ ic Haplustox-THT 

0-10 
 

580.1 60.0 359.9 1.0 0.8 2.2 24.6 297.3 1.3 Sandy clay  
10-20 

 
635.0 51.1 313.9 0.9 0.6 2.0 22.2 259.0 1.1 Sandy clay loam 

20-40 
 

644.1 53.5 302.5 0.8 0.5 1.7 19.0 249.6 1.1 Sandy clay loam 
60-100 

 
553.0 72.1 375.0 0.7 0.4 2.0 22.1 309.4 1.3 Sandy clay  

†Element content within the clay fraction, expressed in g kg -1 soil.  The conversion of Al into Al2O3 and Fe into 
Fe2O3 can be achieved by mult iplying the element content by (102 ÷ 54) and (160 ÷ 112), respectively. ‡Estimated 
by means of thermogravimetry using the clay fraction after Fe removal by DC.  
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For the experimental units in which we proceeded the dilut ion of 

the fine fraction by adding fine sand, the water added to achieve 60 -70% 

of water retention capacity was proportional ly adjusted to avoid O2 

l imitat ion. Moreover, although the clay+silt  content in Oxisols should 

not be lower than 150 g kg-1, some of the soils in our experiment would 

no longer meet this criterion after the dilution of the fine fraction. 

Nevertheless, we do not expect such difference to have influence d our 

results in any way, other than the correct classification of the soils  after 

the dilution of the fine fraction . 

Since we collected soil samples from different depths, we prepared 

a suspension by mixing 2 g of soil from the 0-10 cm depth into 200 mL 

of deionized water , which were agitated continuously overnight. 

Afterwards, the inoculation consisted on pipetting an aliquot of 1 mL 

from the suspension (after its dilution), which was thoroughly mixed to 

the samples. This procedure was done for each soil  separately to make 

sure there was no substantial di fferences on the microbial community 

among samples collected at different depths. Because our incubation 

experiment was conducted over a 12-month period, we do not expect that 

differences on the size and/or activity of the microbial community 

throughout the soils profi le to have impacted on the final results 

reported here. However, we have not assessed any microbial biomass -

related parameter to support the previous statement.  

After the 12-month incubation experiment, the samples were air -

dried and physically fractionated into sand and POM, the fraction >53 

µ m (data not included here) , and the mineral fraction <53 µ m and their 

associated organic matter. For the physical fractionation, a 5 -g soil 

sample was dispersed into a 50 mL centrifuge tube containing 15 mL of 

hexametaphosphate g L-1 and 100 mm diameter glass bed. These samples 

were thoroughly dispersed under continuous stirring during 16 hours at 

120 rpm. After physical fractionation, the samples were we t-sieved 

through a 53 µ m screen, and the fractions were dried at 45 °C for 7 days. 

Afterwards, the samples were weighted, finely ground using an agate 

mortar and pestle yielding a final particle -size smaller than 149 µ m. The 

C content and its respective stable isotope abundance (13C content) were 
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determined using an isotope ration mass spectrometer ( IRMS) with 

continuous flow (20-20, ANCA-GLS, Sercon, Crewe, UK). The 

abundance of the 13C was expressed as δ13C in parts per mil (‰) with 

reference to the international standard (Pee Dee Belemnite).   

3.5. C-saturation level and C-saturation defici t as a function of 

the clay+sil t fraction 

Following increasing organic matter inputs to soils, clay - and silt-

sized particles would eventually reach their protective -capacity or C-

saturation level, either as individual mineral particles or in the form of 

aggregates (Castellano et al., 2015). Therefore, we assumed the SOC 

content associated to the fraction <53 µ m to account for the protect ive-

capacity level, and therefore the CSL in Oxisols. Therefore, proceeded as 

follows: 

CSL, g C kg-1 soil  = 5.5 + 0.26*(C+S) 

where C+S is the fraction <53 µ m content, expressed as a 

percentage (%) of the fine earth fracti on (<2 mm). This equation has 

been proposed to l ink the total amount of clay+silt particles to the 

mineral-associated SOC retained by adsorption or particles aggregation 

in soi ls dominated by 1:1 phyllosil icates, such as Oxisols (Six et al., 

2002a). After est imating the CSL,  we calculated the CSD, as follows:  

CSD,% = ቀ            ቁ       

where SOC is the observed C content within the clay+silt fraction 

expressed in g kg-1 soil (as explained earlier) before the incubation 

experiment had started. In this way, we would avo id any effect of the 

treatments on the original SOC content within the fine fraction 

throughout the incubation period. Both, the CSL and the CSD were 

estimated for all samples included in our experiment, i rrespective of the 

depth at which the samples were collected or the dilution of the fine 

fraction. Furthermore, because Oxisols often present relatively uniform 

texture and mineralogy with respect to depth (Schaefer, 2001), the 

samples collected throughout the soil profi le , would provide a gradient 
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of CSD. In this case, the CSD would increase from the topsoil towards 

the bottom layers sampled.  

3.6. Litter-derived C 

The proport ion (f) of l i t ter-derived C within the fract ion smaller 

<53 µ m was calculated as follows:  

f = ቀ            ቁ      

where δ t is δ13C of the <53 µ m for the treatments receiving plant -

litter, δs is δ13C of the <53 µ m in the control treatments (no plant l i tter 

additions), and δ l  is δ13C of the plant litter (405.50‰).  

3.7. Statistics 

We tested our hypothesis in several steps. The l i tter-derived C 

within the fraction <53 µ m was modeled as function of the l it ter-C 

inputs and the CSD. As such, we would estimate the variation on the 

contribution of the l itter-derived C for the mineral -associated SOC as 

affected by the CSD and l i tter -C inputs. Subsequently we run regression 

analyses to test for the relationship between the the total increment in 

the SOC content in response to l i tter-C additions. Accordingly, the mass 

of l i tter-derived C remaining in the fraction <53 µm was expressed 

relative to the mass of original  SOC, i.e.  the “unlabeled C” remaining in 

the sample at the end of the incubation period . In addition, we run 

regressions to establish a relationship between the l itter-derived C 

remaining in the sample after the incubation with respect to the total C 

addition at the beginning of the experiment. In this case, we plotted the 

l itter-derived C within the fract ion <53 µ m against the l i tter-C mass 

added, which was expressed relative to the mass of the unlabeled SOC in 

the samples at the beginning of the experiment. Such calculation would 

allow us to infer on the conversion of the l i tter -C into mineral -organic 

associations with increasing C inputs  with respect to the init ial SOC 

content within the protected pool . 

For all correlat ions and regression analyses, the significance of the 

estimated parameters was set at p<0.05 level. The statistical analyses 
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were performed using R-software® , Statistica STATSOFT®  and the 

artwork was prepared using Sigma Plot®  11. 

4. Results 

4.1. Litter-derived C fraction and increment in the mineral -

associated SOC content  

As expected, the l it ter-derived C within the fine fraction increased 

steeply with increasing CSD, when we include all data set (sampling 

depth and the fine fraction dilution) in a single analysis  (Fig 1). As such, 

for a given C input, the proportion of the l itter -derived C within the 

mineral-associated SOC was determined by the magnitude of the CSD. 

For instance, in samples presenting posit ive CSD, the contribution of the 

l itter-derived C for the mineral -associated SOC could reach 

approximately 20% of the total mineral -associated SOC even with small 

C additions (e.g., 4.5 mg g-1 soil). On the other hand, the l i tter-derived C 

within the f ine fraction accounted for no more than 20% of the SOC 

content in the samples exhibit ing negative CSD estimates (Fig. 1), even 

after higher C inputs (e.g., 18 mg g-1 soil). Overall , contributions of the 

l itter-derived C for the mineral -associated SOC higher than 20% only 

occurred for the samples showing positive CSD. Consequently, for soils 

exhibit ing low or negative CSD, the probabil ity of promoting significant 

increments in their  protected SOC pool would have been much smaller 

than for samples presenting high CSD (Fig. 1). Based on this data, the 

collection of soil samples at different depths provided a suitable gradient 

of CSD, which increased with soil  depth.  
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Figure 1. Litter-derived C fraction (%) as a function of litter inputs (0, 4.5, 9, and 18 
mg g-1 soil) and the CSD estimated from the CSL based on the linear model (Six et al., 
2002a). The estimated parameters are significant at p<0.05 (F-test). Number of 
observations=864. 

 

Although the proportion of the l itter -derived C within the fine 

fraction was mainly affected by the CSD (Fig. 1), the magnitude of the 

increment in the SOC content was strongly affected by the dilution of the 

fine fract ion, further referred to as soi l “ texture” in this text  (Fig. 2a-d). 

According to the C-saturation concept, the mineral -protected SOC would 

not increase in size due to C additions after this pool have reached its C-

saturation level (Castellano et al., 2015). In our soils, the lack of 

increment in the mineral -associated SOC following the incorporation of 

the l itter-C was more evident in the soils at their natural texture (Fig. 

2a). 
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Figure 2. Increment on the soil organic carbon (SOC) content as a function of the litter-
derived C fraction (%) following litter-C additions at 0.0, 4.5, 9.0 and 18.0 mg g-1 soil 
and the dilution of the fine fraction at a) 0%, b) 20%, c) 40% and d) 80%. The dotted 
line depicts the point at which the contribution of the litter-C equals the “unlabeled” 
SOC content (1:1 ratio). The estimated parameters are significant at p<0.05 (F test). 
Number of observations=288 for each texture (fine fraction dilution). The increment on 
the SOC content was expressed as g of litter-C g-1 “original” SOC (i.e. unlabeled SOC 
associated to the fraction <53 µm) prior to the incubation experiment had started. 

 

Conversely,  the samples in which the fine fraction was diluted 

(Fig. 2b-d), the increment achieved in the protected SOC  content was 

comparatively higher than that observed in the same soils at their natural 

texture. However, the higher amount of clay+sil t in the soils at their 

natural texture would indicate that the lack of increment in the protected 

SOC pool, would have been due to the C-saturation of micraggregates 

surfaces and their associated pore space area. This were the first 

indicat ion that C-saturation in Oxisols should vary as a function of 

texture, according to our hypothesis being tested in this research.  

According to the C-saturation concept, the efficiency by which the 

plant l i tter is converted into the protected SOC pool should be 
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progressively reduced with increasing C inputs, unti l reaching the CSL 

(Stewart et al., 2008). As the soil approaches its CSL, larger amounts of 

l i tter-C should be added to promote detectable changes on the protected 

C pool as compared to soils with high CSD (Fig 1). However, as the soil  

approach such threshold, increasing the C inputs would not cause a 

proportional increment within the protected C pool (Castel lano et al.,  

2015). Indeed, as the C additions relat ive to the init ial (unlabeled) SOC 

content increased in our study, the conversion of the plant l i tter into 

mineral-associated SOC reached a “plateau” as shown in Fig. 3, 

irrespective of texture. Interesting ly, the asymptotic conversion of the 

l itter-C into mineral-associated SOC also varied substantially with 

texture, as demonstrated in Fig. 3a-d.  

 

Figure 3. Litter-derived C fraction (%) as a function of C addition (g of 
l i tter-C g-1 init ial SOC content within the fraction <53 µ m) and the 
dilution of the fine fraction at a) 0% (original texture); b) 20%; c) 40%; 
d) 80%. For each texture, n=288 (6 Oxisols, 4 depths, 4 l i tter inputs and 
3 repl icates).  
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As we increased the dilution of the f ine fraction, the l it ter -C 

addition was equivalent to a higher proportion of the init ial  SOC content 

within the fine fract ion (Fig 3b-d) as compared to the samples at their 

natural texture (Fig. 3a). Nevertheless, despite the C added via plant 

l i tter being equivalent to almost 30 times the initial SOC for some of the 

Oxisols at the highest dilution, the l itter -derived C fraction would not 

increase beyond 60-70% of the total protected SOC content (Fig. 3d). 

According to the regressions fit ted, the soils w ould reach their CSL 

following C additions equivalent to 10 times the init ial SOC content in 

the samples. At the CSL, the l itter -derived C would vary from 56 up to 

62% (Fig. 3a-d), with the higher values occurring in the coarse -textured 

soils. Therefore, despite the higher amount of clay+silt in the soils at 

their natural textures than in the samples in which the fraction was 

diluted, both type of samples reached “C -saturation”. In this case, the 

samples that  become “C -saturated” had a high initial  CSD, in contrast to 

the samples in which the SOC did not increase following l itter -C 

additions. Given the large difference in terms of clay+silt content among 

the samples as a function of the fine fraction dilution, we infer that C-

saturation in fine-textured Oxisols of equivalent mineralogy and C 

inputs, the saturat ion of microaggregates surfaces and their associated 

pore space area seem to predominate. Conversely, in coarse textured 

Oxisols C-saturation should be mainly affected by the saturation of 

individual mineral part icles (or less aggregated particles).  

4.2 Linking SOC content within the clay+sil t to the SOC in the 

whole soil  

As we plotted the mineral -associated SOC content relative to the 

whole soil  (g C kg-1 soil) as a function of the fine fraction content (g 

clay+silt  kg-1 soil) and its C content (g C kg-1 clay+silt), some 

interesting patterns emerged (Fig . 4). As such, in some cases we 

observed SOC content as high as 100 g kg-1 clay+silt in soils for which 

the fine fraction was lower than 200 g kg-1 soil. Such data is in 

agreement with the relatively higher increment in the SOC content as the 

fine fraction mass was diluted in our experiment (Fig. 2 a-d). Otherwise, 
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as the mass of the f ine fraction increased, there was a general trend of 

lower SOC content per unit of clay+sil t (Fig. 4).  

 

Figure 4. Mineral-associated soil organic carbon content (SOC, g kg-1 soil) as a 

function of the clay+silt content (g kg-1 soil) and the SOC content in this fraction (g C 

kg-1 clay+silt). Number of observations=1152. 

 

Combined, these results corroborate the differential mechanisms 

accounting for the influence of texture on C-saturation in Oxisols. 

Therefore, the relatively low proportion of C mass per unit of clay+silt 

as the mass of this fraction increases is consist ent with their saturation 

in the form of microaggregates. Otherwise, the high C content per unit of 

clay+silt as the mass of this fraction decreases, supports our hypothesis 

of C-saturation of isolated mineral particles or at least less affected by 

aggregation in coarse-textured Oxisols.  
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5. Discussion 

5.1. Parameterization of CSL/CSD as function of depth of 

sampling and Oxisols texture  

We expected the SOC content in samples collected at 0-10 cm 

depth would have been closer to CSL (i .e. at steady-state) as compared 

to the other soil layers included in our study (10 -20, 20-40, and 60-100 

cm depth). In combination, the sampling throughout the soil profi le 

provided a gradient of CSD, which increased with soil depth. The main 

aspects supporting our assumption is that even when soil  samples are 

collected at layers in the A down to the B horizon, which are often below 

one meter deep, there are no substantial changes in the mineralogy or in 

the texture of Oxisols (Schaefer, 2001). Theoretically, the inherent 

capacity for SOC storage in Oxisols should not vary with depth given 

their uniform chemical and physical propert ies throughout the profi le.  

Modeling the CSL as a l inear function of the clay+silt content is 

based on the promise that these fractions account for both chemical 

(coprecipitation and adsorption of SOC by minerals) and physical 

processes such as the occlusion of SOC due to aggregation (Six et al.,  

2002a). Yet, quanti tative assessment on the role of each mechanism 

remains elusive because their influence on SOC storage often overlap. 

As a result , appropriate parameterizat ion of CSL and consequently the 

CSD is arguably the most  crit ical step to predict the potential response 

of soils to further C inputs. Despite some significant progress made on 

this front over the last 20 years, defining such parameters remains an 

important issue, given the large numbers of factors affecting SOC 

storage (Feng et al. , 2013; Beare et al., 2014). For instance, as we 

assumed a l inear relationship between the mass of the fine fraction and 

the CSL, we observed some negative estimates for the CSD (Fig 1). This 

suggests that some of the Oxisols evaluated would have been able to 

protect a larger amount of C than would be expected based on a l inear 

relationship between the mass of the fine fraction and SOC content. 

However, even i f we had an underestimated CSD, this was probably less 

important because of the different depths at which we proceed the 
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sampling. Moreover, s trong l inear correlations between the amount of 

clay+silt and the SOC content in tropical soi l s also has been 

demonstrated in previous research (Feller and Beare, 1997) . Although 

these authors have evaluated the SOC within the fraction <20 µ m, the 

magnitude of the variation in the SOC content reported was quite similar 

to ours, ranging from values <10 up to 45 g kg-1 soil for samples 

collected in the topsoil (0-20 cm). Therefore, we do not expect that 

assuming a l inear relationship between the clay+silt content and the SOC 

content would affect the inference we made on the mechanisms 

accounting for C storage and C-saturation as a function of tex ture in 

Oxisols (see sections below).  

5.2. Soil  C-saturation dynamics 

Based on our results, we inferred two types of C -saturation patterns 

in the selected Oxisols. The f irst type, can be inferred from the lack of 

significant increment in the protected C pool following C inputs to soi ls, 

which probably dominated in samples with low init ial CSD, i .e. samples 

collected in the topsoil. This pattern, seems the most recurring indication 

of C-saturation dynamics, in which there is no increment in the protected 

pool following C additions to soils (West and Six, 2007; Castellano et 

al. , 2015). As we demonstrated in Fig. 1, the l it ter derived C within the 

fine fraction would account for a small proportion of the total mineral -

associated SOC content in samples with low, or even negative CSD. As a 

result , the probabi l ity of promoting significant increments in the 

mineral-protected C pool would have been quite sma ll in those soils. The 

lack of increment in the protected C pool following long -term litter-C 

inputs is often suggested to indicate C-saturation dynamics in field -

based experiments (West and Six, 2007; Gulde et al., 2008; Chung et al.,  

2010; Brown et al.,  2014). Probably, this type of C-saturation behavior 

in is more common in areas with high l itter -C additions to the topsoil,  as 

it is often reported soils under no-ti l l ,  for instance (Corbeels et al.,  

2016). Over t ime, promoting increments to the protected SOC pool 

should become more difficult and the topsoil layers probably reach their 

CSL more quickly than deeper the layers (Castellano et al. , 2012). 

Although our study was conducted under controlled conditions, the lack 
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of increment in the protected C pool fol lowing the incorporation of the 

l itter-C seems to indicate a similar behavior of the Oxisols included in 

our study with earlier reports from field -based experiments.  

We inferred a second type of C-saturat ion pattern, which occurred 

in soils that had high CSD at the beginning of the experiment.  In this 

case, the l itter-C added was equivalent to a large proportion of the init ial 

mineral-associated SOC content (Fig. 3a-d). In contrast to the first type 

of C-saturation pattern, in this case the l itter  derived-C would account 

for more than 50% of the total mineral -associated C when the samples 

reached their CSL. Therefore, the l itter -C additions would have been 

high enough to overcome the SOC storage capacity of the f ine fraction 

under such circumstances. We only detected this second C-saturation 

pattern in such a short -term experiment because we could control the 

mass of the soil in which the l itter -C was added, which is not easy to 

achieve in field-based experiments. Although such condition should be 

much less common in short -term field experiments, this data is useful for 

i l lustrating the l imited capacity of soil for C storage (Hassink, 1997; Six 

et al. , 2002a; Stewart et al.,  2007; Heitkamp et al., 2012; Castellano et 

al. , 2015). Our data also confirms predictions from previous research 

indicating the huge amount of l i t ter -C additions that are needed to 

promote C-saturation (West and Six, 2007; Stewart et al., 2007) . For this 

reason, promoting C-saturation itself is of less interest. However, with 

increasing C inputs, there is a decrease on the overall conversion of the 

plant l i tter into the protected C pool as the soils approach their CSL 

(Hassink, 1996; Stewart et al., 2008; Castellano et al., 2015 ). Therefore, 

although the mechanism leading to C -saturation are probably different in 

coarse or fine-textured Oxisols, the incorporation of the l itter -derived C 

within the fine fraction increased asymptotically with respect to C 

additions (Fig. 3a-d). 

5.3. The influence of texture on C-saturation - mechanisms 

According to our results, the soils reached their CSL after the 

l itter-derived C accounting for 56% up to 62% of the total mineral -

associated SOC, with the lower values accounting for the soils at their 
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natural texture. The relatively lower amount of the l itter -derived C 

needed for promoting C-saturation in the soi ls at their natural texture 

(Fig. 3a) suggests that such saturation was probably due to the 

preferential saturation of microaggregates su rfaces and their associated 

pore space area (Anda et al., 2008). Our inference is in l ine with 

previous evidence provided by spectroscopic experiments indicating the 

occurrence of organic matter as discrete coatings on soil  microaggregates 

surfaces (Hatton et al. , 2012). This is mainly because with increasing 

amounts of clay- and silt-sized part icles, there would be expected a high 

capacity for aggregation (Oades, 1988; Baldock and Skjemstad, 2000). 

Interestingly, the main feature of Oxisols is their strong 

microstructure/microaggregation, which makes these soils so distinctive 

relative to other soi l  orders (Beinroth, 1982; Schaefer, 2001; Schaefer et 

al. , 2004; Buol, 2009). Therefore, we expect that with increasing 

clay+silt content, there is a simultaneous increment in Oxisols 

microaggregation (Barthès et al., 2008). With increasing C inputs, we 

suggest that these microaggregates and their pore space area are more 

l ikely to exhibit C-saturation, rather than individualized clay- or silt -

sized particles.  

In contrast to fine-textured Oxisols, we propose that with 

decreasing amounts of clay+silt , soils capacity for aggregation should be 

much smaller (Baldock and Skjemstad, 2000) . Therefore, it can be 

expected the C-saturat ion of individual particles or less aggregated 

particles to predominate. Accordingly,  the fine fraction of naturally 

coarse-textured soils should have a higher SOC content per unit of 

clay+silt than fine-textured soils (Amelung et al., 1998; Plante et al. , 

2006; Zinn et al., 2007; Stewart et al., 2007; Barthès et al., 2008; Curtin 

et al. , 2016). As we used incubation experiments, the main factor leading 

to the dispersion of large aggregates probably was the mechanical 

dispersion of these structures when the fine earth fraction was mixed 

with sand to di lute the fine fraction. In addition, even disc rete variations 

in the moisture content could have favored aggregate disruption upon 

drying/rewetting throughout the incubation period (Oades, 1988; Denef 

et al. ,  2001; Kaiser et al., 2015) . As the aggregates break apart, this 
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could reduce particle-to-part icle interactions, and possibly exposing 

reactive surfaces that were contribut ing to hold up their structure, 

particularly Al -/Fe-(hydr)oxides (Oades and Waters, 1991; Schaefer, 

2001; Six et al., 2002b). These processes combined would result in 

higher C content per unit of clay+silt  in coarse -textured Oxisols as 

compared to f ine textured types (Zinn et al. , 2007; Barthès et al. , 2008). 

Also worth noting that with increasing SOC content per uni t of clay+silt  

in corase-textured soils, probably there is a lower contribution of 

physical protect ion of organic matter against decomposition as compared 

to fine-textured Oxisols. This is mainly because the formation of 

mineral-organic associations occur irrespective of texture, but with 

increasing content of clay- and silt -sized particles, there is more 

potential for further protective effects due to particles aggregation 

(Lehmann et al. , 2007). As stated before, the strong microaggregation of 

Oxisols has strong influence on the spatial distribution of S OC 

(Kinyangi et al. , 2006; Lehmann et al.,  2007)  and its role on C storage 

and turnover should be considered in further studies. Addit ionally, given 

the inherent l imitation of incubations experiments, the mechanisms we 

propose to underlie C-saturation in Oxisols should be further evaluated 

under field conditions experiments. These mechanisms probably have 

important implications for SOC storage, its turnover and C -saturation 

dynamics, and all these factors should be taken into account  for 

evaluating the potential for increasing the protected C pool in Oxisols, 

especially in managed areas.  

6. Conclusions 

Based on our results, we can infer that different types of C -

saturation patterns occurred in the Oxisols used in our incubation 

experiments. As such, we suggest that in samples with low init ial CSD, 

the l it ter-derived C additions promoted low (if any) increment in the 

protected C pool. Otherwise, even for soils with high ini t ial CSD, in 

some cases the l itter -C additions were high enough to promote C-

saturation. We propose that the mechanisms accounting for C -saturation 

in these soils were strongly affected by the texture. Therefore, it seems 
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that in fine-textured Oxisols, the C-saturation probably occurs due to the 

saturation of clay- and silt -sized part icles forming aggregates.  In this 

case, the organic matter would saturate microaggregates surfaces and/or 

their associated pore space area. Otherwise, in coarse -textured Oxisols, 

C-saturation is probably related to the saturation of individ ualized clay- 

and silt -sized particles (or less aggregated particles). Further evaluation 

of these mechanisms are important because Oxisols can occur at a range 

of textures and their strong microstructure probably plays an important 

role in both SOC storage and turnover in tropical ecosystems, where 

these soils predominate.  
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Litter decomposition and 13C/15N incorporation into mineral -

organic associations in Oxisols (chapter two) 

1.Abstract  

Rationale : The persistence soil organic matter (SOM) is thought to 

be driven by physical processes and chemical reactions within the 

mineral matrix  that lead to the formation of mineral -organic 

associations. However, the formation of such interact ions is much less 

understood in soils dominated by low-activi ty clays such as in Oxisols.  

Objectives : Therefore, we investigated the connection between plant 

l i tter decomposition and the formation of mineral -organic associations in 

some highly weathered Oxisols. Methods : We incubated samples 

collected at 4 depths (0-10, 10-20, 20-40 and 60-100 cm) from 6 

representative Oxisols using a double labeled plant l i tter ( i.e. 13C at 

405‰ and 15N at 74 atom%) and quantified the proportion of these 

tracers remaining in mineral-organic associations after 12 months. 

Results : We observed strong evidence of microbial -derived compounds 

being retained within mineral -organic association. As such, while 37.3% 

of the init ial  input of l i tter -N was recovered in the fraction <53 µ m, it 

was only 23.7% for the l itter -C input. Both isotopic-unlabeled and 

labeled organic matter were strongly correlated to amorphous Al -/Fe-

(hydr)oxides. Discussion : The decoupling between the isotopic tracers 

was probably related to the preferential  preservation of N -rich 

compounds in associations with amorphous Al -/Fe-(hydr)oxides. 

Apparently, these minerals are the main components involved in the 

formation and persistence of mineral -organic associations in Oxisols. 

Conclusions: If  such interactions are of widespread occurrence, the large 

C pool found in tropical ecosystems may be much more sensitive to 

environmental changes than currently expected, because amorphous Al-

/Fe-(hydr)oxides account for only a small fract ion of the total 

(hydr)oxides content in Oxisols.  
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2. Introduction 

The global soil organic carbon (SOC) stock is an important asset 

that ult imately regulates the f lux of energy and nutrients through 

ecosystems (Janzen, 2015). Despite the general consensus that part of the 

CO2 f ixed in photosynthesis in terrestrial ecosystems wil l eventually be 

incorporated into the SOC stock, connecting plant li tter decomposition to 

SOM formation it is sti l l  challenging (Cotrufo et al., 2015). In the soi l 

environment, the plant l i tter undergoes hydrolytic and oxidative 

decomposit ion, with continuous decrease in molecular  size and solubil i ty 

in water (Hedges and Keil , 1999; Kleber et al., 2015). According to this 

framework, once dissolved or solvated by the soil  solution, part of the 

organic molecules may form direct associations with soil minerals. In 

another pathway, the l itter-derived compounds can be further partit ioned 

into microbial biomass or CO2 (i .e. microbial growth or respiration).  The 

C incorporated into the biomass, may become part of mineral -organic 

associations due to deliberate attachment of microbes onto mineral 

surfaces and/or the production of extracellular polymeric substances 

(EPS) (Miltner et al. , 2012; Cotrufo et al. , 2013; Kleber et al. ,  2015) . 

From the decaying plant l i tter towards mineral -associated SOM, 

there is a significant reduction on the overall C:N ratio, which is often 

attributed to the preferential accumulation of microbial products within 

the mineral matrix (Simpson et al. , 2007; Fierer et al.,  2009; Cotrufo et 

al. , 2013). Chemical ly, the molecular composition of mineral -associated 

SOM is much more similar to microbial products than with the original 

plant material applied to the soils (Grandy and Neff, 2008; Mambell i et 

al. , 2011; Plaza et al., 2013; Heckman et al. , 2013) . As a result, the plant 

l i tter N seems to be incorporated within mineral -organic associations at 

a higher efficiency relative to the l itter -derived C (Bird et al., 2008; 

Hatton et al. , 2012, 2015a). Additionally, the long-term persistence of N-

rich compounds in soils may be facil i tated by the presence functional 

groups (e.g., amide) and the mechanisms by which these components 

interact with mineral surfaces (Keiluweit et al. , 2012).  
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It  is widely accepted that the presence of reacti ve minerals is a 

prerequisite for the development of mineral -organic associat ions, which 

could render SOM temporarily inaccessible to decomposers (Baldock and 

Skjemstad, 2000; Kögel-Knabner et al.,  2008; Dungait et al. , 2012). 

Among the most reactive minerals in soi ls, Al - and Fe-(hydr)oxides play 

an important role on the formation of mineral-organic associations (Torn 

et al.,  1997; Kleber et al.,  2005; Lutzow et al. , 2006; Kögel -Knabner et 

al. , 2008). The formation of these associations seems to slow down SOM 

mineralizat ion, thus favoring its persistence in soils (Rasmussen et al.,  

2006). Arguably, the presence of reactive minerals with high specific 

surface area (SSA) and high charge density wi l l  affect directly the 

overall capacity of soils to protect SOM against decomposition (Doetterl 

et al., 2015). These findings raise important questions concerning the 

formation of mineral -organic associations in highly weathered soi ls, 

particularly in Oxisols, which are dominated by low-activity clays 

(Fel ler and Beare, 1997).  

In Oxisols, kaolinite is the predominant mineral, which is a non -

expansive phyllosil icate, presenting low physic-chemical activity (i.e. 

low charge density,  l imited cation exchange capacity and also low SSA) 

(Melo et al ., 2001). Otherwise, these soils also contain variable amounts 

of Al-(hydr)oxides (mostly gibbsite), and Fe-(hydr)oxides such as 

goethite and hematite, both of which presenting widespread occurrence 

(Schaefer et al.,  2008). Although (hydr)oxides seem to play an important 

role on SOM persistence, some specific characteristics of Oxisols might 

affect thei r abil i ty to form protective associat ions with organic 

compounds. First, these (hydr)oxides present high crystall inity degree, 

which reduces their SSA significantly relative to low crystal l ine phases 

(Kaiser and Guggenberger, 2003) . Second, low crystall ine (hydr)oxides 

usually account for a minimal fraction of the total (hydr)oxides content 

in Oxisols (Schaefer et al. , 2008) . And third, the strong microstructure 

of these soils might block part of the reactive mineral surfaces in which 

SOM could be protected, although microaggregation might favor C 

persistence due to physical protection in Oxisols (Anda et al. , 2008; 

Barré et al., 2014) . Combined, these aspects would define specific 
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features of Oxisols that could affect C cycling and its persistence in 

tropical ecosystems.  

Our conceptual approach to investigate the role of minerals for the 

development of mineral -organic associations within the fine fraction  

(<53 µm) of Oxisols consisted on performing relatively long-term 

incubation experiments (12 months of duration) using natural soil 

samples. In order to assess the incorporation of C and N within mineral -

organic associations in these soils, we used double labeled plant l i t ter 

(13C and 15N isotope tracers) that would allow us testing the hypothesis 

of preferential  retention of N-rich compounds by reactive minerals. Such 

inference would be based on the relative proportion of the labels 

recovered within mineral -organic associations. We also tested the 

hypothesis that amorphous Al-/Fe-(hydr)oxides would account for most 

of the reactive surfaces involved in mineral -organic associations in 

Oxisols. Therefore, the objectives of this research were to l ink the 

relationship between litter decomposition, assess the formation and infer 

the persistence of mineral -organic associations in Oxisols . 

3. Material and methods 

Soils characterization 

Briefly, the soils were collected in a transect ranging from 40 to 51° 

W and 18 to 20° S, but despite being relatively close to each other, these 

are very representative Oxisols, particularly in terms of mineralogy and 

texture. The selected Oxisols were either under native vegetation on 

forests remnants of the Mata Atlântica (Atlantic Rainfores t) or in the 

Cerrado (savanna-like). The Typic Hapludox (THD), the Humic 

Hapludox (HHD) and Xanthic Hapludox (XHD) were collected within the 

Atlantic Rainforest biome, while the Xanthic Haplustox  (XHT), the 

Rhodic Haplustox (RHT) and the Typic Haplustox (THT) were collected 

within the Cerrado biome. Further detai ls on the vegetation traits and 

overall distribution of both biomes on the Brazil ian territory can be 

found elsewhere (Ratter et al. 1997; Morellato et al. 2000). According to 

the Koppen classification, the climate within the Atlantic Rainforest is 

predominantly Aw, tropical with dry winter and for the soils within the 
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Cerrado is predominantly Cwa, temperate moist with dry winter and 

warm summer (Alvares et al.  2013). The annual precipitation  is 

practically the same for both climate types, ranging from 1300 to 1600 

mm per year (Alvares et al., 2013), although the rain season for the area 

under the Cwa climate type is mostly concentrated in the period from 

October to March. The sampling consisted on collecting the soil material 

at different depths (0-10, 10-20, 20-40, and 60-100 cm) and after 

collection, the samples were kept on plastic bags and transported to the 

laboratory.   

Physical and mineralogical analyses  

The samples were air-dried and sieved on a 2-mm screen to yield 

the fine earth fraction. The water holding capacity (WHC) of the soils 

was estimated by means of saturating 20 g of the fine earth fraction with 

deionized water into a 25.4 mm diameter steel ring and submitted to a 

tension equivalent to -30 kPa. After reaching equilibrium, the samples 

were weighted and dried at 105 °C for 48 hours.  

The texture analysis was preceded by chemical dispersion 5 g of the 

fine earth fraction using 5 mL of sodium hydroxide (NaOH) 0.1 mol L-1 

and 25 mL of deionized water into a 50 mL centri fuge tube, under 

continuous stirr ing during 16 hours at 120 rpm. After complete 

dispersion, the samples were wet -sieved through a 53-µ m mesh screen to 

separate the sand- from the silt - and clay-sized fract ions. The fraction 

<53 µ m was used for quantifying clay and silt content by using the 

pipette method, by applying the Stoke’s law. The fractions obtained were 

dried at 105 °C during 48 hours and weighted. Chemical propert ies of the 

soils, nutrients availabil i ty (Ca, Mg, K and P) are given in 

supplementary Table 1.  

For the mineralogical analysis, 5 g of the fine earth fraction was 

dispersed into 5 mL of sodium hydroxide (NaOH) 0.1 mol L -1 and 25 mL 

of deionized water into a 50 mL centrifuge tube during 16 hours under 

continuous stirring at 120 rpm. After dispersion, the samples were wet -

sieved through a 53 µ m mesh screen to separate the sand- from the sil t - 

and clay-sized fractions. The fractions <53 µ m were dried at 45 °C, after 



 
 

42 

which 1 gram of the fraction <53 µ m was treated during 18 hours at 25 

°C with 50 ml of 6% (v/v) NaOCl adjusted to pH 8  to remove SOM. The 

residue was centri fuged at 3000 rpm for  30 minutes, washed with 

deionized water and this procedure was repeated three times in total 

(Zimmermann et al.,  2007).  

Finished the oxidation of organic matter, the clay fraction was 

separated using siphoning after the sedimentation of the silt fraction 

according to the Stoke’s Law. After the complete separation of the silt 

and clay fractions, the material was dried at 45 °C and the mineralogical 

composition was qualitatively assessed by X -ray diffraction (XRD) using 

fine powdered material (<149 µ m). The XRD analyses for non-oriented 

samples were conducted using Co-Ka radiation (λ=0.178896 nm) at 30 

mA and 40 kV from a Rigaku D-MAX vertical goniometer equipped with 

a graphite monochromator. XRD patterns were obtained between 4 and 

60° 2θ in 0.02° steps at a scan rate of 10° 2θ/min for accurate 

measurements of the d-spacing. 

Selective dissolution of Fe-(hydr)oxides 

Samples of the clay samples were submitted to selective dissolution 

of both amorphous and crystall ine Fe-(hydr)oxides by treating the 

samples with ammonium oxalate (AO) and dithionite-citrate-bicarbonate 

(DC), respectively. The procedure to extract the amorphous Fe -

(hydr)oxides consisted on treating 0.25 g of clay with 10 mL of AO 0.2 

mol L-1 pH 3.0 in the dark. The samples were kept in the dark by 

covering the centrifuge tubes using aluminum foils and were shaken for 

2 hours at 120 rpm. After the extraction procedure, the samples were 

centrifuged at 3000 rpm, the supernatant was collected and stored into 

centrifuge tubes to quantify the amounts of Fe and Al released during the 

treatment. The extraction of crystall ine Fe -(hydr)oxides consisted on 

treating 0.25 g of clay with 10 mL do DC 0.2 mol  L-1 in centrifuge tubes, 

which were kept under water bath for 30 minutes at 50 °C. Afterwards, 

the samples were centrifuged at 2000 rpm during 20 minutes, the 

supernatant collected and stored. The extraction procedure using DC was 

repeated three times. The amounts of Fe and Al extracted by AO and DC 
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were determined by Atomic Absorption Spectrometry (Varian Spectra 

AA, 220FS).  

The clay used for the extraction of Fe-DC was used to estimate the 

content of kaolinite and gibbsite by thermogravimetry (Karathanasis and 

Harris, 1994). For this procedure, 5 mg of the clay was deposited on an 

alumina crucible and submitted to heat flow from 25 up to 750 °C under 

N2 atmosphere flowing at 50 mL min-1 using a Shimadzu (model 

DTG60H).  

13C and 15N isotope labeling 

Briefly, the plant material used as the source of C and N in our 

incubation experiment was produced by growing an eucalypt hybrid 

(Eucalyptus urophylla x Eucalyptus grandis) under controlled 

conditions. Therefore, three seedlings (120-days) were grown into a 10 L 

vase on a nutrient solution (pH 5.5) for 18 weeks with continuous 

oxygen supply. For the isotope labeling, the seedlings were kept on a 

448 dm3 chamber in which the 13C added by acidifying Na2
13CO3 (13C at 

99 atom%, Isotec Inc. Miamisburg, Ohio) with H2SO4. The 13CO2 was 

added by preparing a Na2
13CO3 solution at 0.18 mol L-1 and mixed with 

50 mL of H2SO4 3.8 mol L-1. The CO2 concentration within the chamber 

was kept at 500 ppm throughout the labeling experiment. The 15N label 

was added through a nutrient solution (N-NH4
+ 0.9 mmol L-1) applied 

once a week, by adding (15NH4)2SO4 (98 atom% excess, Sigma-Aldrich). 

At the end of the isotope labeling, the seedlings were col lected and 

separated into leaves, twigs, stem and roots (predominantly fine roots, 

diameter <2 mm), and dried under forced air circulation at 45 °C unti l 

constant weight. After drying, the plant material was milled to achieve a 

particle-size <500 µ m using a Wiley mil l . For further homogenization, 

the plant material was subsequently finely ground using a ball -mil l after 

which the final part icle-size achieved was <149 µ m. The samples were 

analyzed using an Isotopic Ratio Mass Spectrometer (IRMS) with 

continuous flux (20-20, ANCA-GLS, Sercon, Crewe, UK). The C and N 

content, and their respective stable isotope abundance (13C and 15N) for 

each of the components of the plants are shown in Table 1.   
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Table 1.  Components of the plant l i tter, their C and N content, and their 
respective stable isotopes concentration  

Component  Mass, g†  C, g kg- 1 δ1 3C, ‰  N, g kg- 1 1 5N, atom % C:N 

Bark 21.9 425.0 318.6 5.2 81.4 82 
Leaves 135.9 455.0 508.5 18.3 76.2 25 
Twiggs 40.5 427.0 423.1 7.6 72.3 56 
Stem 52.3 452.0 210.4 2.2 70.7 205 
Roots 58.5 457.0 358.4 10.4 66.7 44 

Corrected mean‡  -  449.0 405.5 11.8 74.3 38 
†The mass of each component produced (grams per plant). The plant 
l i tter was added to the soils as a mixture, for which the amount of each 
component was proportional to their content on the plant grown for 13C 
and 15N labeling. ‡The mean value was corrected considering the C and 
N content and the proport ion of each component for total dry matter of 
the labeled plant . 

 

Incubation experiment  

The experimental units consisted on air tight vials (150 mL) containing 20 grams 

of the fine earth fraction (<2mm). The moisture content of the samples was kept at 

approximately 60-70% of the WHC of each soil. In terms of C inputs, we used plant 

litter additions at 0, 10, 20, and 40 mg g-1 soil (equivalent to C additions at 0.0, 4.5, 9.0, 

and 18 mg g-1 soil, respectively). For each C input, the mass of the components of the 

litter added was equivalent to their proportion in the whole plant, as shown in Table 1.  

The incubation was carried out during 12 months in a chamber with 

controlled temperature (25 °C ±1). During the first 4 weeks the vessels 

were opened 3 times a week during 1  hour to avoid O2 l imitation for the 

decomposers. After the first month, the vessels were opened only once a 

week and the weight of the experimental units were monitored to avoid 

water l imitation. As such, each experimental unit was weighted after 

every 2 weeks and compared to the total weight measured at the first day 

of the incubation. When necessary, deionized water was added using a 

pipette to assure the moisture content was kept between 60 and 70% of 

the WHC. For each treatment, we had 3 replicates.   

Because we collected soil samples from different depths, we 

prepared a suspension by mixing 1 g of soil from the 0 -10 cm depth into 

100 mL of deionized water to inoculate the samples from the other soil 

layers (10-20, 20-40 and 60-100 cm depth). This procedure was done for 



 
 

45 

each soi l separately to make sure there was not any substantial 

difference on the microbial community throughout the soil profi le. Since 

our incubation experiment was conducted over a whole year, we do not 

expect that differences on the size and/or activity of the microbial 

community would impact on the final results reported here. However, we 

have not assessed any microbial biomass-related parameters to support 

the previous statement.  

After the 12-month incubation, the samples were air-dried and 

physically fractionated into sand (particle-size >53 µ m) and its 

associated particulate organic matter (POM), and the clay+silt fraction 

(part icle-size <53 µ m) and their associated organic matter. For the 

physical fractionation, a 5-g subsample was dispersed into a 50 mL 

centrifuge tube containing 15 mL of hexametaphosphate g L-1 and 100 

mm diameter glass bead, under continuous stirring throughout 16 hours 

at 120 rpm. After physical fractionation , the samples were wet -sieved 

through a 53 µ m screen, and the fractions were dried at 45 °C for 7 days. 

Afterwards, the samples were weighted, finely ground using an agate 

mortar and pestle in order to achieve a f inal particle -size <149 µ m. The 

C, N content and their respective stable isotope abundance (13C and 15N 

content) were determined using an IRMS with continuous flux (20-20, 

ANCA-GLS, Sercon, Crewe, UK).  The 13C results were expressed as δ13C 

in parts per mil (‰)  with reference to the internation stardard (Pee Dee 

Belemnite) and the 1 5N abundance was expressed in atom%.  

Litter-derived C and N 

The proportion (f) of l i t ter-derived C and N in the fraction <53 µ m 

was calculated as fol lows 

f = 
             

in which δ t  is δ13C of the <53 µ m for the treatments receiving plant -

litter, δs is δ13C of the <53 µ m in the control treatments (no plant l i tter  

addition),  and δ l  is δ13C of the plant litter (405.50‰). The same formula 

was used to assess the l it ter -derived N, for which the δ l
 was 74.30 
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atom%. The total amount of l i tter -derived C and N associated to the <53 

µ m was calculated as 

Er,% = ቀ                  ቁ       

where Er% is the fraction of the element (C or N) recovered, 

expressed in percent (%), Ec is the total element content (C or N) 

associated to the <53 µ m fraction in the whole 20-gram of soil sample 

after the incubation experiment , and total input is the total C or N added 

via plant l i tter.  

Statistics 

The influence of specific properties of the 6 Oxisols, depth of 

sampling, and plant l i tter inputs on the l i tter-C and N recovered, their C 

and N content and C:N ratio (after the 12-month incubation experiment) 

were assessed by means of analysis of variance (ANOVA). The effects of 

mineralogy on SOM were assessed by means of simple correlation 

analyses. The stat ist ical analyses were performed using the Statist ica®  

13 and the artwork was prepared on Sigma Plot®  11. 

4. Results 

Oxisols mineralogy 

The texture and mineralogy of the clay fract ion of the selected 

Oxisols are presented in Table 2.  Most of the minerals occurring in the 

clay-sized fraction of the selected Oxisols were also present on the silt-

sized fraction, as determined by XRD analyses (Supplementary Figures 1 

and 2). Such overlapping cannot be attributed to problems during the 

siphoning of the clay fraction because the silt content was low for most 

of the soi ls. For some Oxisols, however, the high silt content is due to 

their strong microaggregation, because even after organic matter 

oxidation the silt  content remained quite high (as observed for the HHD 

and RHT, Table 2). The XRD data confirms that the high sil t content is 

mostly due to “pseudo -silt” in these soils (Supplementary Figure 2) 

because other than quartz, the same minerals occur both in the clay and 

silt fractions. 
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Table 2. Oxisols texture (sand, silt and clay content), extractable Al and Fe by ammonium oxalate (AO) and 
dithionite-citrate-bicarbonate (DC) and kaolinite and gibbsite content within the clay fraction 

Oxisol  
 

Depth 
 

Sand Si l t  Clay Al A O
†  FeA O

†  Al D C
†  FeD C

†  Kaol ini te‡  Gibbsi te‡  Texture Class  
cm 

 
g kg- 1 soi l  

 

Typic Hapludox-THD 

0-10 
 

363.8 33.1 603.2 0.8 0.7 12.2 49.1 439.5 32.1 Clay 
10-20 

 
289.8 33.7 676.7 0.9 0.9 15.1 54.3 493.1 36.1 Clay 

20-40 
 

249.3 31.6 719.2 1.0 0.8 13.2 54.8 524.1 38.3 Clay 
60-100 

 
234.4 31.1 734.6 1.1 0.5 14.0 56.9 535.2 39.1 Clay 

Humic Hapludox-HHD 

0-10 
 

324.9 78.4 596.8 4.1 2.2 14.5 36.2 354.4 136.3 Clay 
10-20 

 
355.3 55.4 589.4 3.9 2.2 13.6 37.9 350.0 134.6 Clay 

20-40 
 

316.0 51.4 632.7 4.4 2.5 15.2 40.2 375.8 144.5 Clay 
60-100 

 
307.9 34.7 657.5 3.3 1.7 15.2 47.7 390.5 150.2 Clay 

Xanthic Hapludox-XHD 

0-10 
 

752.8 24.2 223.1 0.4 0.2 1.6 4.9 200.9 1.2 Sand clay loam 
10-20 

 
629.0 38.2 332.9 0.6 0.3 2.7 7.6 299.8 1.8 Sandy clay  

20-40 
 

622.8 38.0 339.3 0.5 0.3 2.5 7.9 305.5 1.8 Sandy clay  
60-100 

 
606.8 35.7 357.6 0.7 0.2 2.8 9.2 322.0 1.9 Sandy clay  

Xanthic Haplustox-XHT  

0-10 
 

395.9 86.6 517.6 2.5 0.6 4.2 11.7 176.3 303.8 Clay 
10-20 

 
388.6 80.0 531.5 1.8 0.5 3.6 10.7 181.3 311.9 Clay 

20-40 
 

378.6 59.4 562.1 2.4 0.7 3.9 11.8 191.5 329.9 Clay 
60-100 

 
393.0 44.4 562.6 2.3 0.6 3.6 11.3 191.7 330.2 Clay 

Rhodic Haplustox-RHT 

0-10 
 

195.5 205.1 599.4 3.9 3.7 12.2 103.6 224.5 122.8 Clay 
10-20 

 
154.9 236.6 608.6 3.6 3.8 12.8 103.6 227.9 124.7 Clay 

20-40 
 

169.2 223.5 607.4 3.2 3.7 13.0 105.2 227.5 124.5 Clay 
60-100 

 
212.1 202.2 585.8 2.8 3.4 12.8 106.8 219.4 120.1 Clay 

Typ ic Haplustox-THT 

0-10 
 

580.1 60.0 359.9 1.0 0.8 2.2 24.6 297.3 1.3 Sandy clay  
10-20 

 
635.0 51.1 313.9 0.9 0.6 2.0 22.2 259.0 1.1 Sandy clay loam 

20-40 
 

644.1 53.5 302.5 0.8 0.5 1.7 19.0 249.6 1.1 Sandy clay loam 
60-100 

 
553.0 72.1 375.0 0.7 0.4 2.0 22.1 309.4 1.3 Sandy clay  

†Element content within the clay fraction, expressed in g kg -1 soil. The conversion of Al into Al2O3 and Fe into 
Fe2O3 can be achieved by mult iplying the element content by (102 ÷ 54) and (160 ÷ 112), respectively. ‡Estimated 
by means of thermogravimetry using the clay fraction after Fe removal by DC.  
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Within the silt - and sand-sized fractions, quartz was the 

predominant mineral, and it does not occur in the clay fraction of 

Oxisols (Schaefer et al., 2008). In the clay fraction, kaolini te was the 

only phyl losil icate present and it was of ubiquitous occurrence in the 6 

selected Oxisols, although its amounts varied considerably among these 

soils (Table 2). Other than kaolinite, the clay fraction also presented 

variable amounts of Al - and Fe-(hydr)oxides. Based on X-ray diffraction, 

the only Al-(hydr)oxide present in the samples was gibbsite (γ-Al(OH) 3). 

Among the Fe-(hydr)oxides, goethite (α-FeOOH) and hematite (α -Fe2O3) 

were the main minerals identi fied. Anatase (TiO2), i lmenite (FeTiO3) and 

maghemite (γ-Fe2O3) also were detected in both clay- and silt-sized 

fractions (Supplementary Figures 1 and 2).  

Litter-derived C and N in the fraction <53 µm 

Relative to the init ial input, the proport ion of C and N recovered 

within the fraction <53 µ m was 23.7 and 37.3%, respectively (Fig 1).  

 

Figure 1.  Li tter-C recovered within the mineral fraction (<53 µ m), 
expressed as a percentage of the init ial  input (via plant l i tter) ranging 
from 4.5 up to 18 mg g-1 soil applied in samples collected at 0 -10, 10-20, 
20-40 and 60-100 cm depth in 6 Oxisols. The vertical bars denote the 
standard error of the means, n=3. The average amount of C recovered  
across the soi ls was 23.7% of the init ial input.  
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Among the Oxisols, the recovered C fraction was significantly 

higher (P<0.01) in the RHT and in the HHD. In these soils, the recovered 

C fraction was 25.2 and 26.1% in the RHT and in the HHD, respectively 

(Fig 1). In contrast, the proportion of the added C recovered within the 

fine fraction was signif icantly lower (P<0.01) in the THT and in the 

XHT. The mean values for the recovered C fraction in these soils were 

21.0 and 22.1%, respectively (Fig 1). For the  THD and the XHD, the 

averaged amounts of the C added recovered within the mineral fraction 

were 23.2 and 24.3%. 

We also observed signif icant differences among the Oxisols for the 

N recovered within the fraction <53 µ m (Fig 2).  

 

Figure 2. Litter-N recovered within the mineral fraction (<53 µ m), 
expressed as a percentage of the init ial  input  (via plant l i tter) ranging 
from 0.12 up to 0.48 mg g-1 soi l applied in samples collected at 0 -10, 10-
20, 20-40 and 60-100 cm depth in 6 Oxisols. The vertical bars denote the 
standard error of the means, n=3. The average amount of C recovered 
across the soi ls was 37.3% of the init ial input.  

 

As such, the HHD and RHT were the soils with higher N recovery 

(P<0.01), which were about 42.0 and 42.2% relative to the init ial input. 

In the XHD, the recovered N was approximately 39.3% while lower mean 

values were observed for the THT, XHT and for the THD. In the latter 
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soils, the recovered N within the fine fraction was 32.2, 33.2 and 35.1% 

of the init ial input, respectively. Therefore, the variabil i ty among the 

Oxisols was proport ionally higher for the recovered N  as compared to 

the recovered C fraction. The main aspect related to the variabil i ty on 

the recovered N among the soi ls was due to the addition of the plant 

l i tter to samples collected at different depths (Fig 2).  

In terms of absolute values, the C recovered varied from about 18 

up to 32% of the ini t ial input (Fig 2). As such, in the soils with higher 

incorporation of C in the fine fraction (in the HHD and in the RHT ), the 

recovered C fraction increased significantly with depth (Fig 2). 

Although, similar trend occurred for the soils with lower C recovery (the 

THT and the XHT), the amount of C incorporated into the f ine fract ion 

was somewhat less affected by soil  depth  (Fig 1). Addit ionally, the 

variabil i ty on the recovered C was much more significant for the THT, 

the XHT, the THD and for the XHD. The differences among the Oxisols 

were even higher with respect to the incorporation of N with increasing 

soil depth. In contrast to the recovered C in the HHD and in the RHT, 

the incorporation of N has not increased systematically with depth, 

except at the lower addition of plant l i tter (N input equivalent to 0.12 mg 

g-1 soil). In the other 4 Oxisols (THT, XHT, THD and XHD) the 

recovered N decreased significantly with both increasing plant l i tter 

inputs and soil depth (Fig 2). The abundance of the 13C and 15N isotopes 

within the fraction <53 µ m after the incubation experiment are given in 

Supplementary Fig 3 and 4. 

Those differences observed for the total amounts of C and N 

recovered within the fine fraction were reflected on the C:N rat io of the 

labeled SOM. Among the studied Oxisols, lower C:N ratios were 

observed for the RHT and for the HHD, with lower variabil i ty as a 

function of soil  depth or l i tter input levels (Fig 3).  
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Figure 3. Labeled organic matter (13C and 15N) C to N ratio within the 
mineral fraction (<53 µ m) as affected by plant l i tter input ranging from 
10 up to 40 mg g-1 soil applied in samples col lected at 0-10, 10-20, 20-
40 and 60-100 cm depth in 6 Oxisols. For simplicity, the plant l i tter 
input is expressed in dry matter to i l lustrate its C:N ratio. The  vert ical 
bars denote the standard error of the means, n=3. The averaged C to N 
rat io of the plant l i t ter  used for the incubation experiment (C:N=38).  

 

The average C:N ratio for the labeled SOM in these soils varied 

between 20 and 30:1, with higher values observed for the deeper soil  

layers. Similarly, in the XHT the labeled SOM also presented a C:N ratio 

ranging from about 20 to 30:1, which was corroborated by the lower 

percentage of recovered C in this soi l (Fig 1). In the XHD, the C:N ratio 

was remarkably low, ranging from about 20 to 25:1 irrespective of depth 

for plant l i tter inputs ranging from 10 and  20 mg g-1 soil . However, for 

the highest l i tter input (40 mg g-1 soil), the C:N varied substantially 

from 22 in the 0-10 cm depth up to 45:1 in 60-100 cm depth layer. Also 

in the THT and in the THD, the C:N increased substantially with soil 

depth, ranging from 20 to 25:1 in the 0 -10 cm depth up to 38:1 at the 60-

100 cm depth layer (Fig 3).  
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Combined, the incorporation of C and N and the respective C:N 

rat io of the labeled SOM, suggest a significant N -enrichment within the 

mineral fract ion (Fig 1, 2, and 3). The averaged efficiency of N 

incorporation was about 60% higher than for C throughout the incubation 

experiment. Although we observed some significant variabi l i ty among 

the Oxisols, such tendency indicates that most of the organic matter left 

in associations with minerals was first incorporated by the microbial 

biomass. It was also interesting that with increasing soi l  depth, the 

l itter-C recovered increased substantial ly, while the opposite occurred 

for l i tter-N, except for the RHT and for the HHD.  

As a result of C and N incorporation from the decomposing plant 

l i tter, some significant increments occurred for both elements within the 

fraction <53 µ m in all Oxisols (Supplementary Table 2). Irrespective of 

soil depth, higher increments occurred in the treatments receiving the 

highest C inputs (18 mg g-1 soil). Overall ,  the same trend occurred for N, 

despite its higher variabil i ty as compared to C particularly with respect 

to different l i tter inputs and soil depth. However, given the higher 

addition of C compared to N the magnitude of the increment of the 

former element was slightly higher as previously demonstrated. 

The influence of Oxisols’ mineralogy on SOM 

The correlat ions among minerals and SOM parameters in the 

Oxisols are shown in Table 3. According to these analyses, soil organic 

carbon (SOC) presented better correlations with amorphous Al -/Fe-

(hydr)oxides than with clay, kaolinite, gibbsite or even with crystall ine 

Fe-(hydr)oxides content. While the correlation coefficients among SOC 

content, AlAO and FeAO were 0.80 and 0.67, respectively, for clay, AlDC, 

FeDC, kaolinite and gibbsite, these coeff icients were 0.42, 0.56, 0.41, -

0.04, and 0.30, respectively. All of these coefficients were highly 

significant (P<0.01), except for kaolinite (P<0.47). Despite representing 

only a small amount of the whole f ine fraction mass (Table 2), 

amorphous Al-/Fe-(hydr)oxides seem to be highly effect ive in protecting 

SOM in Oxisols (Table 3).   
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Table 3.  Person’s correlation coefficients between mineral parameters and organic matter within the fine fraction 
(<53 µ m) in 6 Oxisols 
na 

 
Clay AlDC FeDC Al AO FeAO Al+FeAO Kaolinite Gibbsite 15N N# N§ C:N 13C C# C§ 

24 Clayb 1 
             

 
24 AlDC

b¶ 0.87***  1 
            

 
24 FeDC

b¶ 0.59***  0.73***  1 
           

 
24 Al AO

b† 0.57***  0.62***  0.52***  1 
          

 
24 FeAO

b† 0.49***  0.66***  0.87***  0.81***  1 
         

 
24 Al+FeAO

b 0.56***  0.67***  0.72***  0.96***  0.95***  1 
        

 
24 Kaoliniteb‡ 0.47***  0.56***  0.11* -0.18***  -0.15***  -0.18***  1 

       
 

24 Gibbsiteb‡ 0.41***  0.07 -0.03ns 0.56***  0.19***  0.40***  -0.46***  1 
      

 
288 15Nc -0.24***  -0.27***  -0.02ns -0.26***  -0.24***  -0.26***  -0.04ns -0.12**  1 

     
 

288 N# -0.15***  0.10* 0.04ns 0.29***  0.25***  0.28***  -0.15***  -0.08ns -0.20***  1 
    

 
288 N§ 0.39***  0.54***  0.51***  0.69***  0.68***  0.72***  -0.03ns 0.17***  -0.32***  0.74***  1 

   
 

288 C:N -0.01ns -0.14**  -0.31***  0.15***  -0.16***  0.00ns -0.15***  0.37***  0.44***  -0.41***  -0.41***  1 
  

 
288 13Cd -0.21***  -0.26***  -0.18***  -0.32***  -0.27***  -0.31***  0.02ns -0.16***  0.97***  -0.27***  -0.36***  0.42***  1 

 
 

288 C# -0.14**  0.10ns -0.09ns 0.38***  0.22***  0.32***  -0.16***  0.04ns -0.10ns 0.94***  0.67***  -0.13**  -0.19***  1  
288 C§ 0.42***  0.57***  0.41***  0.80***  0.67***  0.77***  -0.04ns 0.30***  -0.25***  0.71***  0.95***  -0.16***  -0.31***  0.74***  1 
aThe number o f observat ions  (n)  for  mineral  parameters were 24 (6 Oxisols at  4 depths) and for organic  matter  var iables, the number  
of observat ions were 288 (6 Oxisols,  4 depths, 4 l it ter  inputs and 3 rep l icates).  bMinerals content wi th in the clay fract ion expressed 
in gkg- 1 so i l ;  cAtom%; dDel ta PDB (‰); #C and #N concentrat ion in the fract ion (<53 µ m),  expressed in g kg- 1 o f f ract ion;  §C and §N 
content in the fract ion (<53 µ m), expressed in g kg- 1 soi l ;  ¶DC, di th ioni te -ci tra te-bicarbonate;  †AO, Ammonium oxala te;  ‡Content  
est imated from thermogravimetry.  Coeff ic ients fo l lowed by * * * ,  * * ,  *  are signi f icant at P<0.01, P<0.05 and P<0.10 level respect ive ly;  
n s,  non-s igni f icant (P>0.10).  
 
 
Color code Correlation coefficient range (+) Color code Correlation coefficient range (-) 

  >0.75   >0.75 
  0.45-0.74   0.45-0.74 
  0.30-0.44   0.30-0.44 
  0.29-0.15   0.29-0.15 

 
<0.15 

 
<0.15 

The correlat ion coeff ic ient ranges were def ined arbitrar i ly .  
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Even more intriguing is that the total amount of Al-/Fe-(hydr)oxides 

is considerably lower than the SOC content itself. For example, the SOC 

content increased exponential ly with AlAO content (Fig 4; R2=0.76, 

P<0.01). 

 

Figure 4. Correlat ion between Al extractable by ammonium oxalate (Al -
AO) in the clay fraction (fraction <2 µ m) and the SOC content in the 
fraction <53 µ m. All parameter shown in the fitted regression are 
significant at P<0.02 according to the t test.  

 

Despite the l itter-N being retained at higher eff iciency than C, the 

correlations among N content and the mineralogical parameters followed 

the same trend as observed for the SOC content (Table 3). FeDC was the 

only mineralogical parameter that seemed to present bette r relationship 

with N content as compared to SOC (r=0.51 and r=0.41, respectively).  

Some characteristics of the samples and the correlations among 

mineral parameters and C and N content, suggest that in fact these 

(hydr)oxides are very important for the development of mineral -organic 

associations in Oxisols. As such, isomorphic substitution of Fe by Al on 

the structure of amorphous and crystall ine Fe-(hydr)oxides may 

contribute to increase their SSA (Norrish and Taylor, 1961) , which may 

increase the availabi l i ty of reactive surfaces to interact with SOM. For 

instance, Al -DC and Al-AO presented sl ightly better correlations with 

SOM than Fe-AO or Fe-DC (Table 2). Since the Al is released in the 

procedures used to dissolve Fe-(hydr)oxides, the most simple 
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explanation would be that Al occurs as a Fe substituent within these 

minerals structures (Schulze, 1984). Amorphous Al- and Fe-(hydr)oxides 

also presented higher correlation with their crystall ine counterpart s than 

with clay, kaolinite or gibbsite  content. It is possible that the amorphous 

fractions occur as an external layer enclosing the crystall ine core of 

these (hydr)oxides. Thus, while AO would dissolve only the outer region 

of crystall ine (hydr)oxides, DC would dissolve both the outer 

(amorphous material) and the crystall ine core at once.  

From a quantitative point of view, the newly developed mineral -

organic associations were much smaller than the preexisting SOM. For 

this reason, it would not be advisable to conclude that these (hydr)oxides 

are also part of the newly developed mineral -organic associations. In 

order to veri fy the influence of Al -/Fe-(hydr)oxides on the development 

of mineral -organic associations, we performed correlations among these 

variables and the recovered C and N (Table 4). By proceeding this way, 

we would exclude the influence of the unlabeled SOM on the 

correlations. As such, it seems that these minerals are in fact actively 

involved in the formation of mineral -organic associations,  since the 

correlations among these components and the recovered C and N 

remained strong even with decreasing content of unlabeled SOM at 

deeper soil layers (Table 4).  

Actually, the correlations among the minerals (amorphous and even 

crystall ine Al-/Fe-(hydr)oxides) and the recovered C and N, only were 

significant for the soil samples collected at 20 -40 and 60-100 cm depth 

(Table 4). Therefore, the strong correlations observed for Al -/Fe-AO 

when we included all data in a single analysis was not due to the 

influence of the unlabeled SOM only. Interestingly, for the recovered C 

and N in the 0-10 and 10-20 cm depth, the correlat ions were 

considerably weaker as compared to the samples collected at 20 -40 and 

60-100 cm depth (Table 4).  
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Table 4. Person’s correlation coefficients among mineral parameters and the percentage of l i tter C and N recovered 
within the fine fract ion (<53 µ m) in the Oxisols grouped by soil depth (0-10, 10-20, 20-40 and 60-100 cm) 

  0-10 cm  10-20 cm  20-40 cm  60-100 cm 
Variable a  C N  C N  C N  C N 

Clay  -0.10n s -0.24*  0.12n s -0.03n s 0.30* *  0.20n s 0.51* * *  0.30* *  
Al D C   0.10n s 0.04n s  0.22n s 0.06n s  0.51* * *  0.31* *   0.70* * *  0.44* * *  
FeD C   -0.01n s 0.10n s  0.16n s 0.11n s  0.46* * *  0.33* *   0.47* * *  0.36* * *  
Al A O   -0.04n s -0.09n s  0.33* *  0.33* *   0.57* * *  0.56* * *   0.57* * *  0.63* * *  
FeA O   -0.01n s 0.09n s  0.30* *  0.28* *   0.64* * *  0.56* * *   0.48* * *  0.53* * *  

Al+FeA O   -0.03n s -0.01n s  0.33* *  0.32* *   0.64* * *  0.58* * *   0.56* * *  0.62* * *  
Kaol ini te   0.03n s 0.01n s  0.04n s -0.14n s  -0.01n s - .25*   0.25*  -0.16n s 
Gibbsite   -0.15n s -0.39* * *   -0.02n s 0.00n s  0.10n s 0.29* *   0.07n s 0.32* *  

aThe number o f observat ions for minera l parameters were 6 (6 Oxisols)  and for SOM parameters,  the number o f observat ions were 54 
(6 Oxisols,  3 l i t ter  inputs and 3 rep l icates).  The uni ts o f a l l  parameters are the same as presented in Table 3.  Coeff ic ients fo l lowed by 
* * * ,  * * ,  *  are s igni f icant at P<0.01,  P<0.05 and P<0.10 respect ively;  n s,  non-signi f icant (P>0.10).  

 

 

C
olor code 

Correlation 
coefficient (+) 

C
olor code 

Correlation 
coefficient (-) 

 
>0.75 

 
>0.75 

 
0.45-0.74 

 
0.45-0.74 

 
0.30-0.44 

 
0.30-0.44 

 
0.29-0.15 

 
0.29-0.15 

 
<0.15 

 
<0.15 

The correlat ion coeff ic ient ranges were def ined arbitrar i ly .  



57 
 

In two of the Oxisols (HHD and RHT) we observed a significantly 

higher accumulation of the C and N added. In comparison to the other 

Oxisols evaluated, the incorporation of C and N in these soils was 

relatively uniform, either as a function of l i tter inputs or soil  depth (Fig 

2 and 3). Despite the relative uniform incorporation of C and N into 

mineral-organic associations in the HHD and in the RHT, their chemical 

properties were highly different (Table 2; Supplementary Table 1). As 

such, the natural ferti l i ty (including pH and exchangeable Ca and Mg 

content) of the RHT was much higher than for HHD. Furthermore, the Fe 

extracted by DC and AO is much higher in the RHT (Table 2). In terms 

of mineralogy, the higher Fe content in the RHT favors the formation of 

hematite, which seems absent in the HHD (Supplementary Figures 1 and 

2). Other than hematite, their content of kaolinite and gibbsite are 

reasonably similar, although the phyllosil icate is more abundant in the 

HHD. Despite these soils presenting much more differences than 

similarit ies, they have in common very similar amounts of Al -/Fe-AO 

and Al-/Fe-DC (Table 2). Thus, it is reasonable that the occurrence of 

these minerals might favor, directly or indirectly, the accumulation of C 

and N in mineral organic associat ions in Oxisols.  

5. Discussion 

Linking plant-l i t ter decomposition to SOM formation  

In our study, we observed that approximately 23.7% of the l itter -C 

and 37.3% of the l itter -N added was recovered in associations within the 

mineral matrix after the 12-month incubation experiment. In a similar 

incubation experiment conducted over 8 months, Diochon et al.  (2016) 

observed that approximately about 12% of the C added via plant l i tter 

(barley, Hordeum vulgare L. ) was retained within the silt - and clay-sized 

fractions in a Canadian Eutric Cambissol. In this study, whi le the C:N 

rat io of the plant l i tter was approximately 40:1, the C:N ratio of mineral -

organic associations developed was 20 units lower. Such, reduction in 

the C:N from the plant l i tter towards the mineral -associated C, also 

suggests a higher accumulation of N as we observed in our Oxisols.  
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Although our study was l imited to plant l i tter decomposition within 

12 months under laboratory conditions, similar trend indicating higher 

accumulation of l i tter-N relative to C also has been reported for field -

based experiments. As such, Cotrufo et al. (2015) conducted a 3-year 

decomposit ion experiment in a temperate Grassland in Kansas, USA. In 

this study, approximately 20% of the C and 58% of the N added via plant 

l i tter (big bluestem, Andropogon gerardii) was transferred into the 

fraction <2mm in the soil. Furthermore, Hatton et al. (2015a) also 

reported higher accumulat ion of l i tter -N relative to l i tter -C within SOM 

light fraction (density <1.75 g cm3), and the operational ly defined 

“humic” and “humin” fractions, in a 5 -year field experiment conducted 

in an Ult ic Haploxeralf under a mixed conifer temperate forest in 

Cali fornia, USA. Relative to our study, some of the results reported here, 

were generated under conditions significantly different with regard to 

the experimental setup (soils, cl imate conditions, plant l i tter type s) and 

fractionation procedures to isolate SOM fractions. Yet, all these reports 

have in common the concentration of N relative to C during the 

decomposit ion of the plant l i tter. Such common trend is in l ine with the 

hypothesis of a strong influence of soi l microbial community processing 

plant l i tter decomposition (Bird et al.,  2008; Hatton et al. , 2012, 2015a; 

Cotrufo et al.,  2015; Diochon et al. , 2016) . 

Throughout our incubation experiment, a series of events probably 

contributed for the different incorporation rates for C and N in mineral 

organic associations (Fig 1 and 2). Init ial ly, the plant l i tter added 

probably was depolymerized into smaller biopolymers down to 

monomers due to enzymatic activi ty (Hedges and Keil, 1999) . Therefore, 

as the enzymatic breakdown progressed, the components of the plant 

l i tter became smaller and with higher abil i ty to dissolve in water. This is 

important because as the solubil i ty in water inc reases, the diffusion of 

these compounds also increases, which may facil i tate their assimilation 

by soil microbes (K leber et al. , 2015). Once the organic compounds are 

small  enough to be absorbed by soi l microbes (<500 Da), these 

compounds can be either respired or converted into biomass (Hedges and 

Kei l, 1999). However, after the addition of C via plant l i tter containing a 
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relatively complex mixture of compounds, it is difficult to predict the 

exact proportion of C that is converted into biomass or CO2. This is 

mainly because the part it ioning between microbial anabolism and 

respiration can be affected by a range of factors , including substrate 

chemistry and temperature (Frey et al. , 2013). Throughout our incubation 

experiment, the l itter-C fraction effectively assimilated into microbial 

biomass may have become associated to minerals by deliberate  

attachment of microbes and/or due the production of EPS (Fig 5).  The 

production of EPS specifical ly, is often related to the attachment of 

microbial colonies onto mineral surfaces.  

 

Figure 5. The fresh organic matter (OM) added to the soil (1) is 
depolymerized by microbial enzymes; become dissolved or solvated (2), 
and is subsequently parti t ioned into microbial biomass (growth) and 
respiration (CO2) (3);  and the mineral-organic associations would be 
formed after deliberate attachment of microbes onto mineral surfaces 
and/or EPS production, used for cel l adherence onto the mineral surface. 
In Oxisols, Al-/Fe-(hydr)oxides seem to play a cri tical role on the 
formation and persistence of these mineral -organic associations. 
EPS=Extracellular polymeric substances.  Adapted from Kleber et al. 
(2015).  

 

Conversely, direct preservation of the plant material within the soil 

mineral matrix is also possible (Cotrufo et al. , 2015)  and i ts occurrence 

cannot be ruled out in our incubation experiment. However, there is 

strong evidence that in aerobic soi ls, biotic processing is the major 

driver leading to the formation of mineral-organic associations 

(Mambell i et al., 2011; Hatton et al.,  2015b) . For instance, had the 
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abiotic preservation being the predominant process leading to the 

development of mineral -organic associat ions in our study, there would 

be no such a big difference in terms of the amount of C and N recovered 

within the fine fract ion.  In such scenario, the newly developed mineral -

organic associations should have a C:N similar to that in the original  

plant l i tter.  

The relat ive concentrat ion of N with respect to C during plant l i tter 

decomposit ion is a common feature among many terrestrial  ecosystems 

and it seems that such pattern is a result from interactions between 

reactive minerals and N-rich compounds (Keiluweit et al., 2012). This 

suggests that after the plant material being incorporated by the microbial 

biomass, further interactions between the resynthesized organic 

compounds and minerals may render the N-rich compounds (temporarily) 

inaccessible. The mechanisms underlying such inaccessibil i ty of N may 

be attr ibuted to chemical interactions between N-containing functional 

groups (e.g., amide) and reactive mineral surfaces (Keiluweit et al. , 

2012; Liu et al., 2013; Kleber et al.,  2015) . Additionally, structural 

conformation of microbial proteins that are not prone to dissolve in the 

soil water also may persist in soils due to its hydrophobicity (Masoom et 

al. , 2016). With regard to the reactive minerals in Oxisols, it seems that 

Al -/Fe-(hydr)oxides with low crystall inity degree may be among the 

main drivers of the development of mineral -organic associations, 

particularly those enriched in N (Keiluweit et al., 2012; Kleber et al.,  

2015).  

6. Conclusions and implications for C cycling in the tro pics 

Our data points out to some specific interactions that contribute for 

the formation of SOM in Oxisols. It seems that most of the C and N 

within the plant l i tter is incorporated by soil microbes, before being 

retained in mineral-organic associations, specifically with amorphous 

Al -/Fe-(hydr)oxides. These components presented good correlation with 

both, the total SOM in the Oxisols, i.e. unlabeled SOM and the labeled 

mineral-organic associations developed throughout the incubation 

experiment. The main aspect regarding the amorphous Al -/Fe-
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(hydr)oxides is that they contribute to very small amount of the fraction 

<53 µ m in Oxisols. For this reason, the total C stored in the tropics, 

which is about 30% of the global soil C stock (Jobbágy and Jackson, 

2000) may be highly sensitive to environmental changes in the long -

term. However, since our dataset was restricted to 6 Oxisols only,  

further research is sti l l  needed to improve the current understanding on 

the drivers of mineral -organic associations in these soils and their 

influence on C cycling in tropical environments.  
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APENDIX (Chapter two) 
Supplementary Table 1. Chemical properties of the selectecd Oxisols  

Soi la Hor izon Depth pHH 2 O P*  K *  Ca2 +†  Mg2 +†  Al 3 +†  H+Al ‡  #SB ECEC§ CEC¶ BSǂ  ECECc o r r .
γ  CECc o r r .

γ  
 -  cm -  mg dm- 3 cmolc dm- 3 % cmolc kg- 1 c lay 

THD A 0-10 4.4 2.0 38.0 0.2 0.2 1.7 6.6 0.5 2.2 7.1 6.6 3.6 12 
THD A 10-20 4.4 2.0 24.0 0.1 0.1 1.3 5.8 0.3 1.6 6.1 4.2 2.3 9 
THD AB  20-40 4.4 1.0 13.0 0.1 0.1 1.4 5.6 0.2 1.6 5.8 4.0 2.3 8 
THD B 60-100 4.9 0.5 2.0 0.1 0.1 0.7 4.0 0.2 0.9 4.2 4.2 1.2 6 
HHD A 0-10 4.8 1.6 24.0 0.1 0.1 1.1 10.9 0.3 1.4 11.2 2.4 2.3 19 
HHD A 10-20 5.2 1.5 15.0 0.1 0.1 1.0 9.6 0.2 1.2 9.8 2.0 2.0 17 
HHD AB  20-40 5.4 0.6 20.0 0.1 0.1 0.6 7.9 0.2 0.8 8.1 2.1 1.2 13 
HHD B 60-100 5.5 0.0 6.0 0.1 0.0 0.2 4.1 0.1 0.3 4.2 2.3 0.4 6 
XHD A 0-10 5.4 3.4 57.0 2.6 0.8 0.1 2.1 3.5 3.6 5.6 62.4 16.1 25 
XHD A 10-20 4.9 1.1 21.0 1.0 0.3 0.4 4.0 1.4 1.8 5.4 26.1 5.4 16 
XHD AB  20-40 5.0 0.7 9.0 0.9 0.4 0.6 3.6 1.3 1.9 4.9 26.1 5.5 14 
XHD B 60-100 4.9 0.0 1.0 0.6 0.2 0.3 2.5 0.8 1.1 3.3 24.3 3.1 9 
XHT  A 0-10 4.9 0.9 31.0 0.3 0.1 0.4 2.3 0.5 0.9 2.8 18.4 1.8 5 
XHT  A 10-20 5.0 0.8 35.0 0.3 0.1 0.4 5.6 0.4 0.8 6.0 7.1 1.6 11 
XHT  AB  20-40 5.3 0.4 29.0 0.2 0.1 0.4 5.0 0.4 0.8 5.4 6.6 1.3 10 
XHT  B 60-100 5.7 0.0 10.0 0.1 0.0 0.0 2.8 0.2 0.2 3.0 5.3 0.3 5 
RHT A 0-10 6.5 14.0 187.0 6.4 4.8 0.0 3.3 11.6 11.6 14.9 77.9 19.4 25 
RHT A 10-20 6.7 7.3 150.0 5.6 4.1 0.0 3.3 10.0 10.0 13.3 75.2 16.4 22 
RHT AB  20-40 6.6 6.7 111.0 3.0 3.2 0.0 3.5 6.5 6.5 10.0 65.1 10.8 17 
RHT B 60-100 6.1 11.0 97.0 0.8 0.8 0.0 4.0 1.9 1.9 5.9 32.2 3.2 10 
THT A 0-10 4.5 6.3 51.0 0.5 0.3 1.3 7.8 0.9 2.2 8.7 10.5 6.1 24 
THT A 10-20 4.5 4.2 23.0 0.1 0.1 1.4 5.3 0.2 1.6 5.5 4.1 5.2 18 
THT AB  20-40 4.4 1.8 11.0 0.1 0.0 0.4 4.5 0.2 0.6 4.7 3.4 1.8 15 
THT B 60-100 4.9 0.0 29.0 0.1 0.0 1.1 2.3 0.2 1.3 2.5 6.3 3.3 7 

aOxisols acronyms, the fu l l  c lassi f icat ion is given in the main text (Table 2).* Extracted by Mehl ich -1; †Extracted by KCl 1 mol L- 1;  
‡Extracted by Calcium Acetate 0.5 mol L- 1 pH 7.0; #SB=(Ca2 ++Mg2 ++K +) :  Sum of bases; §ECEC=SB+Al3 +:  E f fect ive cat ion exchange 
capacity;  ¶CEC=SB+(H+Al) :  Cation exchange capaci ty at pH 7.0.  ǂBS: base saturat ion ( (SB/CEC)x100) ; γECEC and CEC Corrected by 
kg o f c lay.  
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Supplementary Table 2. Soil C and N content as affected by depth of sampling and l itter-C and N inputs in the 
selected Oxisols 

Soi l  Depth Li t ter -C input,  mg g- 1 so i l  L i t ter -N input,  mg g- 1 soi l  
 cm 0.0 4.5 9.0 18.0 0.0 0.12 0.24 0.48 
  Carbon content,  g kg- 1 soi l  Nit rogen content,  g kg- 1 soi l  

THD 0-10 17.50c  18.60bc 19.60ab 21.30a 1.54b 1.86a 1.88a 1.75a 
THD 10-20 15.80c  16.90ab 18.30a 18.30a 1.35b 1.50b 1.68a 1.50b 
THD 20-40 12.70c  13.50bc 14.80ab 16.40a 1.04c 1.13bc 1.31a 1.28ab 
THD 60-100 7.30c  8.30bc 9.70b 12.10a 0.57b 0.67ab 0.74ab 0.75a 
HHD 0-10 38.20b 39.00b 42.00a 42.30a 2.70b 2.80b 3.02a 3.00a 
HHD 10-20 32.80b 34.05ab 35.10a 35.90a 2.24a 2.38a 2.30a 2.33a 
HHD 20-40 28.40b 29.60ab 30.40a 33.10a 1.87b 2.17a 1.82b 2.09a 
HHD 60-100 14.60c  16.50bc 18.00ab 19.70a 0.83b 1.04a 0.85ab 1.03a 
XHD 0-10 13.40c  13.70c 16.40b 18.90a 1.18c 1.30b 1.47a 1.51a 
XHD 10-20 8.80b 9.55b 11.80a 13.40a 0.60c 0.87b 1.06a 0.84b 
XHD 20-40 7.00bc  8.00b 8.70b 12.10a 0.50b 0.73a 0.70a 0.72a 
XHD 60-100 4.00c  5.10bc 6.70b 9.60a 0.27b 0.44a 0.51a 0.47a 
XHT  0-10 16.20b 16.30b 18.90a 19.90a 0.91c 1.20b 1.28ab 1.12a 
XHT  10-20 18.30b 19.00b 20.80a 20.90a 1.21b 1.28ab 1.38a 1.30ab 
XHT  20-40 15.30c  16.40bc 17.10b 19.10a 1.08b 1.14ab 1.18ab 1.23a 
XHT  60-100 9.80c  11.60b 12.15b 15.00a 0.60b 0.69ab 0.71ab 0.79a 
RHT 0-10 37.70b 38.40b 40.00a 41.00a 3.56b 3.83a 3.86a 3.74a 
RHT 10-20 26.90c  28.30bc 29.10b 31.80a 2.42b 2.60b 2.53ab 2.73a 
RHT 20-40 17.80c  20.30b 22.50a 23.40a 1.45b 1.72a 1.78a 1.83a 
RHT 60-100 9.80d 11.40c 13.20b 15.70a 0.66b 0.77b 0.80ab 0.96a 
THT 0-10 15.90c  17.15bc 18.40ab 19.00a 1.21b 1.30a 1.36a 1.38a 
THT 10-20 10.50b 10.60b 12.20b 14.35a 0.75c 0.81bc 0.85b 0.98a 
THT 20-40 7.70c  8.60bc 9.40b 11.90a 0.55c 0.64bc 0.65b 0.77a 
THT 60-100 2.90c  4.20bc 5.30b 8.10a 0.23b 0.28b 0.31b 0.44a 

For a given depth wi thin each of the 6  Oxiso ls,  means fol lowed by the  same lowercase  le t ter  do not  di ffer  accoding to  the Tukey’s  test  
at P<0.05.  
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Supplementary Figure 1.  Mineralogy of the clay fraction of the selected 
Oxisols as defined by X-Ray diffract ion patterns, using powdered non-
oriented samples,  Co Kα radiation λ = 1.789 nm ; kt = kaol inite, gb = 
gibbsite, gt = goethite, hm = hematite, an = anatase and mh = 
maghemite.  
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Supplementary Figure 2. Mineralogy of the silt fraction of the selected 
Oxisols as defined by X-Ray diffract ion patterns, using powdered non-
oriented samples,  Co Kα radiation λ = 1.789 nm; kt:  kaolinite, gb: 
gibbsite, gt: goethite, hm: hematite, an: anatase and mh: maghemite, and 
qz: quartz. The occurrence of “pseudo -sil t” is more evident in the Humic 
Hapludox and in the Rhodic Haplustox.  
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Supplementary Figure 3. 13C abundance (‰) as a function of plant 
l i t ter-C inputs and soils depth in the selected Oxisols. The vert ical bars 
denote the standard error of the mean, n=3.  
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Supplementary Figure 4. 15N abundance (atom%) as a function of plant 
l i tter-C inputs and soils depth in the selected Oxisols. The vert ical bars 
denote the standard error of the mean, n=3.  
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Al -/Fe-(hydr)oxides–organic matter associations in a Brazil ian humic 

Oxisol as revealed by elemental mapping and thermal analysis  

(chapter three) 

1. Abstract  

Tropical ecosystems store substantial  amounts of C as soil organic 

matter (SOM), despite the climate conditions usually favoring its 

decomposit ion. However, the specif ic mechanisms driving the 

persistence of SOM in tropical soils  are not wel l -known. Inferring such 

mechanisms in natural systems is often difficult  because soi l C stocks 

are a result of many interactions among organisms, physical processes 

and chemical reactions. All these factors combine to drive the formation 

of mineral-organic associations and the persistence of SOM in terrestrial 

ecosystems. In this study, we applied  scanning electron microscopy 

(STEM) to probe the chemical heterogeneity of mineral-organic 

associations within the fraction <53 µ m in a humic Oxisol. Additionally, 

synchrotron-based X-ray diffraction coupled to thermal analysis were 

used to fol low mineral dehydroxylation and SOM oxidation under a He-

O2 (80%-20%) atmosphere. Based on the STEM elemental mapping, we 

observed preferential associations between SOM and Al -/Fe-

(hydr)oxides. Moreover, the oxidation of SOM led to three strong CO2 

peaks at 234, 353 and another above 600 °C. We suggest that SOM forms 

associations with Al -/Fe-(hydr)oxides through polar functional groups 

that interact with hydroxyls groups on these minerals. Hence, with 

increasing temperatures up to 400 °C, the dehydroxylation of the Al -/Fe-

(hydr)oxides overlapped with the oxidation of its associated SOM. 

Otherwise, we propose that nonpolar organic compounds should be 

oxidized at temperatures above 600 °C and decoupled from mineral 

dehydroxylation, either Al -/Fe-(hydr)oxides or kaolinite. Our study 

contributes to improve the current understanding on the elemental 

composition and the mechanisms leading to the formation of mineral-

organic associations in highly weathered Oxisols  
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2. Introduction 

Worldwide, terrestrial ecosystems store about 15 00 Pg of C in the 

form of soil organic matter (SOM) only within the first meter depth 

(Jobbágy and Jackson, 2000). Such huge amount of C is a result from 

many interactions among organisms, physical and chemical processes 

within the mineral matrix of soils (Schmidt et al., 2011). However, the 

abil i ty of soils to protect SOM against decomposition is closely related 

to the reactivi ty of the mineral matrix (Lutzow et al. , 2006). As such, the 

formation of protect ive associations is restricted to minerals presenting 

large specific surface area (SSA) and high charge density (Kögel-

Knabner et al., 2008; Lutzow et al., 2006) . Because the formation of 

mineral-organic associations ult imately depend on the presence of 

reactive minerals (Baldock and Skjemstad, 2000) , the accumulat ion of 

low-activity clays as soil pedogenesis advance (Schaefer et al., 2008), 

raises questions on the mechanisms accounting for the persistence of 

SOM in highly weathered soi ls in tropical regions (Barré et al. , 2014).  

Highly weathered soils such as Oxisols, predominate on stable and 

old geomorphic surfaces in ecosystems characterized by intense 

biological activity, under warm and humid climate (Schaefer, 2001). 

Under such conditions, with intensive leaching of sil ica and bases, the 

vast majority of the primary minerals have been extensively weathered 

by dissolution and hydrolysis (Wilson, 1999). These processes favor the 

accumulation of kaolinite, the predominant phyl losil icate in Oxisols 

(Schaefer et al., 2008). With greater removal of si l ica, even kaolinite can 

be weathered to gibbsite (Wilson, 1999), which also can precipitate in 

the soil  solution as a result  of the release of Al 3+ from the weathering 

minerals (Chadwick and Chorover, 2001). Addit ionally, throughout  the 

weathering sequence, the dissolution of Fe-bearing primary minerals 

releases Fe2+ that is oxidized to Fe3+, which hydrolysis leads to the 

formation of Fe-(hydr)oxides (Wilson, 2004). In Oxisols, the most stable 

and widespread forms of Fe-(hydr)oxides are goethite and hematite 

(Fontes and Weed, 1991; Schaefer et al., 2008) . Although it is well -

known that Oxisols account for substant ial amounts of C, especially in 

humic Oxisols (Andrade et al.,  2004), the underlying mechanisms 
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leading to the formation of mineral -organic associations in these soi ls 

are relatively poorly understood (Barré et al. , 2014). 

The specific mechanisms by which mineral -organic associations 

occur in Oxisols should be a function of the properties of the minerals 

that predominate within the silt - and clay-sized fract ions (Zinn et al., 

2007). Despite its high abundance in Oxisols, the reactivity of kaol inite 

towards SOM is low due to the absence of permanent charges and low 

SSA (Keil and Mayer, 2014; Kleber et al. , 2015). Although kaolinite sti l l  

has hydroxyl groups (Si -OH and Al-OH) that can generate pH-dependent 

charges, these sites are mostly restricted to broken edges or other 

structural defects (Barré et al., 2014). Consequently, kaolini te exhibits 

predominantly noncharged surfaces that are more l ikely to form 

associations with nonpolar organ ic compounds by hydrophobic 

interact ions, e.g., associations with molecules containing predominantly 

alkyl and/or aromatic C (Kleber et al. , 2015). Otherwise, the noncharged 

surfaces of kaolini te also could interact with SOM through van der 

Waals forces and/or by H-bonding (Keil and Mayer, 2014; Lutzow et al. , 

2006).  

In sharp contrast to kaolinite, Al -/Fe-(hydr)oxides can exhibit 

variable crystall inity degree, often high SSA and therefore, these 

minerals are much more active on the formation of mineral-organic 

associations (Heckman et al. , 2013; Kei luweit et al. , 2012; Mikutta et 

al. , 2011, 2007). The main mechanism by which Al -/Fe-(hydr)oxides 

interact with organic compounds is predominantly due to l igand 

exchange between hydroxyl groups at the surface of these minerals and 

carboxyl ic, alcoholic and phenolic groups of organic compounds (Kleber 

et al., 2015; Mikutta et al., 2009, 2007) . Other than l igand exchange 

reactions, Al -/Fe-(hydr)oxides can form associations with SOM by H-

bonding or even by van der Waals forces (Cagnasso et al. , 2010; 

Chernyshova et al., 2011). Furthermore, in acidic soils such as the vast 

majority of Oxisols , the cation bridges should be intermediated by Fe3+ 

and Al3+ that are able to form complexes with soluble components of 

SOM (Mikutta et al., 2007;  Oades, 1988). However, given the overall  

complexity of natural soils, much of the inference on the mechanisms 
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leading to the formation of mineral -organic are based on artif icial  

systems, including pure minerals and/or simpler proxies of SOM (Chen 

and Sparks, 2015; Mikutta et al. , 2011, 2007; Saidy et al.,  2013) . For 

this reason, inferring these mechanisms in natural soi ls is a cri t ical step 

for the understanding on the formation and persistence of SOM  in 

terrestrial ecosystems. 

Here we address the chemical composition of mineral-organic 

associations in a humic Oxisol by (i) assessing the spatial distribution of 

SOM as related to the mineral phase using scanning transmission 

electron microscopy (STEM); (i i)  l inking mineral dehydroxylation to 

SOM thermal oxidation, by analyzing the gases evolved from the sample 

heated stepwise from 25 up to 700 °C , and simultaneously recording 

synchrotron-based X-ray diffraction (XRD) patterns to detect changes on 

the mineral phases under heat f low. Therefore, we tested the hypothesis 

that Al -/Fe-(hydr)oxides are the main drivers of mineral-organic 

associations in humic Oxisols. Hence, as the (hydr)oxides undergo 

dehydroxylation (loss of functional groups), this reaction also should 

release adsorbed SOM, followed by its thermal oxidation to  CO2. The 

objectives of this research were to assess the spatial  heterogeneity of 

SOM and infer the mechanisms underlying the formation of mineral -

organic associations in humic Oxisols.3.  

3. Material and methods 

3.1. Soil  sampling, physical and chemical characterization  

The samples were collected in a Humic Hapludox located in 

Araponga county, Minas Gerais state  at southeastern Brazil , within the 

Atlantic Rainforest biome. The selected soil was under native vegetation 

in a highland area (ca. 1200 m above the sea level), where the climate is 

classified as Cwb according to the Kӧeppen classification (Kottek et al.,  

2006). The parent material for the soi ls  in this area is predominantly 

migmatite (Benites et al., 2005). At this site, we dug a pit to collect soil 
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samples at the 0-20 cm depth, upper section of the ±1 m deep A horizon. 

After col lect ion, the soil samples were placed in plast ic bags and 

immediately transported to the laboratory for further processing. The 

soil material was air-dried and sieved through a 2 -mm mesh sieve to 

obtain the fine earth fraction. Part of the fine earth fraction was used for 

physical and chemical characterization, including texture, nutrient 

content and mineralogical analysis.  

The physical separation of the sand, si lt and clay-sized fractions 

began with chemical dispersion of 10 g of the f ine earth fract ion into 40 

mL of sodium hydroxide 0.05 mol L-1. After 16 hours under continuous 

stirring, the sample was centrifuged at 2000 rpm and washed with 

deionized water. Afterwards, the sample was treated with 25 mL of 

NaOCl 6% (v/v) and heated up to 75-80 °C for 15 minutes in a water 

bath to oxidize organic matter as recommended by Mikutta et al. (2005). 

After organic matter removal , the sand was separated through wet -

sieving using a 53-µ m mesh sieve. The remaining silt and clay-sized 

fractions were separated through sedimentation by applying the Stoke’s 

Law. These fractions were dried at 72 °C during a week, weighted and 

used for subsequent mineralogical characterization. Physical properties 

of the soil are given in Table 1 . 



77 
 

Table 1. Site location and some physical and chemical propert ies of the selected Oxisol. 
Site location and alt i tude Araponga, Minas Gerais, Brazil . Coordinates: 20°39' S; 42°29' W, and 

alt itude 1265 m asl  
Sand content and mineralogy 246.4 g kg-1 soil, mineralogy: quartz  
Silt content and mineralogy 205.8 g kg-1 soil , mineralogy: kaolinite, gibbsite, goethite, anatase, 

quartz, i lmenite 
Clay content and mineralogy 547.4 g kg-1 soil, mineralogy: kaolinite, gibbsite, goethite, anatase  
FeAO  12 g kg-1 clay 
FeDC 74 g kg-1 clay; FeAO/FeDC=0.16 g g-1 
Al AO  25 g kg-1 clay 
Al DC 28 g kg-1 clay; AlAO/Al DC=0.89 g g-1 
Gibbsite¶ 201 g kg-1 clay 
Kaolinite¶ 449 g kg-1 clay 
Gibbsite dehydroxylation†  250-300 °C  
Goethite dehydroxylation† #  300-400 °C  
Kaolinite dehydroxylation†  400-600 °C  
Organic carbon content  111 g kg-1 of si lt+clay (fraction <53 µ m)  
Organic nitrogen content  7 g kg-1 of si lt+clay (fract ion <53 µ m)  
C:N ratio 15:1 
pH(H2O) 4.5 
Ca2+, cmolc dm-3 soil  0.1 
Mg2+, cmolc dm-3 soi l  0.05 
Al 3+, cmolc dm-3 soil  1.0 
P, mg dm-3 3.1 
K, mg dm-3 14.0 
¶Estimated based on thermogravimetry; †Karathanasis and Harris (1994). According to these authors, gibbsite and 
short-range order Al -(hydr)oxides should undergo dehydroxylation at the same temperature range; #According to 
Schwertmann (1984), low-crystall ine goethites might suffer dehydroxylation at temperatures below 300 °C.  
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Soil chemical characterization consisted on determining pH in water 

(10 cm3 soil into 25 mL of deionized water) using a pH meter (Prolab -

PHB 500). Exchangeable Ca and Mg were extracted using KCl 1 mol L-1 

(10 cm3 soil into 100 mL solution), and their concentrations were 

determined by atomic absorption spectrometry in a Varian Spectra AA 

(model 220F). The same KCl extract also was used to quanti fy 

exchangeable Al, which concentrat ion was determined by the t itration 

method, using NaOH 0.025 mol L-1. P and K availabil i ty was assessed by 

using the double acid extractant Mehlich-1 (HCl + H2SO4), by mixing 10 

cm3 of soil with 50 mL of the extractant . 

3.2. XRD analysis 

XRD analyses (non-oriented samples) were conducted using Co-Ka 

radiation (λ = 0.178896 nm) at 30 mA and 40 kV from a Rigaku D -MAX 

vertical goniometer equipped with a graphite monochromator. XRD 

patterns were obtained between 4 and 60° 2θ in 0. 02° steps at a scan rate 

of 10° 2θ/min for accurate measurements of d-spacing and l ine 

broadening determinations.  

3.3. Selective dissolution of Fe-(hydr)oxides 

Clay samples were submitted to selective dissolution of both short -

range order (poorly crystall ine) and well  crystall ine Fe-(hydr)oxides by 

respectively treating the samples with ammonium oxalate (AO) and 

dithionite-citrate-bicarbonate (DCB) (Mehra, 1958). In both extractions, 

the amount of Fe and Al released was determined. After the dissolution 

step, the amounts of Fe and Al extracted by AO and DCB were 

quanti fied using an atomic absorption spectrometer (Varian Spectra AA, 
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220FS). The total content of Al and Fe extracted by both AO and DCB is 

given in Table 1.  

3.4. Soil  organic matter fractionation  

We weighted 10 grams of the fine earth fraction in centri fuge tubes 

and suspended the material into 30 mL of sodium hexametaphosphate 5 g 

L -1, according to (Cambardella and El l iott, 1992) . After dispersion, the 

samples were wet-sieved through a 53 µ m mesh screen to separate 

particulate organic matter and sand ( fraction >53 µm) from the clay and 

silt with its associated organic matter as well  (fraction <53 µ m). The C 

and N content within the fraction <53 µ m was determined by dry 

combustion using an Element Analyzer CHNS/O, Perkin Elmer, 2400. 

The fract ion <53 µ m was used in subsequent steps to evaluate the 

composition of mineral-organic associations by applying elemental 

imaging and thermal analyses.  

3.5. Elemental imaging: Scanning Transmission Electron 

Microscopy (STEM) and Energy Dispersive X -ray Spectroscopy 

(EDS) 

For the elemental imaging, we prepared a suspension by we ighting 1 

mg of the fraction <53 µ m into a microcentrifuge tube (2 mL total 

capacity) and adding 1 mL of ultrapure water. Aliquots of 1 µ L were 

taken from the suspension and deposited onto a clean Au -coated Si-wafer 

(Sigma Aldrich, St. Louis, MI- USA) and air dried.  

The first stage of the elemental imaging was performed in a 

scanning electron microscope (SEM) FEI Quanta 200 at environmental 
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mode (30 Torr). In order to avoid sample charging, an accelerating 

voltage of 10 kV was applied. This procedure was used to locate C-rich 

areas (C-hotspots) within the probed mineral -organic associations. See 

Fig. S1 on support information for further details  for sample preparation 

steps. After locating the C-hotspots, these areas were further protected 

with an additional  (ca. 50-nm) Au-sputtering using a metal sputter 

(EMS150). The additional sputtering was required to reduce charging 

and to preserve the physical and chemical composition of the region s of 

interest (ROI’s). This procedure was necessary because we used a 

Focused Ion Beam (FIB) to obtain a thin section (ca. 100 nm thick) 

across the ROI using a FEI Nova Nanolab 600. This sectioned area was 

used in the transmission electron microscopy analyses. The same 

procedure has been described elsewhere (Archanjo et al., 2015; Jorio et 

al. , 2012). For further details  on sample preparation steps, the reader is 

redirected to the Fig. S2 and S3 on support information.  

Scanning transmission electron microscopy (STEM) and energy 

dispersive X-ray spectroscopy (EDS) microscopy were performed on a 

Cs-corrected FEI Titan 80/300 transmission electron microscope, 

equipped with an EDAX analyzer. The elemental mappings were 

obtained by integrating characteristic X-ray signals during a drift -

corrected STEM spectrum imaging experiment, and STEM images were 

acquired using a high-angle annular dark-field (HAADF) detector. These 

analyses allowed the characterizat ion of the morphology of the mineral -

organic associat ions and SOM spatial distribut ion at the nanoscale level 

(i.e. mapping C, O, Fe, Al, and Si spatial distr ibution). Imaging analyses 

and processing were performed using the TIA software.  
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3.6. Thermal analyses 

We used the finely powdered mineral -organic fraction (<53 µ m) to 

evaluate mineral dehydroxylation, organic matter oxidation and XRD 

patterns. These measurements were conducted at the XPD beamline of 

the Brazil ian Synchrotron Light Laboratory, in Campinas, SP. The 

experiment consisted on heating the sample (100 mg of the <53 µ m 

fraction) from room temperature (25 °C) up to 700 °C. The reactions 

occurred under a controlled oxidizing atmosphere (80% He/20% O2) with 

total gas flux f ixed at 150 mL min-1. The data collection for the gases 

evolved from the sample as it was heated was continuous, even during 

the period in which the temperature was kept fixed for XRD patter 

measurements. The gases evolved from the sample under heating were 

detected by mass spectrometry using a Pfeiffer Vacuum ThermoStar GSD 

T series 1-300 atomic mass units  (Wetzlar, Hesse, Germany). We 

collected data for H2O-derived ions (m/z 17 and 18) and SOM-derived 

ions (m/z 12, 28, 44), al though the complete oxidation of organic phase 

also should also release H2O-derived ions. We selected these ions 

because they should allow us making inference about the temperature 

range at which SOM undergo oxidation and relate it  to minerals 

dehydroxylation.  

We performed XRD measurements at 17, 105, 300, 400, 600 and 700 

°C and an additional spectrum was collected after the sample ha d been 

cooled down (from 700 to 25 °C). The time required for collecting each 

of the XRD spectrum varied between 18 and 20 minutes. For this reason, 

during the XRD measurements, the temperature was held constant.  The 

XRD patterns were collected at 7000 eV (λ=0.17714 nm) for the interval 
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between 10 and 60 °2θ and steps of 0.005° using a Dectris Mythen 1K 

detector (Baden, Switzerland).  

4. Results 

4.1. Elemental imaging of the mineral -organic associations 

The morphology and elemental composit ion of the mineral-organic 

associations were very heterogeneous.  As depicted in Fig. 1, the spatial 

distr ibut ion of C was more related to O, Fe, and Al than with Si in the 

selected ROI probed by the STEM imaging. SOM in this selected ROI is 

apparently located around an Al -/Fe-(hydr)oxides individual part icle or 

coating a microaggregate approximately <200 µ m-size. As such, the 

concentration of C seems higher on the outside region than in the central 

area, where the concentration of Fe and Al  is higher (Fig. 1). 

Furthermore, there is no overlapping between areas with high Al and Si 

concentration, indicating the absence of kaolinite in this selected ROI. In 

a second ROI probed, we observed some overlapping of Al, Si and Fe, 

indicating the presence of kaolinite and Fe-(hydr)oxides, probably 

occurring as a coating on the phyl losi l icate (see Fig. S4 on support 

information).  

In both probed ROI’s (Fig . 1 and Fig. S4), there was no overlapping 

between the distribution of Pt, Ga or with C. This is important because 

Pt and Ga were introduced during the sputtering used to protect the 

ROI’s prior to the elemental mapping (see support information Fig . S2 

and S3). Since the distr ibut ion of these elements was not overlapping 

with C, Si, Al and Fe (Fig. S4), we are confident that the probed ROI’s 

were preserved by the sputtering and the images in Fig. 1 and Fig. S4, in 
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fact represent the heterogeneity of mineral -organic associat ions in the 

sample. 

 

Figure 1. Chemical heterogeneity of mineral -organic associations 
(silt+clay and its associated SOM) in the selected Oxisols, a) STEM-
HAADF image and the inset shows the EDS spectrum of the analyzed 
area (scale bar 100 nm), b) EDS elemental maps for C, O, Fe, Al, Si and 
Ti (scale bar 200 nm). The presence of Ga, Pt (from sample pr eparation 
protection layer) and Cu (from TEM grid) in the spectrum is due to 
secondary effects and had no influence in the elemental maps.  

 

In both probed ROI’s (Fig . 1 and Fig. S4), there was no overlapping 

between the distribution of Pt, Ga or with C. This is important because 

Pt and Ga were introduced during the sputtering used to protect the 

ROI’s prior to the elemental mapping (see support information Fig . S2 

and S3). Since the distr ibut ion of these elements was not overlapping 

with C, Si, Al and Fe (Fig. S4),  we are confident that  the probed ROI’s 

were preserved by the sputtering and the images in Fig. 1 and Fig. S4, in 

fact represent the heterogeneity of mineral -organic associat ions in the 

sample. 

4.2. Mineral dehydroxylation and SOM oxidation  

Throughout the thermal experiment, we observed good correlation 
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between the temperature range at which dehydration and mineral 

dehydroxylation led to the release of H2O-derived ions from the sample 

(m/z 17 and 18) (Fig. 2). Thus, the readings for these ions presented a 

first peak at 70-80 °C, which was probably due to dehydration of the 

sample (i.e. loss of hygroscopic H2O). With increasing temperatures, the 

readings for the ion m/z 18 led to strong peaks at 239, 383 and  584 °C 

that were well within the temperature range at which gibbsite, goethite 

and kaolinite would undergo dehydroxylation, respectively. At 

temperatures above 600 °C also occurred peaks for the ions m/z 17 and 

18, which could not be attributed to any of the minerals present in the 

sample. Therefore, it is l ikely that these peaks might have been due to 

H2O released by complete oxidation of SOM at temperatures above 600 

C (Fig. 2).  

The oxidation of SOM under our experimental condit ions led to the 

release of ions such as C, CO and CO2 (m/z 12, 28 and 44, respectively). 

We could not detect the ion with m/z 30 (NO) and for this reason, we 

assigned the ion with m/z 44 as CO2 only. However, based on the m/z 

only is not possible to totally exclude the occurrence of N2O (m/z 44) in 

the evolved gas detected. Overall , the oxidation pattern of SOM at 

temperatures between 200 and 400 °C led to two intense peaks of CO2 at 

234 and 353 °C. Therefore, the f irst peak occurred well  within the 

temperature range in which gibbs ite and/or short-range order Al-

(hydroxides) minerals suffered dehydroxylation (200-300 °C) 

(Karathanasis and Harris, 1994). Similarly, the second peak of CO2 

overlapped with the temperature range (300 and 400 °C), where goethite 

suffers dehydroxylat ion (Karathanasis and Harris, 1994) . Interestingly,  
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while the first CO2 peak at 234 °C presented very good overlapping with 

H2O release, the increase in readings for the ion m/z 18 was considerably 

smaller for the second peak of CO2 at 353 °C (Fig. 2). Both peaks of CO2 

(at 234 and 353 °C) presented very similar shape, although the second 

one reached a sl ight ly lower maximum intensity. The shape of the CO2 

peaks at temperatures below 400 °C suggests that SOM oxidation 

proceeded at high rates, and both peaks presented relatively small width. 

As such, these peaks reached their maximum intensities approximately 

15 minutes after the CO2 readings started to increase for the f irst , and 10 

minutes for the second peak (Fig . 2).  

The H2O peak observed at 383 °C was significantly different with 

respect to the shape and intensity of the first H2O peak at 239 °C, which 

presented higher maximum intensity.  Thus, as goethite underwent 

dehydroxylation, a lower amount of H2O was released from the sample as 

compared to gibbsite. Indeed, the total mass loss of goethite due to 

dehydroxylation should be approximately 10-11% of its total mass, while 

for gibbsite it would be at least three times higher (Karathanasis and 

Harris, 1994). After reaching its highest intensity at 383 °C, the H2O ion 

intensity remained quite stable as the temperature was kept constant at 

400 °C. This was in sharp contrast with the first H2O peak observed at 

239 °C, for which the ion intensity was significantly reduced even with 

constant increment in temperature from 239 up to 300 °C (Fig. 2).  



86 
 

 

Figure 2. Evolved gases from mineral -organic associations (silt+clay 
and its associated SOM) as function of temperature and duration of the 
thermal treatment. The gases released from the sample detected by means 
of mass spectrometry. Minerals dehydroxylation released water, which 
main ions presented m/z 17 and 18 (OH, and H2O, respectively), and 
SOM-derived ions presented m/z 12, 28 and 44 (attributed to C, CO and 
CO2, respectively). The temperature increment was interrupted  at 105, 
300, 400, 600, and 700 °C in order to collect the X-ray diffraction 
pattern of the mineral within the sample. The heating flow rates applied 
were: 4.4, 6.5, 5.3, 7.4, 5.5 °C min-1 as the temperature varied from 17-
105, 105-300, 300-400, 400-600 and 600-700 °C, respectively.  

 

At temperatures between 400 and 600 °C, there was a significant 

dip on the intensity of the CO2 ions (m/z 12, 28 and 44, Fig. 2). Thus, at 

this temperature range, there was l itt le (i f any) oxidation of SOM 

components in the sample. On the other hand, the intensity of the ions 

with m/z 17 and 18 increased steadily and reached a third peak at 584 

°C. This H2O peak is consistent with the temperature range at which 

kaolinite should undergo dehydroxylation (400 -600 °C). Although 

kaolinite would lose only 14% of its mass due to dehydroxylation, this 
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mineral was the most abundant component in the sample, accounting for 

at least 45% of the the clay fraction. In addition, since SOM was not 

oxidized between 400-600 °C (the CO2 readings remained quite low), the 

most l ikely source of the H2O ions was indeed kaolinite. As the 

temperature was kept constant at 600 °C, the intensity of the ions with 

m/z 17 and 18 decreased steadily. At both temperature ranges, 400 -600 

°C and 600-700 °C, the maximum intensities of the H2O ions for both 

intervals were very similar.  

When the sample was heated from 600 up to 700 °C, the CO2 ion 

intensity increased significantly as compared to the interval between 400 

to 600 °C. Importantly, the shape of the CO2 peaks at 234 and 353 °C 

were very different from the peak observed between 600 and 700 °C. As 

compared to the first two, the third peak of CO2 presented a lower 

absolute intensity and was significantly wider. In addition, the intensity 

of this peak remained stable despite the temperature being fixed at 700 

°C (Fig. 2). Based on the shape of the CO2 peaks it seems that the 

reactions leading to SOM oxidation at this later stage of the thermal 

treatment occurred at slower rates as compared to those below 400 °C.  

4.3. Synchrotron-based XRD patterns 

Simultaneously to the thermal decomposition experiment, we also 

monitored the changes in the mineralogy of the sample using 

synchrotron-based XRD patterns (Fig. 3). The H2O released from the 

sample with a strong peak at  239 °C was probably derived from gibbsite  

dehydroxylation. According to the XRD data, at 25 and 105 °C the main 

reflections of gibbsite, the planes 002 and 110 (d=0.484 and 0.437 nm, 
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respectively) were detected. Indeed, these major peaks of gibbsite were 

no longer present in the spectra as the temperature reached 300 °C (Fig. 

3).  

 

Figure 3. Synchrotron-based XRD patterns for the mineral -organic 
associations at 25, 105, 300, 400, 600 and 700 °C (non -oriented sample). 
The spectra were col lected at 7000 eV and the minerals identi fied within 
the mineral -organic associations at 105 °C were: kaolinite (kt), gibbsite 
(gb), quartz (qz), goethite (gt), anatase (an), and i lmenite ( i l ). Hematite 
(H) peaks are indicated at 600 and 700 °C.  

 

For goethite, the most intense peaks were due its 101 and 111 

planes (d=0.416 and 0.245 nm, respectively), which were present at 25 

and 105 °C, but no longer appeared at 300 °C. Additional ly, the peak 

derived from its 301 plane (d=0.267 nm), had a low resolution even at 25 

or 105 °C, and for this reason the presence of goethite at 300 -400 °C 

cannot be ruled out. Based on the low resolution of this peak, the 

presence of hematite also cannot be ruled out within the original sample. 
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However, as goethite underwent dehydroxylation, it was  probably 

converted into hematite or proto-hematite (Gualtieri  and Venturell i , 

1999). Despite the low resolution, hematite is present at 700 °C as 

inferred from the peak of its plane 012 (d=371 nm). In addition, the 

planes 104 and 113, (d=0.272 and 0.220 nm, respectively), also were 

detected at 600 °C (Fig. 3).  

The XRD patterns also demonstrates that kaolinite is the only 

phyllosil icate present in our sample, with characteristic peaks from its 

001 and 002 planes (d=0.721 and 0.359 nm, respectively). These peaks 

were present within the sample unti l the temperature  reached 400 °C. As 

kaolinite underwent dehydroxylation between 400 and 600 °C, the 

aforementioned peaks no longer appeared in the spectrum collected at 

600 °C (Fig. 3). 

5. Discussion 

5.1. Spatial heterogeneity of mineral -organic associations 

Based on the elemental STEM mapping, the spatial distr ibut ion of 

SOM was closely related to Al -/Fe-(hydr)oxides, as inferred from Si and 

C distribution, Fig. 1. Such elemental distribution, suggests the presence 

of an organic layer coating the mineral part icle, consist ent with 

micromorphological observations of humic Oxisols from Brazil  

(Schaefer, 2001). Additionally, the spatial correlation between Al and Fe 

suggests these elements are combined to form a single mineral  (such as 

an Al-substituted goethite)  or that Al-/Fe-(hydr)oxides are 

predominantly combined into microagregates (Schaefer et al. , 2008). 

Because our sample was dispersed prior to the imaging, the remaining 
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microaggregate was <200 µ m (Fig. 1), but could have been par t of a 

large structures as commonly observed in Oxisols (Muggler et al. , 1999). 

In addition, the spatial correlation between SOM and Al -/Fe-hydroxides 

is also in l ine with previous research on the mechanisms by which these 

minerals should interact with SOM, i.e l igand exchange, coprecipitati on 

and H-bonds (Keil and Mayer, 2014; Kleber et al. , 2015; Lutzow et al. , 

2006). 

Despite SOM being clearly part of an association with Al -/Fe-

(hydr)oxides, the organic fi lm enveloping the mineral particle is 

apparently thick (Fig. 1, Fig. S4). The first mechanism that would 

account for such pattern would be the occurrence of SOM as coatings or 

occluded in the pore-space area of microaggregates (Chenu and Plante, 

2006; Remusat et al. , 2012; Wan et al., 2007) . Both mechanisms, either 

the coatings or the occlusion of SOM could be important for the 

persistence of C in Oxisols, given their strong mi croaggregation 

(Muggler et al., 1999; Schaefer et al., 2004) . Another mechanism leading 

to the formation of thick fi lms of SOM would be due to the capacity of  

organic molecules to self -assemble to form micelle-l ike structures and/or 

forming a zonal structure, with successive layers of organic compounds  

(Kleber et al., 2007). According to the self -assembly concept, the 

mineral matrix would directly retain organic molecules by forming 

l igand exchange complexes at the mineral-organic matter interface 

(Kleber et al., 2007). Subsequently, the adsorbed organic layer i tself 

would be able interact with further organic materi als through H-bonds 

and/or hydrophobic interact ions (Lutzow et al. , 2006). As extensively 

reviewed by these authors, some hydrophobic domains might favor the 
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persistence of SOM by preventing its hydration and the access of 

degrading enzymes. Therefore, the combination of direct attachment to  

the mineral matrix and hydrophobic interactions among organic moieties 

would allow the occurrence of such thick fi lms of organic materials as 

shown in Fig. 1 and in supporting information Fig S4.  

5.2. Reactions within the mineral -organic associations under 

heat f low 

The most important aspect of our data is that we observed very good 

overlapping between the temperature range at which Al -/Fe-(hydr)oxides 

suffered dehydroxylation and intense oxidation of SOM (Fig. 2). Such 

overlapping between these reactions probably occurs because of 

interact ions among these components as previously demonstrated in Fig. 

1. Such inference is consistent with the fact that hydroxyl groups on Al -

/Fe-(hydr)oxides surfaces are key components for the adsorption of 

organic compounds in soils (Kleber et al.,  2015) . Thus, the 

dehydroxylation of Al -/Fe-(hydr)oxides would release hydroxyl groups 

at which polar organic compounds had been attached to. This is based on 

the fact that the polarity and the abil i ty of organic compounds to interact 

with reactive mineral surfaces increases with their molecular oxygen 

content (Keil and Mayer, 2014). For example, oxygen-rich groups such 

as –COOH would preferentially interact with mineral surfaces by l igand 

exchange and/or H-bonds (Heckman et al., 2013). Therefore, the thermal 

analysis indicates that associations between SOM and Al -/Fe-

(hydr)oxides seem to account for a significant fract ion of mineral -

organic associations in humic Oxisols.  
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Based on the thermal reactions within the sample at 234 ºC, there 

was a proportional release of water and CO2, as the Al-species 

underwent dehydroxylation (Fig. 2). Therefore, as the gibbsite and/or 

short range order Al species suffered dehydroxylation, the sample 

probably released a proportional amount of CO2 and H2O. Conversely, 

during goethite dehydroxylation there was a higher amount of CO2 (with 

a strong peak at 353 ºC) as compared to H2O. Thus, despite being present 

at lower concentrations than gibbsite, goethite was probably able to 

interact with a signif icant amount of SOM. Otherwise, it is possible that 

the dehydroxylation of goethite also occurred at t emperatures below 300 

°C. This is because low crystall ine goethites should suffer 

dehydroxylation at temperatures below 300 °C (260 -290), while high 

crystall ine types would have been dehydroxylated at temperatures above 

300 °C (Schwertmann, 1985, 1984) . Irrespective of some overlapping in 

terms of the temperature range at which gibbsite and goethite underwent 

dehydroxylation, our data demonstrates clearly that the thermal 

treatment leading to alterations on the mineral surfaces were almost 

simultaneous to strong oxidation of SOM at temperatures between 200 

and 400 °C (Fig. 2).  

As SOM interacts with minerals, it should presumably become more 

resistant against thermal decomposition (Schulten and Leinweber, 1999). 

Experiments testing this hypothesis, however, have indicated a much 

more complicated figure due to the influence of specific properties of 

SOM components on its thermal oxidation (Feng et al., 2015, 2014; 

Heckman et al.,  2011; Johnson et al., 2015) . As such, while the 

“thermally labile” fraction would be oxidized at temperatures below 500 
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°C, mineral-associated molecules would be included into a “thermally 

refractory” pool of SOM, which would only suffer oxidation at 

temperatures above 600 °C (Johnson et al. , 2015). Indeed, Heckman et 

al. (2011) reported higher amount of heat needed to oxidize organic 

matter bound to goethite as compared to the isolated organic fraction 

submitted to the same thermal treatment. Conversely, Feng et al. (2015) 

observed that isolated organic matter undergoing thermal treatment was 

oxidized at higher temperatures than when it was was adsorbed to 

goethite. Similar result were obtained in a previous study in which the 

increasing C loading, that is, the mass of organic matter per unit of 

mineral surface area, was not followed by higher sensitivity to thermal 

treatments (Feng et al. , 2014). According to Feng et al. (2015), intrinsic 

properties of SOM components and/or their capacity to self-assemble, 

seem to be an important regulator of its thermal resistance, irrespective 

of i ts associat ion with minerals. Therefore, despite the inherent 

difficult ies for comparing the results of thermal oxidation of SOM 

performed under different conditions (Plante et al., 2009), the 

application of such treatments can be important to evaluate the behavior 

and the composition of mineral -organic associations (Feng et al . , 2015; 

Fernández et al. ,  2012; Lopez-Capel et al., 2006). However, 

extrapolating such data to infer the resistance of SOM against 

decomposit ion in natural soils should be of less interest.  

5.3. Inferring the formation of mineral -organic associations in 

humic Oxisols 

Based on our results, we infer that the presence of hydroxyl groups 

on mineral surfaces play an important role on the formation of mineral -
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organic associations in humic Oxisols. However, the physicochemical 

properties of the mineral phase at which these groups are attached to, 

seem more important than the presence of hydroxyl groups  itself (Kleber 

et al.,  2015). As such, despite the predominance of kaolinite , which also 

has structural hydroxyls groups, the reactivity of these components 

towards SOM is probably much smaller than those on Al -/Fe-

(hydr)oxides surfaces. According to our elemental mapping and the 

thermal analysis, we suggest that oxygen -rich (polar functional groups) 

form preferential associations with hydroxyl groups on Al -/Fe-

(hydr)oxides surfaces through mechanisms such as l igand exchange 

and/or H-bonding. Addit ionally, short -range order Al -/ Fe-(hydr)oxides 

could coprecipitate SOM, particularly in acidic soils (Kleber et al., 

2015). Given their intimate associations, we infer that a significant 

fraction of SOM is oxidized at the same temperature range at which the 

(hydr)oxides underwent dehydroxylation in our thermal experiment (Fig. 

2).  

In contrast, we propose that predominantly nonpolar organic 

molecules should have been oxidized at higher temperatures and/or 

decoupled from mineral dehydroxylation.  Therefore, we suggest that 

most of the CO2 released above 600 °C in our study may have been 

derived predominantly from organic compounds with lower content of 

oxygen (i.e. nonpolar organic materials). Possible components of SOM to 

be included in this category would be l ipids, l ignin and aromatic proteins 

(Masoom et al., 2016). Since organic compounds with low polari ty would 

be preferentially self -assembled through hydrophobic interactions (Keil 

and Mayer, 2014; Kleber et al. , 2007; Lutzow et al., 2006) , these 
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components would be less sensitive to mineral  dehydroxylation. In  

addition, hydrophobic interactions seem to contribute to increase the 

resistance of SOM against thermal oxidation (Feng et al. , 2015, 2014). 

Possibly, long-chain molecules (e.g., l ipids) would lose their functional 

groups containing oxygen atoms at lower temperatures (below 400 °C). 

Otherwise, the remaining long C chains, polycondensed materials and/or 

aromatic rings structures (Kiersch et al. , 2012a, 2012b)  would require 

higher temperatures to be fragmented and thus, react with oxygen  to 

form CO2.  

Despite our study being restricted to a single soil, the mineralogy  of 

Oxisols is relatively uniform even in large areas such as the Brazil ian 

territory (Schaefer et al., 2008). Therefore, the mechanisms described 

here could be common to many tropical soils, rather than a specific 

feature of humic Oxisols. Although humic Oxisols not presenting 

widespread occurrence in tropical regions, these soils retains large 

amounts of SOM (Andrade et al. , 2004) . However, further studies are 

warranted to include Oxisols with contrasting mineralogy and SOM 

content, across different biomes from tropical regions. A comprehensive 

evaluation of mineral -organic associations, including their formation and 

persistence, is very important given the predominance of Oxisols in 

tropical regions and the contribut ions of these areas for the global SOC 

stock. 

6. Conclusions 

Based on our results, we conclude that:  
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1. In humic Oxisols, SOM is preferentially associated with Al -

/Fe-(hydr)oxides, despite the overall predominance of kaolinite in the 

fraction <53 µ m. 

2. We infer that polar organic compounds are preferentially 

associated to hydroxyls groups on Al -/Fe-(hydr)oxides surfaces, and 

therefore, their dehydroxylation overlap with SOM oxidation.  

3. The fraction of SOM oxidized at higher temperatures was 

decoupled from mineral dehydroxylation, either from (hyd r)oxides or 

kaolinite.  

4. The advanced degree of microaggregate formation in deeply 

developed Oxisols, and increasing content of gibbsite and Fe -

(hydr)oxides probably help to protect SOM both chemically and 

physically against mineralization.  
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APENDIX (Chapter three) 

Support Information 

Al -/Fe-(hydr)oxides–organic matter associations in a Brazil ian 

Oxisol as revealed by elemental mapping and thermal analysis  

1 - C-hotspot localization 

The soil suspension, as previously described in the main text was 

dispersed onto the substrate , an Au-coated Si-wafer(Sigma-Aldrich). The 

hotspot localization was done following the EDS mapping of C, Al and 

O-rich phases, as shown in Fig. S1 a-c. The co-local ized SEM and 

optical images (in bright and dark field) are shown in Fig S1d -f, 

respectively.   

 

Figure S1: Hotspot localization based on EDs mapping (a -c). Correlative 
images of hotspot using SEM (d) and optical microscopy (e and f).  
 

2 - Sample preparation for transmission electron microscopy 

(TEM)  
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The samples evaluated in this work were prepared following the 

l ift -out method using a dual-beam microscope FEI Nova NanoLab 600. 

Firstly, a hotspot was localized (Fig. S2a and b) and an in -situ platinum 

deposition was performed in order to protect the sample from ion damage 

in the fol lowing steps. The ini t ial protect ion layer ( 100 nm) deposition 

was performed using the electron beam at 2 keV and 0.84 nA. 

Afterwards, the gall ium ion beam was used a t 30 keV and 0.3 nA to 

deposit  a Pt layer having 2 m thickness (Fig. S2c).  

In order to mil l the trenches, on both sides of the lamella (Fig. S2d 

and e), the gall ium ion beam was used at 30 keV and 7 nA. The l amella 

was in-situ l i fted-out and transferred to a TEM copper grid and attached 

via platinum deposit ion induced by ion beam (Fig. S2f and g). The ion 

beam was used at 30 keV and the ion current was reduced from 1 nA 

down to 0.1 nA as the lamella thickness was reduced from 2 m down to 

100 nm, respect ively.  

 

Figure S2. Images showing the sequence of the TEM hotspot sample 
preparation.  
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To conclude the hotspot sample preparation, the lamella was 

cleaned and polished using a low ion energy beam at 5 keV and 29 pA, 

with the advantage of minimizing ion beam damage.  

In an intermediate TEM lamella preparation step, we have analyzed 

the sample cross section taking a EDS mapping, as can be observed in 

Fig. S3a and S3b. The EDS spectrum (Fig. 3c) shows the chemical 

elements presents in the investigated area.  

 

 

Figure S3. a) SEM image of lamella cross-section using SE detector, b) 
EDX mapping and c) EDX spectrum.  

 

3- STEM-EDS analyses of a second region of interest (ROI) 

i l lustrating mineral -organic associations in the humic Oxisol 

Complementary to Fig. 1 in the main text . In the second ROI 

analyzed, the mineral organic -associations depicted in the Fig. S4, the 

organic matter also seems localized around an Al -/Fe-(hydr)oxide 

particle. Based on the distribution of C, Al, Fe and Si, the organic matter 

occurs as a coating on the Al -/Fe-(hydr)oxides, which are l ikely 

adsorbed onto a kaol inite particle.  
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Figure S4. Chemical heterogeneity of  mineral-organic association (silt+ 
clay and its associated SOM) within the region of interest (ROI) inside 
the dashed white square in (a) STEM-HAADF image. (b) EDS spectrum 
of ROI. Elemental mapping (c) shows the presented of C, O, Fe, Si, Ti 
and Al. Pt and Ga presence are due to the FIB sample preparation and Cu 
due to TEM grid. The scale bar shown in (a) and (b) represent 200 nm.  

 

We infer the zonal distr ibut ion of organic matter with respect to 

the minerals because the distribution of C is relatively fa r away from the 

C-rich area. In contrast to Si, Fe and Al are relatively closer to the C 

rich region. The relative good overlap between Al and Si concentration 

within the selected ROI corroborates the hypothesis that a kaol inite 

particle is present in this  selected ROI, which was not observed in the 

Fig. 1 in the main text.  

General conclusions 

1.  Soil texture (i.e. the amount of the fraction <53 µ m) l imits the 

capacity for SOC sequestration.  
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2.  The amount of the <53 µ m is directly associated with C-saturation 

behavior.  

3.  With increasing content of the fraction <53 µ m there is an 

increment in the physical protection of SOC.  

4.  Al -/Fe-(hydr)oxides are the main components within the mineral 

matrix involved on the formation and the persistence of mineral -

organic associations in Oxisols.  

5.  The dehydroxylat ion of Al -/Fe-(hydr)oxides due to thermal 

treatments, is followed by a  release and oxidation of SOC in 

Oxisols. 


